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Th is book provides an overview of the studies of the ozone layer carried out by a team 
of scientists from the Taras Shevchenko National University of Kyiv, Ukraine, and 
the Main Astronomical Observatory of the National Academy of Sciences of Ukraine 
with international cooperation. It contains the results of 25-year investigations since 
1996, when the Antarctic base Faraday, located on Galindez Island and operated and 
maintained by the British Antarctic Survey (BAS) from 1947, was transferred to Ukraine. 
One of the authors served as Base Commander and geophysicist and “ozone-man” during 
the fi rst Ukrainian winter and raised the fl ag of Ukraine over the station. Th e station 
was renamed aft er Volodymyr Vernadsky, who was the fi rst President of the Academy of 
Sciences of Ukraine in 1918. By 2022, ozone measurements at the Akademik Vernadsky 
station (hereinaft er “the Vernadsky station”) over the Antarctic Peninsula are supported 
with the participation of University scientists for a quarter of the century.

Historically, ozone observations in Ukraine were made in the 1970—1990s using 
fi lter M-124 ozonometers. Observational data were archived in the World Ozone and 
Ultraviolet Radiation Data Centre (WOUDC). In 2010, a Dobson spectrophotometer 
D040 was transferred as a gift  from the Royal Meteorological Institute of Belgium to the 
Taras Shevchenko National University of Kyiv. It was installed in the Main Astronomical 
Observatory of the National Academy of Sciences of Ukraine. A new observational site 
has been established and registered in WOUDC as Kyiv-Goloseyev STN498 station. Th e 
station is included in the Global Atmosphere Watch Program of the World Meteorological 
Organization with ID as GAW ‘KGV’ and is a regional GAW station in the World 
Meteorological Organization (WMO) Region VI (Europe).

Th e combined Faraday-Vernadsky ozone time series recorded with the Dobson 
spectrophotometer has covered the last seven decades. Th ese data and the measurements 
at the Kyiv-Goloseyev station have served as sources for assessing the decadal ozone 
trends and consistency with the satellite data (Chapter 1) and studying an annual cycle 
in the Northern Hemisphere (NH) mid-latitude ozone and its relation to the stationary 
wave structure (Chapter 2). Th e ongoing Dobson ozone measurements in Antarctica and 
in Ukraine allow a comprehensive analysis of the ozone hole behavior and other processes 
in the ozone layer performed in cooperation with scientists of the Australian Antarctic 
Division (AAD). Th e AAD has extensive research experience in Antarctica managing 
four permanent research stations in Antarctica and the sub-Antarctic (Mawson, Davis, 
Casey, and Macquarie Island). Th e joint study of the infl uence of large-scale planetary 
waves on the local ozone variability, zonal asymmetry of Antarctic ozone, and seasonal 
evolution of the ozone hole was very fruitful (Chapters 3 and 4). Attention was also paid 
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to the manifestations of tropical teleconnection (Chapter 5), early indicators to predict 
anomalous ozone hole weakening in the spring months (Chapter 6), and to the infl uence 
of solar activity on regional and global ozone (Chapter 7). 

Th e ozone layer behavior is a global concern of the world scientifi c community. Th e 
dramatic depletion of stratospheric ozone over Antarctica in the 1980s and fi rst half of 
the 1990s aff ected large-scale climate processes and provided a clear demonstration of the 
ability of society to detrimentally alter the global atmosphere. Th e fi rst signs of ozone layer 
recovery that appeared in the 2000s were due to the Montreal Protocol on Substances that 
Deplete the Ozone Layer (1987) adopted to reduce the concentration of ozone-depleting 
substances in the atmosphere and protect the ozone layer. Continuous daily ground-
based and satellite ozone measurements are essential for detecting and monitoring ozone 
recovery. Of critical importance is maintaining the ground-based measurement network 
to aid in the consistent transfer of calibration information across the evolving legacy of 
satellite missions. We hope that the two Dobson spectrophotometer stations in Ukraine, 
one at the Vernadsky station in Antarctica and the other — the Kyiv-Goloseyev station 
in Ukraine, in the northern mid-latitudes, will continue to provide an valuable ongoing 
service to the international community in ozone research. 

Th e authors thank the British Antarctic Survey for the brilliant station transferred 
to Ukraine. Our special great thanks to one of the discoverers of the ozone hole — 
meteorologist Jonathan D. Shanklin (BAS) who introduced our team to the “ozone world” 
and taught us how to operate with Dobson spectrophotometer at the Faraday station in 
1996. We also thank the Royal Meteorological Institute of Belgium which provided our 
team with the Dobson spectrophotometer D040. 

We also acknowledge Karel Vaníček and Martin Stanek from the Solar and Ozone 
Observatory (SOO) of the Czech Hydrometeorological Institute in Hradec Kralove, 
Czech Republic, and Ulf Köhler and his team from the German National Meteorological 
Service (DWD) of Meteorological Observatory at the Hohenpeißenberg Regional 
Dobson Calibration Centre RA VI for the great support in Dobson 040 intercalibration. 

Th is work would be impossible without the support of the Taras Shevchenko National 
University of Kyiv, the Main Astronomical Observatory of the National Academy 
of Sciences of Ukraine, the Australian Antarctic Division, and the National Antarctic 
Scientifi c Center of Ukraine.

We also thank Lon Hood from the University of Arizona, USA, and Costas Varotsos 
from the National and Kapodistrian University of Athens, Greece. Part of the research 
was carried out with a team from the International Center of Future Science at Jilin 
University of China in a fruitful collaboration.

PREFACE



13

C
H

A
PT

ER 11OZONE MEASUREMENTS 
IN THE NORTHERN HEMISPHERE 
MID-LATITUDES AND ANTARCTICA

1.1. Introduction

Ozone in the atmosphere is a minor constituent that is signifi cant due to 
absorption of solar ultraviolet (UV) radiation and almost opaque for light 
with wavelengths less than about 290 nm (Kerr, 2005; Rowland, 2006). Th e 
importance of ozone for biological life on the planet (Diff ey, 1991) brings much 
attention to spatial and temporal ozone variability. Th e molecule number of 
the specifi c constituent in the atmospheric column of unit cross-section, 
which is normal to the Earth’s surface, is known as the total column amount. 
Th e total amount of ozone in the vertical atmospheric column, or total ozone 
column (TOC), is expressed in Dobson Units (DU). DU is the thickness of 
the pure ozone layer at standard temperature and pressure conditions, 1 DU = 
= 10–5 m (or a 300 DU level is equivalent to a 3-mm layer) and is equal to 
2.687 · 1020 molecules m−2 (Komhyr and Evans, 2008).

Th e TOC level is measured by remote observations using radiation that pas-
ses through or scatters in the Earth’s atmosphere. Preferably, the sunlight inten-
sity with a wavelength longer than 300 nm is measured (Staehelin et al., 2003). 
In ground-based measurements, light transfer depends mainly on the absorp-
tion by ozone and aerosol and Rayleigh scattering. Th e ratio of the intensities 
for the two wavelengths can be determined much more accurately than the 
intensity itself. 

Th is causes the application of two-wave methods: the fi rst (second) wave-
length should be characterized by strong (weak) absorption by ozone (Dobson 
and Normand, 1962). A better result is provided by measurements with two 
pairs of wavelengths, as implemented in a Dobson spectrophotometer. Th e 
latter approach can minimize the aerosol infl uence.

Th e total ozone column is determined with ground-based (Basher, 1982; 
Varotsos and Cracknell, 1994a; Gushchin, 1995; Komhyr and Evans, 2008; 
Milinevsky et al., 2012, Redondas et al., 2014) and satellite (McPeters and Labow, 
1996; McPeters et al., 1998; Bhartia and Wellemeyer, 2002; Eskes, 2004; van der 
A et al., 2015) instruments. Special attention is paid to the mutual consistency 
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of the data and estimation of the correspondence between the TOC series of the 
diff erent origin (Fioletov et al., 1999, 2008; Lambert et al., 2000; Verhoelst et al., 
2015; Garane et al., 2019).

Th e ground-based network of ozone measurements includes mainly Dobson 
and Brewer spectrophotometers. Th e Global Atmosphere Watch (GAW) Prog-
ram me of the World Meteorological Organization (WMO) observation network 
uses these instruments deployed at about 200 ground-based TOC monitoring 
stations on all of the continents (Fioletov et al., 2008, Redondas et al., 2018; see 
also http://woudc.org/data/instruments/).

Th ese instruments isolate the desired range of wavelengths by the spectral 
decomposition of solar light. Th e advantages of this approach are a low variability 
of the instrument properties with time and the possibility of separation of 
the narrow spectral area of about 3—4 nm for Dobson spectrophotometers 
(Komhyr and Evans, 2008), which allows the calculation of the TOC with the 
monochromatic approximation, which greatly simplifi es the solution.

In addition to Dobson spectrophotometers and Brewer spectrometers, 
the global ozone network also includes fi lter ozonometers M-124 (Gushchin, 
1995; Fioletov et al., 2008; Guide, 2008). Th e fi lter ozonometer was developed 
by Gushchin in 1959, modifi ed in 1980—1982, and used in the former So-
viet Union ozone network. It measures solar light at 302 and 326 nm with a 
spectral bandpass of 20 nm (Guide, 2008). Th e intercomparisons showed 
that discrepancies between the mean TOC values obtained with ozonometers 
M-124, Dobson spectrophotometers, and satellite spectrometers did not ex-
ceed 3—5% (Feister, 1994; Gushchin, 1995; Fioletov et al., 2008). Due to the 
large fi lter bandwidth of ozonometers, a monochromatic approximation is 
impossible, and thus an integral approach is used in the total ozone retrieval. In 
general, M-124 instruments are still operating (Fioletov et al., 2008, Cracknell 
and Varotsos, 2012) and, as of 2017, the ozonometric network included 27 
regularly operating stations in the Northern Hemisphere (NH) equipped 
with M-124 (Zvyagintsev et al., 2017). Ozonometers M-124 have been used in 
Ukraine for several decades (Guidelines, 2008; Milinevsky et al., 2012; Grytsai 
et al., 2016), particularly, at the Ukrainian Hydrometeorological Institute since 
1989 (Dvoretska and Sydorenko, 2011; Savenets, 2014; Dvoretska et al., 2019). 
Historically, the TOC observations with M-124 started in the Kyiv region in 
1973 (Milinevsky et al., 2012). Th ese data were archived in the World Ozone 
and Ultraviolet Radiation Data Centre (WOUDC) database and are available 
at the GAW Station Information System (GAWSIS) website https://gawsis.
meteoswiss.ch/GAWSIS//index.html#/ for the period 1973—1997.

Th e fi rst experience in ozone observations with a Dobson spectrophotometer 
was gained by Ukrainian researchers in 1996 when the British Antarctic 
Survey (BAS) Base Faraday was transferred to Ukraine (Milinevsky et al., 
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2012). Th e base was renamed to the Akademik Vernadsky station (Vernadsky 
hereaft er; Fig. 1.1). Ozone measurements with a Dobson spectrophotometer 
D031 were among the key tasks of the atmospheric research program of the 
National Antarctic Scientifi c Center (NASC; http://uac.gov.ua/en/). Dobson 
spectrophotometer D031 was replaced by Dobson D123 in 2005 with the 
BAS assistance, and Ukrainian scientists continued the longest time series of 
Antarctic ozone measurements starting at the BAS stations Faraday and Halley 
in the 1950s and resulting in the discovery of the ozone hole in 1985 (Farman 
et al., 1985).

Th e D031 spectrophotometer at Vernadsky was used to calibrate the M-124 
fi lter ozonometer installed at the Lisnyky station near Kyiv and used for ozone 
observations during 1997—2002. Th e comparison of M-124 data with satellite 
data showed a relative diff erence close to zero (from –0.4% to 0.1%) during 
1997—1999 (Gritsai et al., 2000). At the same time, the diff erence was of 0.15% for 
the cloudless sky and of 3.5% for the totally overcast sky. In Ukraine, this type of 
ozone measurement was also realized at the stations in Lviv, Odesa, and Feodosia 
(Milinevsky et al., 2012). Th e potential of the upgraded instruments M-124 was 
studied in the 2010s (Grytsai et al., 2016; see Subsections 1.3.1 and 1.3.2).

Th e spectrophotometer Dobson D040 was the fi rst Dobson instrument in 
Ukraine. It was installed in the Main Astronomical Observatory (MAO) of the 
Na tional Academy of Sciences in 2010 (Milinevsky et al., 2012). Th e spectro-
photometer D040 was transferred from the Royal Meteorological Institute of 
Belgium to the Taras Shevchenko National University of Kyiv (TSNUK) and 
operated at the MAO station Kyiv-Goloseyev (Fig. 1.1). Th e station coordinates 
are 50.364°N, 30.497°E, altitude above sea level is 206 m; WOUDC Regional 
Dobson station number is STN 498 and GAW ID is KGV. Th e Dobson D040 
instrument was used for ozone measurements at the Uccle station STN 053 in 
Belgium from 1952 to 2009 (Brönnimann et al., 2003; https://woudc.org/data/
instruments/).

Th e joint team of the Space Physics Laboratory and the Astronomical 
Observatory of the TSNUK, as well as the staff  of the MAO Atmospheric Optics 
Laboratory, provides TOC measurements at Kyiv-Goloseyev. Th e data from the 
Kyiv-Goloseyev station STN 498 are available on the WOUDC website (https://
woudc.org/).

Th e advantage of satellite observations is the possibility for regular mea su-
rements almost over the entire surface of the Earth, in particular, over areas where 
systematic ground-based measurements are impossible (oceans, unpopulated 
continental areas, polar regions). Regular satellite TOC measurements started at 
the end of 1978, although monitoring of the ozone layer with satellites started in 
1970 with the backscatter ultraviolet (BUV) instrument on Nimbus-4 (Krueger 
et al., 1980). 
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Th e principal method of total ozone retrieving from satellite observations 
is based on the analysis of back-scattered UV radiation from the sub-satellite 
region. Total Ozone Mapping Spectrometer (TOMS) instruments were in 
operation from 1978 to 2005 onboard Nimbus-7 (11.1978—05.1993; McPeters 
and Labow, 1996) and Earth Probe (EP-TOMS, 07.1996—11.2005; McPeters et 
al., 1998) satellites. Th e Ozone Monitoring Instrument (OMI) onboard of the 
Aura satellite has provided measurements since 2004 (Veefk ind et al., 2006). 
Starting with the BUV instrument in 1970, a series of Solar Backscatter UV 
(SBUV) instruments on National Oceanic and Atmospheric Administration 
(NOAA) satellites have operated since 1984 (Bhartia et al., 2013; van der A et al., 
2015; Frith et al., 2017). Additionally, the data of the next satellite instruments 
are discussed in this Chapter: SCanning IMaging Absorption Spectrometer 
for Atmospheric CHartographY SCIAMACHY/Envisat (2002–2012), Global 
Ozone Monitoring Experiment-2 (GOME-2), and GOME-2/MetOpB (van der 
A et al., 2015). All of these satellites have polar sun-synchronous orbits with 
an inclination of ~98°. Examples of the global TOC maps obtained from OMI/
Aura and Koninklijk Nederlands Meteorologisch Instituut (KNMI) assimilated 
TOC maps are presented in Fig. 1.1.

Fig. 1.1. Global maps of total ozone co-
lumn from (a) OMI measurements on May 
16, 2016 (http://www.temis.nl/protocols/
O3total.html) and KNMI assimilated 
total ozone on (b) 8 February and (c) 
February 13, 2019 (http://www.temis.nl/
protocols/O3global.html). Locations of 
Kyiv-Goloseyev and Vernadsky stations 
are marked by white circles
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Th e historical and current daily and monthly data from the satellite mea-
surements are widely available at the National Aeronautics and Space Admi-
nistration (NASA) website (https://ozoneaq.gsfc.nasa.gov), from SBUV Merged 
Ozone Data (MOD) Set (Bhartia et al., 2013; https://acd-ext.gsfc.nasa.gov/Data_
services/merged) and from the Multi-Sensor Reanalysis (MSR) data provided by 
KNMI (van der A et al., 2010; http://www.temis.nl). Global spatial coverage in 
TOMS (OMI) data is combined with a high resolution of 1° by latitude and 1.25° 
(1°) by longitude (McPeters et al., 1998; https://aura.gsfc.nasa.gov/instruments/
omi.html). Th e spatial resolution in MSR version 2 (MSR2) is 1´1 (van der A et 
al., 2015). Th e SBUV MOD product includes the 5° zonal mean and overpass data 
for both total ozone and vertical ozone profi le (DeLand et al., 2012).

To estimate the future evolution of the ozone layer, the requirements for 
the TOC measurement accuracy have increased. Th erefore, retrieval algorithms 
and data products have undergone progressive refi nement. Th e eighth version 
of the TOMS algorithm (TOMS V8) was introduced in 2004 (Bhartia and 
Wellemeyer, 2002; Labow et al., 2004), the empirical correction of the EP-TOMS 
dataset from 1996 to 2005 was made in 2007 (Antón et al., 2010), and the data 
of the SBUV series of instruments were reprocessed with the new Version 8.6 
algorithm in the early 2010s (DeLand et al., 2012; Bhartia et al., 2013).

During the past several decades, the atmospheric total ozone column at mid- 
and high-latitudes exhibited clearly changing tendencies (Dameris and Godin-
Beekmann, 2014; Chipperfi eld et al., 2017; Weber et al., 2018; Langematz and 
Tully, 2018). Th e rapid stratospheric ozone depletion occurred globally in the 
1980s and 1990s. Th e mean TOC level between 60°S and 60°N was 3.5% lower 
in 2002—2005 than in 1964—1980, with decreases of 3% and 5.5% observed in 
the mid-latitude regions (35 to 60°) of the Northern and Southern Hemispheres, 
respectively (WMO, 2007). Th e noticeable contribution to the long-term TOC 
changes in the Southern Hemisphere (SH) is due to the Antarctic stratosphere 
ozone loss. Th e large-scale ozone depletion phenomenon mentioned above, the 
so-called ‘ozone hole’, has been observed annually over Antarctica in austral 
spring since the early 1980s (Farman et al., 1985; Newman et al., 2004).

Typically, the TOC mean value at high SH latitudes is ~300 DU most of the 
year; however, it can be reduced to 100—200 DU during the ozone hole season 
(Farman et al., 1985; Solomon, 1999; Bodeker et al., 2005; Koo et al., 2018). Th e 
ozone hole is usually defi ned as a region with the TOC level lower than 220 DU. 
Th e 220 DU threshold was introduced by Stolarski et al. (1990) as a defi nition of 
the Antarctic ozone hole (Langematz and Tully, 2018). Th e 220 DU indicates the 
level around which the sharp TOC gradient in the edge region of the ozone hole is 
observed and which was not measured over Antarctica until the beginning of the 
1980s (Newman et al., 2004; Stolarski et al., 2005). Th e ozone hole defi nition is also 
given in “Twenty Questions and Answers About the Ozone Layer” in the WMO 



18

CHAPTER 1. Ozone measurements in the Northern Hemisphere mid-latitudes and Antarctica

Scientifi c Assessments (see, e.g., https://csl.noaa.gov/assessments/ozone/2018/
twentyquestions/; WMO, 2018; Q10 and Fig. Q10-1 therein).

Th e ozone hole appears usually at the polar night in the end of August. 
Its maximum area is observed in September. Th e seasonal TOC minimum 
is reached in October, and the ozone hole disappears usually in November 
(Stolarski et al., 1986; Solomon et al., 2005; Langematz and Tully, 2018; see also 
Subsection 1.6.2).

Strong ozone losses at the high SH latitudes have leveled off  since the mid-
1990s and, together with the weakening of the negative global TOC trend, they 
are attributed to stabilization (or hiatus) in the abundance of ozone-depleting 
substances in the stratosphere due to international regulations initiated by the 
Montreal Protocol in 1987 (Rowland, 2006; Carpenter and Reimann, 2014; 
Chipperfi eld et al., 2015; WMO, 2018). Th e fi rst sign of ozone layer recovery 
was observed by Dameris and Godin-Beekmann (2014). Th e spring TOC 
levels over Antarctica have increased since 2000 at a mean rate between 5% 
decade−1 and 10% decade−1 (Langematz and Tully, 2018). Model simulations 
suggest that the ozone hole will recover and a return of the TOC amount to the 
1980 historical level is expected to occur shortly aft er mid-century, around 2060 
(Langematz and Tully, 2018; their Fig. 4.22).

1.2. Dobson  spectrophotometer  
observations and accuracy evaluation

Th e methods of Dobson spectrophotometer observations are based on the use 
of standard AD and CD wavelength pairs in the near-ultraviolet spectral range 
(300—340 nm). Th e wavelengths are 305.5 and 325.0 nm (pair A), 311.5 and 
332.4 nm (pair C), 317.5, and 339.9 nm (pair D) (Komhyr and Evans, 2008). 
Depending on meteorological conditions, the total ozone column is retrieved 
from Direct Sun (DS), Zenith Blue (ZB) or Zenith Cloud (ZC) observations using 
standard AD and CD pairs of wavelengths. As a result, six types of observations 
provide six sequences of TOC data: DSAD, DSCD, ZBAD, ZBCD, ZCAD, and 
ZCCD. Distinctions between the single-pair (XD, XC, and XA) and double-pair 
(XAD and XCD) calculations are demonstrated in Fig. 1.2 (here, X stands for 
the TOC). Double-pair observation allows decreasing evidently infl uence of the 
atmospheric aerosol constituent and Rayleigh scattering (Komhyr and Evans, 
2008). Th erefore, DSAD and ZBAD data are the most reliable among the other 
Dobson measurement types (Grytsai and Milinevsky, 2018): the TOC level of 
about 360 DU measured at Kyiv-Goloseyev on 16 May 2016 (red lines in Fig. 
1.2) is in good consistency with the OMI satellite observations for the same date 
(light red around the white circle ‘Kyiv-Goloseyev’ in Fig. 1.1a corresponds to 
about 370 DU by the color scale; overpass data of 371 DU).
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Observations using Direct Sun radiation are basic to calculate TOC. Th ey are 
supported by the physically comprehensible algorithm determined by Bouguer-
Lambert-Beer’s law. Th e calculations were performed in a monochromatic 
approximation (Komhyr and Evans, 2008) as:
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Th e equation is obtained from Bouguer-Lambert-Beer’s law, taking into ac-
count the infl uence of ozone, aerosol, and Rayleigh scattering on the transfer of 
direct solar radiation through the Earth atmosphere. 

In the equation: I0 is the solar radiation intensity at the top of the atmo sphere, 
I is the solar radiation intensity at the Earth’s surface in the observational point, 
μ is the ratio of actual and vertical paths of solar radiation through the ozone 
layer, the mean height of the ozone layer being of 21 km for Kyiv-Goloseyev 
station latitude, m is the airmass: the ratio of actual and vertical paths of solar 
radiation through the atmosphere, taking into account refraction and the Earth’s 
curvature, Z is the solar zenith angle (SZA), angular zenith distance of the Sun; 
in principle, instead sec Z should be ma, i.e. ratio of actual and vertical paths of 
solar radiation through the ‘aerosol layer’, however, that is not essential), p is the 
observed atmospheric pressure at the station (typically, mean station pressure is 
used), p0 = 1013.25 hPa is standard pressure at sea level.
Parameters  = ᾶ\ln10,  =  ~ /ln10,  =  ~ /ln10, where ~  is the absorption 
coeffi  cient of ozone when Bouguer-Lambert-Beer’s law is presented in an 
exponential way (the coeffi  cient dimensionality is inversely proportional to the 
dimensionality of the TOC value X), ~  is the Rayleigh scattering coeffi  cient of 
air or optical thickness of Rayleigh scattering in the conditions of the vertical 
path of solar radiation through the atmosphere under standard pressure p0 
(Table 4 in (Bucholtz, 1995)), ~  is the aerosol optical thickness in conditions 

Fig. 1.2. Total ozone column from the 
Dobson D040 observations at Kyiv-Golo-
seyev on 16 May 2016 (see the global map 
of OMI data for this date in Fig. 1.1, a). 
Results of both single-pair and double-pair 
measurements are presented, from (Grytsai 
and Milinevsky, 2018)

.
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of the vertical path of solar radiation through the atmosphere. Relationships 
that include the natural logarithm of ten occur due to the fact that the optical 
thickness is usually inserted through the exponential description, while, in the 
TOC determination, coeffi  cients on the decimal logarithm base are historical-
ly  used (Komhyr et al., 1993). Th e longer wavelength, which corresponds 
to the higher values of absorption and scattering coeffi  cients, is designated 
by a prime mark.

As noted above, the Dobson measurements are typically performed for two 
pairs of wavelengths to eliminate the aerosol term and, in order to calculate 
TOC, the following formula is used (Komhyr and Evans, 2008):

 (1.2)

where indices 1 and 2 denote diff erent pairs of wavelengths, while symbols with 
and without the prime mark () correspond to diff erent wavelengths in the same 
pair. Th e aerosol term at sec Z is usually neglected (i.e. the diff erence in aerosol 
coeffi  cients at shorter and longer wavelengths is presumed to be equal for the 
two selected pairs of wavelengths).

Th e described method contains the following main error sources: eff ect 
of the light scattered in the instrument (Basher, 1982); low quality of the 
ozone scattering coeffi  cients and incomplete elimination of the aerosol eff ect 
(Redondas et al., 2014). Th e latter relates mainly to noticeable deviations in 
single-pair calculations (see Fig. 1.2). In addition to direct solar radiation, the 
light scattered from the zenith region is also analyzed. Th is algorithm has a 
statistical basis with polynomial approximation using simultaneous DS measu-
rements. Zenith Blue and Zenith Cloud observations are separated by taking 
into account the absence or presence of cloudiness in the zenith region. Zenith 
Blue and Zenith Cloud data are necessary to calculate TOC when Direct Sun 
measurements are impossible or are of low-quality.

Typically, AD measurements are more reliable, therefore they are consi-
dered a principal type. Nonetheless, the situation becomes distinct at high 
SZA, which is necessary to take into account at Kyiv-Goloseyev during one 
or one and a half months before and aft er the winter solstice. Th e intensity 
of short-wave A-pair radiation drastically decreases resulting in the relative 
increase in the scattered light eff ect. Consequently, these conditions are more 
favorable for CD data because AD observations under the high SZA conditions 
noticeably underestimate TOC. Th e deviations become maximal in the case of 
Direct Sun observations. Th e TOC underestimation during AD measurements 
is individual for each instrument and should be studied to determine a better 
spectrophotometer performance.
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Th e data of ozone measurements are submitted to the WOUDC in 
the WMO CREX format (WMO Character forms for Representation and 
EXchange of meteorological and other data) and are transferred to the Global 
Telecommunication System/WMO Information System (GTS/WIS, https://
www.wmo.int/pages/prog/www/WIS/overview.html). 

Th e Dobson spectrophotometer is calibrated every fi ve years. Th e fi rst 
intercalibration/intercomparison was provided in Hradec Králové in the Solar 
and Ozone Observatory in 2010. Before the start of and aft er the calibration 
procedure, the D040 standard lamp and mercury lamp tests were performed. 
Th ese calibrations were processed according to the standard RDCC/E technique 
(Komhyr and Evans, 2008). Th e fi nal intercalibration was carried out on April 
24, 2010. Th e calibration data was processed with new R-G tables (G is the 
density of the spectrophotometer optical wedge), which were converted to new 
R-N tables. Th e measurement error of the D040 instrument when compared 
with the reference instrument D074 with standard DSAD observations in 
wavelength pairs A and D is 0.8% (which corresponds to 2.4 DU) in the range 
μ = 1.15—3.2. Observation data in pairs of wavelengths C and D showed lower 
TOC values than in pairs A and D, therefore the correction factor is determined 
via a comparison of AD and CD by observations with D040 at Kyiv-Goloseyev.

Th e second intercomparison procedure for the Dobson spectrophotometer 
D040 was provided at the Meteorological Observatory Hohenpeissenberg, 
Hohenpeissenberg, Germany, in 2015 against another European reference 
instrument D064 of the Regional Dobson Calibration Centre — Europe 
(RDCC/E). Th e intercomparison was performed under the umbrella of the 

Fig. 1.3. Intercomparison of the Dobson D040 spectrophotometer in the Meteorological 
Observatory Hohen peissen berg, Germany, June 2015
Fig. 1.4. The DSAD observations by Dobson spectrophotometer D040 at Kyiv-Goloseyev 
station in 2010—2018 (top graph) and standard deviation of the daily mean Direct Sun 
measurements (bottom graph)
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WMO GAW Programme. Th e fi nal calibration took place on June 5, 2015 
(Fig. 1.3). Th e intercomparison results showed that the highest TOC diff erence 
of the instrument D040 standard DSAD observations against the reference 
instrument D064 in the μ range 1.15 to 2.5 is + 0.16%. Th e highest diff erence 
in the μ range 2.5 to 3.2 is increased from –0.09 to –1.37% at the range edge (at 
μ = 3.2). Moderate μ-dependence exists in both wavelength pairs AD and CD.

According to measurements during the 2010—2018 period, the daily 
mean TOC values varied between about 230 DU and 500 DU (more typically, 
in the range of 250—450 DU, Fig. 1.4). Th is range includes annual the TOC 
cycle and daily TOC variability due to changing ozone fi eld heterogeneity (for 
example, D040 data show the TOC increase from 305 DU to 458 DU between 
February 8 and 13, 2019, due to migration of TOC anomalies over the Kyiv-
Goloseyev station, as demonstrated in Fig. 1.1b, c, respectively). Th e annual 
mean TOC value increased in 2010—2018 from about 320 DU to about 330 
DU according to the linear fi t (solid line in Fig. 1.4). Th e TOC daily mean errors 
in DS measurements at Kyiv-Goloseyev are shown in Fig. 1.4 at the bottom: 
the mean standard deviation for the pair AD is 2.85 DU with variations in the 
range 0.5—7.0 DU. Th erefore, the average accuracy of daily TOC values is about 
1%. Analysis of the observational results and their errors shows that the daily 
standard deviation of DS measurements is largely dependent on the observer’s 
experience and less dependent on the weather conditions of observations.

1.3. Ozonometer M-124 calibration

As noted in Section 1.1, M-124 fi lter ozonometers were used in Ukraine for 
continuous ozone measurements from 1973 (Gushchin, 1995; Milinevsky 
et al., 2012). In the late 1990s, the instrument was calibrated with a Dobson 
spectrophotometer D031 at the Vernadsky station. Th is M-124 ozonometer was 
used at the Lisnyky station near Kyiv from 1997; however, it started degrading 
in 2000. Properties of fi lters used in M-124, become much worse during long-
term operation and this makes it impossible to provide reliable measurements. 
Filter degradation is a common problem for fi lter ozonometers (Parsons et al., 
1982). In this regard, fi ve instruments M-124 were upgraded including fi lter 
replacements, electronics modifi cation, and thermoregulation installation. 
Since 2010, the M-124 calibration has become possible in Ukraine using the 
newly installed spectrophotometer Dobson D040 at the Kyiv-Goloseyev station.

Over the summer months of 2013—2016, parallel observations with a 
Dobson spectrophotometer D040 and refurbished instruments M-124 have 
been made (Grytsai et al., 2016). It is important that, along with the Dobson 
spectrophotometer, the CIMEL sun-photometer of the AERONET (Aerosol 
Robotic Network, http://aeronet.gsfc.nasa.gov/; Holben et al., 1998) operates 
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at the same station and allows determining aerosol properties. Th e methods 
redeveloped for M-124 calibration and the results of calibration (Grytsai et al., 
2016) are described in Subsections 1.3.1 and 1.3.2.

1.3.1. Theory for M-124 ozonometer 
total ozone column calculation

To retrieve the TOC value from ground-based observations, we fi rst describe 
a monochromatic approach. Th e total ozone column X can be calculated using 
two wavelengths measurement (Komhyr and Evans, 2008; see (1.1) in Section 
1.2). Expression (1.1) is obtained from Bouguer-Lambert-Beer’s law taking into 
account the infl uence of ozone, aerosol, and Rayleigh scattering on the direct 
solar radiation transfer through the Earth’s atmosphere. As in Section 1.2 for 
(1.1), the longer wavelength is designated by a prime mark. Th is wavelength 
corresponds to the higher values of absorption and scattering coeffi  cients. Note
that in real measurements with the ozonometer M-124, in addition to 0

0

lg I
I   (1.1), another term dependent on the M-124 instrument properties should be 

included, which, in particular, demands a separate calibration (Basher, 1982). 
By marking this generalized constant as L:

         

Here p0 is a constant by defi nition. Standard (tabular) coeffi  cients of 
absorption by ozone and Rayleigh scattering are taken from the literature 
and have been described in detail (Bucholtz, 1995). Th e solar zenith angle 
Z may be calculated using ephemeris of the Sun. In practice, it is useful to 
apply for a supporting program from the soft ware package for the Dobson 
spectrophotometer that retrieves also the value μ (at a given altitude of the 
ozone layer, whose eff ect is small). Th e ratio of intensities is measured directly. 
Th e TOC value X should be taken from parallel measurements made with 
the Dobson spectrophotometer. Pressure and aerosol optical thickness, in 
principle, can be measured along with ozone observations. If, as in the case of 
the AERONET sun-photometer, optical thickness is taken at other wavelengths, 
we use relation with Ångström exponent k:
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 .                                                (1.4)

Under the condition of ozonometer temperature stabilization, temperature 
infl uence is absent. If the instrument heating is determined by external 
conditions, the temperature coeffi  cient is quite signifi cant. According to 
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(Alexandrov et al., 1992), it increases from 0.87 to 1.23 as the temperature drops 
from +50 to –30 °C.

Important consequences result from non-monochromatic radiation re gis-
tered by the instrument. In the monochromatic approach, Bouguer-Lambert-
Beer’s law can be presented as
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                                          (1.5)

To move from the intensity I to actually measured value S, it is necessary to 
take into account the fi lter transmission curve C (λ):
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Similarly, output signal S’ for the second fi lter with spectral sensitivity C(λ) 
could be obtained (mark () is used for the longer wavelength):
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          (1.7)

In general, it is impossible to calculate X from (1.7). One of the alternative 
ways is to introduce an eff ective absorption coeffi  cient for ozone which depends 
on μ and X (Basher, 1982). Th e most appropriate way is to determine X by 
numerical methods. Variations of coeffi  cients β and δ within the bandwidth, in 
principle, should be relatively minor and the introduction of their dependence 
on the wavelength is not diffi  cult.

1.3.2. Practical aspects of ozonometer M-124 calibration

Th e available information for construction of nomograms for M-124 instruments 
was used with taking into account the basic expression for the signal ratio of 
two fi lters according to (1.6) and (1.7):
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We identify the data which should be included for practical work with this 
equation. Th e value S

S   
is obtained directly during the measurement. For 

the solar radiation fl ux, the data from (ASTM E490-00a, 2000) were used. Th e 
spectrum presented in (Gushchin and Vinogradova, 1983) was also used for 

sec
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control, and this does not aff ect notably the results. Data for solar radiation fl ux 
between 119.5 nm and 1 mm wavelengths with a variable wavelength step were 
included. Th is wavelength range is apparently suffi  cient, even with some excess. 
Linear interpolation was made with the step of 0.1 nm for the wavelength range 
246—629 nm. Note that a change in the Earth-Sun distance does not play any 
role because the distance inverse square is made outside of the two integrals and 
is canceled.

Th e situation with ozone absorption coeffi  cients is rather diffi  cult. In 
particular, they have signifi cant temperature dependence (Redondas et al., 
2014). We used scattering cross-sections for temperatures of 203, 223, 246, 273, 
276, and 280 K calculated according to (Bass and Paur, 1985) and available at 
the Integrated Global Atmospheric Chemistry Observations (IGACO) website 
http://igaco-o3.fmi.fi /ACSO/cross_sections.html. Basing on the defi nitions of 
scattering cross-section σ and absorption coeffi  cient ~ , we obtained ~   = nσ 
where n is the concentration of aerosol particles. Since the TOC value X is 
defi ned for gas under normal conditions, the concentration must be equal to 
the Loschmidt constant: n = 2.687·1019 cm–3.

Th e air temperature corresponds to the really existing conditions in the 
stratosphere, where the main part of ozone amount is located. Th erefore, the 
value of 223 K was used for interpolation by wavelength. Note that the fi le 
of absorption coeffi  cients (http://igaco-o3.fmi.fi /ACSO/cross_sections.html) 
is limited by the range of 246—342 nm according to the ozone properties 
(absorption at 342 nm is weaker by more than two orders of magnitude than 
that at 300 nm).

For Rayleigh scattering, the data from (Bucholtz, 1995) were involved. Th e 
data of the last column of Table 4 (where US Standard Atmosphere 1962 is 
presented) were interpolated. Th e step for the initial data is 10 nm (wavelengths 
from 200 nm to 800 nm). However, this does not result in signifi cant interpolation 
errors thanks to the function smoothness. As for the aerosol optical thickness, 
~ , it is useful to include the AERONET Kyiv station data (Milinevsky et al., 
2014). Th e spectral dependence δ(λ) is calculated using aerosol optical thickness 
at one of the wavelengths δ0(λ0) and Ångström exponent k (1.4).

An optimal case is to use the data for the same day when the measurements 
are made or, more or less acceptable, to use the annual means. Th e latter approach, 
in particular, should be applied for construction of nomograms to be used at 
the station where regular aerosol observations are absent. Approximation with 
the Ångström exponent is not ideal but is quite simple and easy. For example, 
from daily mean data of the Kyiv-Goloseyev station (AERONET data level 1.5): 
~ (λ0 = 340 nm) = 0.275 on August 6, 2013, and ~ (λ0 = 340 nm) = 0.412 on 
August 7, 2013 (the fi rst dates of measurements with M-124); k = 1.603 on 
August 6, 2013 and k = 1.579 on 7 August, 2013.
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Th e ozone layer thickness μ is considered as an independent of wavelength 
quantity. Th e data were obtained with a time resolution of 1 min, and a linear 
interpolation is suffi  cient within the 1–minute interval. To control the total 
ozone column X, we use the value obtained with the Dobson spectrophotometer 
(the nearest or daily mean), usually, by the DSAD measurements.

Th e air mass m is calculated by the equation from (Komhyr and Evans, 
2008):

m = sec Z – 0.0018167(sec Z – 1) – 0.002875(sec Z – 1)2 – 
– 0.0008083(sec Z – 1)3.                                      (1.9)

Th e value m depends on the solar zenith angle Z only and approximation as 
sec Z may be used for typically applied values.

Th e importance of the pressure p has to be studied. Th e variants for the 
pressure p substitution may include: (1) a standard pressure value corrected 
only by altitude above sea level; (2) the average for the MAO weather station 
(the same place as Kyiv-Goloseyev station); (3) the Kyiv daily value with altitude 
correction; (4) the current value at the Main Astronomical Observatory weather 
station. Th ese cases are listed from the roughest to the most accurate. Th e 
atmosphere pressure p = 990 hPa is taken in all calculation cases.

Test calculations with Gaussian transmission curves for fi lters were 
performed but they did not give satisfactory results. Th e nomogram quality 
was signifi cantly improved when the real transmission plots were measured. 
In particular, the nomorgam calculation result for M-124 instrument No. 343 
is shown in Fig. 1.5. Note that no empirical corrections were used at this stage 
and the calculations were based on the theory and measurement results only. 

Fig. 1.5. Nomograms for M-124 ozonometer No. 343 calculated using the spectral 
transmission curves for filters 1 and 2 (a). Observational points superimposed on the 
nomograms (b). From (Grytsai et al., 2016)
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Aerosol optical thickness at 340 nm was taken 0.3, and the Ångström exponent 
was equal to 1.6. Th e standard deviation of the TOC values obtained with 
the Dobson spectrophotometer from ones calculated with M-124 No. 343 is 
SD = 11.2 DU.

At the same time, quantitative results for M-124 instruments not always 
were satisfactory. Th e best results were obtained for instruments No. 343 
(standard deviation from the Dobson data DSAD SD = 11 DU) and No. 496 
(SD = 18 DU). However, even in these cases, there is a need to test the results 
over a larger TOC range than that observed in August–September 2013: 285—
325 DU, i.e. 40 DU (Grytsai et al., 2016). Note that the observed annual TOC 
cycle covers the TOC range of 250—450 DU, which is of 200 DU (Fig. 1.4). 
Besides, it should be also ensured that the instrument characteristics are stable 
during the months.

Estimation of the aerosol infl uence shows that, under conditions of aerosol 
optical thickness (up to 0.3 at a wavelength of 340 nm) and Ångström exponent 
(1.4—1.6) typical for the Kyiv-Goloseyev station, this factor can cause only minor 
diff erences, which do not exceed 10 DU. It seems that one of the possible causes 
of the large standard deviations could be the variability of weather conditions 
during the observations. Since M-124 measures the radiation intensities in the 
two channels with some time intervals, the presence of even subtle moving 
clouds can critically infl uence the observational data distorting the value of 
the intensity ratio. Another group of possible errors is subjective mistakes cau-
sed by the inattention of the observer who made parallel measurements with 
instruments of two diff erent types (M-124 ozonometer and Dobson spectro-
photometer).

Finally, the calibration procedure for the fi lter ozonometer M-124 using 
concurrent observations with the Dobson spectrophotometer D040 at the station 
Kyiv-Goloseyev has been developed. As a fi rst step, the spectral characteristics 
of either of two fi lters in each of fi ve ozonometers M-124 have been measured. 
Th e results show that the measurements under steadily clear weather conditions 
are necessary. 

Th e calibration should include a large range of the TOC levels, particularly, 
between the seasonal minimum and maximum observed typically in autumn 
and spring, respectively. In general, a clearer separation is necessary of the 
error sources associated with: (1) the weather conditions, (2) the observer 
mis takes, (3) insuffi  cient coverage of the annual TOC cycle amplitude, (4) 
inst ru ment parameters themselves. Applying the developed method made 
it possible to achieve a qualitative similarity between the total ozone values 
calculated for M-124 instruments and those observed with the Dobson D040 
spectrophotometer.
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1.4. Difference between ground-based 
and satellite observations
1.4.1. Mid-latitude station Kyiv-Goloseyev, Ukraine

Comparison of the satellite TOMS instrument observations with the Direct 
Sun measurements showed that the standard deviations of monthly mean 
diff erences with Dobson, Brewer, and M-124 instruments were about 2.4, 2.2, 
and 3.5%, respectively, and, with the less accurate Zenith Sky measurements, 
3.8, 4.0, and 4.7%, respectively (Fioletov et al., 1999). In the later comparisons 
with satellite observations, fi lter ozonometers demonstrated also larger mean 
and median values of the diff erence, 2.5 and 2.0%, respectively, against 1.3 
and 1.6% similar to both the Dobson and Brewer instruments (Fioletov et al., 
2008). It was concluded that the fi lter ozonometer network performance was 
slightly better in 2001—2006 than in 1996—2000. As noted in Section 1.1, the 
total ozone observations using ozonometer M-124 at the Lisnyky station near 
Kyiv within 1997—1999 showed a small diff erence, namely from –0.4 to 0.1% 
(Gritsai et al., 2000).

Th e comparison of diff erent TOC data allows us to study causes for their 
discrepancy and to correct algorithms of ozone retrieval. Th is type of study was 
undertaken for one (Varotsos and Cracknell, 1994b; Evtushevsky et al., 2008), 
several, or multiple (McPeters and Labow, 1996; Fioletov et al., 2008) ground-
based stations and thus provided an assessment of internal consistency among 
diff erent data series (Feister, 1994; Bracher et al., 2005; Verhoelst et al., 2015). 
Many factors impact the total ozone diff erences, but mostly it is the zenith angle 
dependence, total ozone level infl uence, and uncertainties in the estimation 
of absorption coeffi  cients (Bernhard et al., 2005; Kravchenko et al., 2009). 
Diff erent minor atmospheric constituents, in particular, sulfur dioxide and 
nitrogen dioxide can sometimes distort the TOC values by 2—5% (Varotsos and 
Cracknell, 1994a). Diff erences between ground-based and satellite data change 
with time depending on the season and meteorological and surface conditions 
(Kylling et al., 2000; Kulinich et al., 2005; Veefk ind et al., 2006; Kravchenko et 
al., 2009; Garane et al., 2019).

Th e SCIAMACHY and OMI satellite data have been compared with the 
ground-based ozone observations from the Kyiv-Goloseyev Dobson station 
(Grytsai and Milinevsky, 2013; 2014; 2018). Th e satellite data provided by 
the Tropospheric Emission Monitoring Internet Service (TEMIS) project and 
available as the OMI (http://www.temis.nl/protocols/o3col/overpass_omi.
html) and SCIAMACHY (http://www.temis.nl/protocols/o3col/overpass_scia_
v2.html) overpass time sets series were used. Th ey include satellite measurements 
made at a typical horizontal distance of no more than 100 km from the station 
(http://www.temis.nl/protocols/O3total.html; Veefk ind et al., 2006; Grytsai and 
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Milinevsky, 2013). Th e range of two standard deviations and the mean diff erence 
values are indicated in Fig. 1.6 by dashed lines. Th is comparison indicates a high 
quality of the DS and ZB Dobson observations because the mean diff erences 
of satellite vs ground-based data do not exceed 1.5—2.0%, and the standard 
deviation is equal to 3—4% of the annual mean TOC values (about 320 DU for 
Kyiv-Goloseyev station, Fig. 1.4).

An ozone station is typically evaluated as “good” if the above-mentioned 
diff erence is <2% (Fioletov et al., 2008). Th e dispersion in Dobson measurements 
increases in the case of the ZC observations (the standard deviation is nearly 
6%) due to the non-uniform structure of clouds and the diffi  culty of modeling 
it under varying conditions using the same algorithm. Th e seasonal cycle 
signifi cantly aff ects the total ozone diff erences (Fig. 1.6).

Th e seasonal variation of the total ozone diff erence is caused by the low 
effi  ciency of Dobson’s algorithm at solar zenith angles exceeding 70° and by the 
dependence of this diff erence on the zenith angle. Observations under these 
conditions are predominantly carried out near the winter solstice when solar 
zenith angles reach 73° at noon. Th e infl uence of scattered light increases at 
high solar zenith angles causing total ozone underestimation with standard 
algorithm considering only direct solar radiation (Bernhard et al., 2005). Th e 
results exhibit that DSAD measurements are underestimated by several tens of 
Dobson units (about 10%) at solar zenith angle exceeding 70 degrees (Fig. 1.7). 
Th is feature decreases the quality of total ozone measurements at Kyiv latitude 
at least one month before and aft er the winter solstice. On the contrary, Dobson 
DSAD values at low zenith angles can be larger than OMI ones (Fig. 1.7a).

We compare the quality of the Dobson data observations of diff erent types: 
DSAD, DSCD, ZBAD, ZBCD, ZCAD, and ZCCD (see Section 1.2). Figure 1.8 

Fig. 1.6. Differences between OMI and Direct Sun Dobson data over Kyiv-Goloseyev 
in (a) 2011 and (b) 2016. Dashed lines show the mean value and range of double standard 
deviation
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confi rms a higher AD data quality relative to CD, which is clearly seen from 
standard deviations exhibiting precision of the measurements (Fig. 1.8b). It is 
worth noting that the ZBCD data show odd interannual jumps, which requires 
further studies of the ZBCD data reliability. Th e analysis has shown the high 
quality of the DSAD, DSCD, and ZBAD series (except DSCD in 2015). ZBCD 
and ZC data are unsteady for mean diff erences, and their double standard 
deviations regularly exceed 25 DU. Seasonal distinctions for a satellite—ground-
based diff erence for SCIAMACHY data (not shown) are very close to the values 

Fig. 1.7. The solar zenith angle dependence on the difference between OMI and satellite 
measurements over Kyiv-Goloseyev and Direct Sun Dobson D040 data in (a) 2011 and 
(b) 2016. Updated from (Grytsai and Milinevsky, 2013)

Fig. 1.8. Annual mean differences between the 12UT OMI overpass data and different 
types of the Dobson D040 measurements at Kyiv-Goloseyev (a). Double standard 
deviations for the differences (b). Adapted from (Grytsai and Milinevsky, 2018)
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obtained by van der A et al. (2010) for the mid-latitude De Bilt station (52.1°N, 
5.2°E). In both cases, the largest diff erence was obtained during wintertime, 
which was connected with solar angle dependence (probably in the satellite data). 

Th e study on a comparison between Brewer data at the Rome station and 
satellite OMI observations does not show the solar zenith angle dependence at 
all (Ialongo et al., 2008). A possible cause of the absence of the solar zenith angle 
eff ect in those data could be related to the lower latitude of the Rome station 
(41.9°N) relative to Kyiv-Goloseyev (50.3°N); the solar zenith angle at Rome at 
noon is 9° larger in comparison to Kyiv-Goloseyev.

Fioletov et al. (2008) have concluded that since 1978 more than 98% of 
Dob son DS daily values have been obtained with AD pair observations. Limi-
ta tions to the Dobson instrument potential exist, especially for the A pair at 
low-intensity light (Basher, 1982). Staehelin et al. (2003) concluded that the 
AD pairs were selected during the International Geophysical Year to minimize 
aerosol infl uence. However, aerosol infl uence on the total ozone calculations 
from double pairs of wavelengths is low when aerosol contamination is of 
normal values (Dobson and Normand, 1962; Bernhard et al., 2005).

In conclusion, the comparison of total ozone column derived from the 
satellite SCIAMACHY/Envisat and OMI/Aura instrument overpass data and 
ground-based measurements obtained with the Dobson spectrophotometer 
D040 at the GAW station 498 Kyiv-Goloseyev shows important details of 
satellite-ground data diff erence dependences. To avoid the possible infl uence 
of weather conditions (clear or cloudy sky) on diff erences between satellite and 
ground-based measurements, the diff erences for Direct Sun, Zenith Blue, and 
Zenith Cloud observations were separated. Th e results of SCIAMACHY-OMI-
Dobson intercomparison show that satellite data are usually overestimated 
relative to the Dobson values (Grytsai and Milinevsky, 2014, 2018). Dispersion 
of the diff erence is a characteristic of diff erent ground-based data types. Higher 
quality is obtained in the case of DS and ZB measurements for the AD pair 
of wavelengths. CD (and mainly ZC) observations have lower quality, with 
dispersion increasing up to 13 DU (Grytsai and Milinevsky, 2014) and even 
to 16 DU for ZCCD in some years (Grytsai and Milinevsky, 2018). Th e results 
show the dependence of the satellite–Dobson diff erences on the solar zenith 
angles >70 and total ozone values TOC > 370 DU when diff erences become 
signifi cantly larger. In spite of the fact that the information obtained from these 
satellites is global, the results of local testing obtained from intercomparison 
at the Kyiv-Goloseyev station are helpful for the improvement of satellite ozone 
data retrievals.
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1.4.2. High-latitude stations

In this subsection we consider the total ozone dependence of the diff erence 
between the empirically corrected EP-TOMS and high-latitude station datasets 
in the period 1996—2005. A comparison of the ground-based and satellite 
TOC measurements in the atmosphere over the Antarctic stations Vernadsky, 
Halley, and Amundsen-Scott and the Arctic station Barrow has been provided 
by Kravchenko et al. (2009). Th e satellite daily TOC values were taken using 
Version 8 of the algorithm introduced in 2004 and empirically corrected in 
2007 (Antón et al., 2010). Th e most persistent features of the relative Dobson–
EP-TOMS diff erence are: (1) a signifi cant increase in dispersion during the 
period of the spring Antarctic ozone hole, and (2) a varying dependence on the 
total ozone in the trend tendency and signifi cance for EP-TOMS and Dobson 
datasets. Th e results indicate the infl uence of the specifi c conditions during 
the Antarctic ozone hole on the possible accuracy that could be achieved in 
assessments of the Montreal Protocol eff ects in the ozone layer over this region.

As noted in Section 1.1, almost discontinuous satellite total ozone obser va-
tions have been provided since the end of 1978. Th e fi rst long-term results were 
obtained with the TOMS instrument onboard the Nimbus-7 satellite (Stolarsky 
et al., 1986). Th e satellite observations have a clear advantage in their global 
coverage excluding the polar night areas and are usually realized in the near-
ultraviolet spectral range similarly to the ground-based Dobson and Brewer 
measurements. Th e TOC values obtained under high solar zenith angles have 
a restricted quality. Ground-based instruments also exhibit large errors under 
those conditions due to the low intensity of ultraviolet light. As a result, the 
intercomparison between satellite and ground-based ozone data is important to 
retrieve reliable values and to determine limiting conditions for observations. 

In the high-latitude regions, the TOC measurements are complicated 
both from space and from the ground because of the high solar zenith angle, 
snow-ice and cloud cover, as well as the unusually low TOC level inside the 
Antarctic ozone hole (Kylling et al., 2000; Bhartia and Wellemeyer, 2002; Labow 
et al., 2004; Bernhard et al., 2005; Garane et al., 2019). Most of the Antarctic 
stations are located on the continental coast, where typically the ozone hole 
edge appears. Th e satellite measurements by the EP-TOMS within 1996—2005 
were obtained from the NASA overpass data archive (https://ozoneaq.gsfc.nasa.
gov/data/toms/). We have chosen four high-latitude stations to determine a 
possible distinction between the two polar regions in the data agreement. Th ese 
are Vernadsky (Ukraine), Halley (UK), and Amundsen-Scott (South Pole, 
USA) in Antarctica (Fig. 1.9a) and Barrow (USA) in the Arctic (Fig. 1.9b). Th e 
Arctic station Barrow represents the conditions of the climatologically higher 
total ozone and the absence of the annual TOC cycle anomaly similar to the 
Antarctic ozone hole (Bernhard et al., 2008).
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Provisional mean ground-based daily TOC values for Vernadsky and Halley 
are taken from the British Antarctic Survey (BAS) database (https://legacy.bas.
ac.uk/met/jds/ozone/). It is important to stress that these data are preliminary, as 
noted in the data description at https://legacy.bas.ac.uk/met/jds/ozone/descrip.
html. Th e TOC series for both USA stations Amundsen-Scott and Barrow were 
obtained from the National Oceanic and Atmospheric Administration (NOAA) 
site www.esrl.noaa.gov/gmd/ozwv/dobson. All total ozone column values are 
presented in Dobson Units (DU).

To estimate data discrepancy, the relative percentage diff erence between 
daily TOC values from satellite (TOCTOMS) and ground-based (TOCDobson) 
measurements were determined as ΔTOC = [(TOCTOMS — TOCDobson)·100/
TOCDobson]%. During the Antarctic spring months (September, October, and 
November), unusual conditions of observation exist because of the strong TOC 
decrease inside the ozone hole and the large TOC variations at the ozone hole 
edge. Th erefore, the ozone hole data were analyzed separately. Th e criterion of 
TOC ≤ 220 DU (see Section 1.1) was used to select the ozone hole TOC values.

Statistical diff erence characteristics including the mean values, standard 
deviations, and dependence on the TOC level were obtained. Th e trends for 
the ΔTOC on TOC dependence were determined in percentage units per 100 
DU and the trend errors at the ±2σ level were calculated. Other studies give a 
diff erent dependence on either ground-based (Lambert et al., 2000) or satellite 
(McPeters and Labow, 1996; Weber et al., 2005) total ozone and both cases are 
presented here.

Th e seasonal variations in the satellite daily TOC values (Fig. 1.10a—d) and 
relative diff erences between satellite and ground-based measurements ΔTOC 
(Fig. 1.10e—h) are shown for the four high-latitude stations. Th e sequence in 
Fig. 1.10a—c corresponds to increasing station latitude. Th e ozone measurements 
start when the solar zenith angle is ~80°. Th ese conditions appear later at higher 

Fig. 1.9. The geographical location of (a) Antarctic stations and (b) Arctic station chosen 
for comparison of the satellite EP-TOMS and ground-based measurements of the total 
ozone column in 1996—2005. From (Kravchenko et al., 2009)
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Fig. 1.10. Variations of (a—d) daily TOC values (satellite data) and (e—h) relative difference 
ΔTOC between the satellite EP-TOMS and ground-based Dobson measurements for four 
high-latitude stations, 1996—2005. Adapted from (Kravchenko et al., 2009)
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latitudes, as shown by the increase in the starting day number of the datasets 
presented in Fig. 1.10a—c.

A signifi cant spring decrease is evident in the seasonal TOC pattern caused 
by chemical ozone destruction over the Antarctic stations. Th e TOC minimum 
of 100—150 DU is observed in late September–early October (near day 100 
on the horizontal axis). Th e ozone hole TOC levels (≤220 DU) are observed 
in August–November up to early December (about day 160 in Fig. 1.10a—c). 
Th e comparison of these plots with ΔTOC distribution in Fig. 1.10e–g shows 
that the largest diff erence dispersion, in the range of ±20%, occurs in the ozone 
hole period. Th is range nearly doubles that in the summer-autumn period and 
stands out against the low and uniformly distributed ΔTOC dispersion for 
the Arctic station Barrow (Fig. 1.10h). In November, when the polar vortex 
area usually decreases, ozone-rich mid-latitude air can reach the South Pole 
due to the vortex displacement and wave-like deformations (see the series of 
EP-TOMS daily images for November at https://ozoneaq.gsfc.nasa.gov/data/
toms/). Th erefore, the variability of the ozone hole edge location can infl uence 
the spring increase in the diff erence dispersion not only for Vernadsky and 
Halley stations (Fig. 1.10e, f) but also for Amundsen-Scott station (Fig. 1.10g).

Th e dependence of the relative diff erence ΔTOC on the TOC is shown in 
Fig. 1.11. Figures 1.11a—d and 1.11e—h present the dependence of ΔTOC on 
the TOC obtained from the ground-based and satellite instruments, respectively. 
Th e ΔTOC for the TOC range ≤220 DU (ozone hole criterion) is marked by 
open circles. Th e relationship for higher TOC levels is shown by dots.

Th e mean positive trend for Vernadsky in Fig. 1.11e can be connected to 
the error tendency in the satellite dataset (TOCTOMS on the x-axis). Although the 
Dobson measurements participate equally in the calculation of the diff erence 
(ΔTOC on the y-axis), they are independent of the EP-TOMS measurements. 
Th e statistically signifi cant trend of 4.8%/100 DU (thick line) in the area is 
marked by dots in Fig. 1.11e. In addition, the negative trend of –5.0%/100 DU 
(Fig. 1.11a, area of open circles) may be associated with the change in Dobson 
sensitivity in the range of the low TOC (≤220 DU).

Th e signifi cant negative trends of –5.0 to –7.5%/100 DU are a common 
feature of the ΔTOC dependence on the ozone hole TOCDobson (Fig. 1.11a—
c, thick lines on the areas of open circles). Th ese trends are signifi cant at 
the ±2σ level. Any signifi cant dependence is absent in the case of the normal TOC 
(>220 DU, dotted areas in Fig. 1.11a—d), except for the value of –2.9 ± 1.1%/100 DU 
for the Halley station. Th e ΔTOC to TOC relationship is very diff erent in the 
case of the satellite datasets (Fig. 1.11e—h). Large positive trends of 3.1—
4.8%/100 DU are inherent to the high TOCTOMS (>220 DU) over Antarctic 
stations (Fig. 1.11 e—g). Th e low TOCTOMS (≤220 DU) is not associated with 
signifi cant trends except for the relatively small value of –1.9 ± 0.9%/100 DU for 
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Fig. 1.11. Dependence of the relative ΔTOC difference on the total ozone obtained from 
the ground-based Dobson (a—d) and satellite EP-TOMS (e—h) measurements. The 
open circles and dots show measurements in the ozone hole (≤220 DU) and ‘no ozone 
hole’ (>220 DU) conditions, respectively. The thick lines mark the calculated value of the 
linear trend. Adapted from (Kravchenko et al., 2009)
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Amundsen-Scott. A small positive trend is also obtained for the TOCTOMS range 
of 250—500 DU over the Arctic station Barrow (1.3 ± 0.4%/100 DU; Fig. 1.11h).

Within the scope of this study, the results indicate that the TOMS–Dobson 
diff erence is largely and oppositely dependent on the Dobson low (≤220 DU) 
and EP-TOMS high (>220 DU) total ozone over the Antarctic stations.

For high total ozone (>220 DU), the positive ΔTOC dependence on the 
satellite TOC prevails in both polar regions (Fig. 1.11e—h). Th is conforms to 
the earlier results obtained by McPeters and Labow (1996) for the NH. Th e 
positive total ozone dependence of the diff erence between TOMS Version 7 and 
Dobson/Brewer stations was noted. Th is study has covered 30 ground-based 
instruments at mid-latitudes (25—55°N). Th e TOMS–ground diff erence was 
considered as a function of TOMS total ozone. McPeters and Labow (1996) 
identifi ed two TOC ranges with a distinct diff erence trend: the diff erence in crea-
sed by about 1% (2.4%)/100 DU above (below) 275 DU. Authors assumed that 
the diff erence increase with increasing total ozone was due to the combination 
of TOMS and Dobson errors. Th e results for the mid-latitude station Kyiv-
Goloseyev (Subsection 1.4.1) show an increasing diff erence at TOC > 370 DU, 
which is in general agreement with McPeters and Labow (1996).

Th e results for Barrow (Fig. 1.11d, h) demonstrate a similar value 
(1.3%/100 DU) and indicate a dominant dependence on the satellite data. Th e 
dependence is stronger for Antarctic stations in the TOC range >220 DU 
(Fig. 1.11e–g). It is worth noting that a similar positive dependence on the 
GOME total ozone was observed in the NH polar region with the earlier retrieval 
version (GDP V3) and was reduced signifi cantly in the new algorithm version 
WFDOAS V1.0 (Weber et al., 2005). Th is indicates not only the contribution of 
the satellite measurements to ‘ΔTOC on TOC dependence’ but also suggests the 
possibility of its reduction.

From the above, we can conclude that the total ozone measurements in 
the Polar Regions, especially in Antarctica, remain aff ected by the total ozone 
dependence, which is probably most signifi cant below 220 DU and above 220 
DU for Dobson and EP-TOMS, respectively. Th ese results give relative estimates, 
and the individual contribution of the TOMS and Dobson errors to the total 
ozone dependence needs further investigation.

Th e results for the Vernadsky station in Figs. 1.10 and 1.11 characterize 
the diff erences from the EP-TOMS data within 1996—2005. To estimate the 
quality and degree of closeness of the ground-based and satellite measurements 
made over the Vernadsky station in the 2010s, the Dobson data with the model 
data based on OMI, GOME-2 (METOP-A and METOP-B), and SCIAMACHY 
measurements (http://www.temis.nl/protocols/O3global.html; Eskes et al., 
2003; van der A et al., 2015) were compared. Th e model is driven by six-hour 
meteo rological fi elds (wind, surface pressure, and temperature) as described 
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by Eskes et al. (2003) and van der A et al. (2015). Data for 18 UT were taken 
into account as the closest by time to the Dobson observations at the Vernads-
ky station.

Th e satellite overpasses include the measurements made at the distances 
from the ground-based station not exceeding 100 km, as noted above in 
Subsection 1.4.1. Th e overpass data for Vernadsky were compared with ground-
based Dobson data for the same day. Th e model data at 18 UT were analyzed 
along with daily mean Dobson measurements. Examples of the seasonal changes 
in the ‘OMI model — Dobson’ diff erences are presented in Fig. 1.12. Th e 
total ozone from both data series is presented in Fig. 1.13. Vernadsky climate 

Fig. 1.12. Differences between the daily TOC values from the OMI model overpass data 
and Dobson measurements over Vernadsky within (a) 2012—2013 and (b) 2016—2017. 
From (Grytsai et al., 2018)

Fig. 1.13. Total ozone over Vernadsky during the 2016—2017 observational season from 
(a) Direct Sun (red) and (b) Zenith Cloud (black) observations. The OMI model overpass 
data are shown in green. Modified from (Grytsai et al., 2018)
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conditions strongly limit the number of Direct Sun measurements (Fig. 1.13a) 
which are of the best quality among all types of Dobson measurements, and 
Zenith Cloud data predominate (Fig. 1.13b). Zenith Cloud Dobson and OMI 
data usually do not exhibit systematical deviations except for the beginning of 
the observational season with high solar zenith angles. In this time range, the 
Dobson data are relatively lower.

In summary, the analysis of the total ozone relative diff erence between 
satellite and four high-latitude Dobson stations shows both individual features 
and common tendencies in the behavior of the diff erence in the period of 
the EP-TOMS operation (Figs. 1.10 and 1.11). A signifi cant increase in the 
diff erence dispersion obtained for the Antarctic stations Vernadsky, Halley, and 
Amundsen-Scott is observed during the spring months when the ozone hole 
develops (Fig. 1.10e). Th e duration of this eff ect is clearly limited to the ozone 
hole season, which indicates the infl uence of the dynamical variability in the 
ozone hole edge location on the disagreement between the satellite and ground-
based data. To a lesser extent, this eff ect is observed in the Vernadsky–OMI 
diff erence in the 2010s (Fig. 1.12).

Th e ozone hole eff ect was also investigated through the diff erence de-
pen dence on total ozone. As shown in Fig. 1.11, a signifi cant negative depen-
dence was observed on the low Dobson total ozone (≤220 DU, Antarctica), 
whereas the opposite tendency dominates in the range of high EP-TOMS total 
ozone (>220 DU, both Antarctica and the Arctic station Barrow). In general, 
agreement between the ground-based and satellite data is appropriate, with a 
mean diff erence of 1—2% for the four high-latitude stations. However, a larger 
data uncertainty under the ozone hole conditions is observed. In this case, the 
total ozone dependence is statistically lower for the satellite datasets. Based on 
the Vernadsky data in the 2010s, the dependence on total ozone seems to be 
decreased and Dobson measurements underestimate to some degree the total 
ozone at the beginning of the observational season in Antarctica, when solar 
zenith angles are high and total ozone values become low.

Taking into account these results, as well as the global coverage and high 
spatial resolution, the satellite measurements play an important role in the 
assessment of the Montreal Protocol’s eff ects on the ozone layer change over 
Antarctica. Ground-based ozone observations in Antarctica provide local 
diagnostics and independent data to validate the predicted ozone layer recovery. 
Further analysis of the data disagreement sources should concern both satellite 
and ground-based measurements to improve the accuracy of the assessments of 
the ozone layer state during the Antarctic spring.
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1.5. Total ozone changes over Kyiv-Goloseyev
1.5.1. Seasonal variations

Seasonal TOC variations in the atmosphere over Ukraine, by the Kyiv-Golose-
yev station Dobson spectrophotometer measurements (Milinevsky et al., 2012), 
are typical for the northern mid-latitudes (Fioletov and Shepherd, 2003). In 
general, we considered the Kyiv-Goloseyev total ozone data using daily total 
ozone averages from the six Dobson observation types (DSAD, ZBAD, ZCAD, 
DSCD, ZBCD, and ZCCD) processed similar to (Grytsai and Milinevsky, 
2014; see Section 1.2). Daily TOC variability during a year from DSAD data in 
Fig. 1.14a shows an annual cycle with maximum values in February-April at 
400—450 DU and minimum values in September-November at 250—300 DU 
(see also Fig. 1.4). Th e total ozone in the summer and autumn exhibits small 
day-to-day variations and the mean TOC values in these seasons are close in 
diff erent years.

Similar seasonality was documented by both measurements at Kyiv-Go lo-
seyev in 2010—2018 using Dobson spectrophotometer (DSAD, Fig. 1.14b, c) 

Fig. 1.14. Annual TOC cycle from the 
monthly means by M-124 observation in the 
Kyiv region (1997—2000, solid curve), MOD 
overpass data for Kyiv (1997—2000, dashed 
curve), and Nimbus-7 overpass data for Kyiv 
(1979—1993, dotted curve) (a); b — The daily 
TOC variations during the year according 
to ground-based DSAD measurements by 
Dobson spectrophotometer D040 at the 
Kyiv-Goloseyev station in 2010—2018; c —  
Average of daily DSAD values and its fit by 
polynomial regression of degree 3. Updated 
from: a — Milinevsky et al. (2012) and b — 
Grytsai and Milinevsky (2018)
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and historical data (Fig. 1.14a). Th e latter are presented in Fig. 1.14a by monthly 
means from the ground-based fi lter ozonometer M-124 data (Lisnyky station 
near Kyiv, 1997—2000, solid curve), Merged Ozone Data (MOD; overpass for 
Kyiv, 1997—2000, dashed curve; https://acd-ext.gsfc.nasa.gov/Data_services/
merged/), and the Nimbus-7 data (overpass for Kyiv in 1979—1993, when 
M-124 operated; dotted curve).

Because of data gaps in the Ukrainian M-124 network in the period of 
1979—1993, we used the Nimbus-7 archive of the daily overpass data over four 
ground-based M-124 stations in Kyiv, Lviv, Odesa, and Feodosia and for the 
same period from (Milinevsky et al., 2012). Th e stations cover the latitudes 
45—50N. Fig. 1.15a shows a partial TOC decrease in late March — early April, 
which interrupts the relatively monotonic TOC change around the seasonal 
maximum (as marked by the arrow). Th is feature is not seen in the monthly 
mean data (Fig. 1.15b) as the temporary ozone minimum appears in the month 
transition interval (late March to early April). Besides, this eff ect seems to have 
disappeared in the 2010s (Fig. 1.14a). By both amplitude and seasonal changes, 
the annual TOC cycle in Figs. 1.14 and 1.15 corresponds to the data in the 
1980—2000 period, 35—60N (Fioletov and Shepherd, 2003). 

Th e climatologies (Figs. 1.14b and 1.15b) give a reference annual TOC 
cycle for revealing the anomalous TOC levels over the station such as the 
temporary spring TOC minimum (Fig. 1.15a), low TOC values recorded in 
August 2010, which are most likely related to atmospheric pollution due to 
forest and peat wildfi res in Russia, and very low values of ~220 DU observed 
in October 2011, which can be correlated with the ozone mini-hole event 
(Milinevsky et al., 2012).

Fig. 1.15. Total ozone climatology for four Ukrainian stations by the Nimbus-7 TOMS 
V8 overpass data, 1979—1993 (https://ozoneaq.gsfc.nasa.gov/data/toms/): a — daily 
mean values and b — monthly mean values. Modified from (Milinevsky et al., 2012)
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1.5.2. Decadal trends

As noted in Section 1.2, the annual TOC mean over Kyiv is near 320 DU 
with a weak upward trend during the 2010s (Fig. 1.4). Th e annual means for 
diff erent types of measurements have insignifi cant distinctions. Minimal 
annual mean TOC values were observed in 2011 (318—322 DU depending on 
the measurement type) and the maximal annual TOC values were registered in 
2013, 2015, and 2018 (326—345 DU).

Annual TOC means in the 1980s—1990s were of about 340 DU (Figs. 
1.14b and 1.15). Th e Dobson measurements at Kyiv-Goloseyev in the 2010s 
demonstrate generally lower TOC values by about 20 DU (320 DU, Fig. 1.4). 
Th is is consistent with the long-term decrease observed in global ozone data 
(Chandra et al., 1996; Bodeker et al., 2005; Weber et al., 2018). Figure 1.16a 
illustrates the decadal decrease in the total ozone over Kyiv in 1973—  1997 by 
the ozonometer M-124 data. Th e trends were estimated for the seasonal TOC 
maximum in February-March and minimum in October-November separately 
(upper and lower curve, respectively). Despite some data gaps noted above, 
the negative trends are reliably detected and are statistically signifi cant at the 
95% confi dence limit: –12.7 1.7 DU decade–1 and –6.9 2.2 DU decade–1, 
respectively.

Th e spatial and temporal distributions of the TOC trends over the territory 
of Ukraine (43.5—52.2°N, 22—40°E) based on satellite observations in the 
last decades (1979—2014) with the TOMS and OMI spectrometers were also 
analyzed (Mogylchak and Milinevsky, 2017). As shown in Fig. 1.16b, the TOC 
decrease is 15—20 DU in the whole latitude range. About of 5 DU increase 
is observed from south to north (compare curves 1 and 4) according to the 
mean poleward TOC tendency. Unlike previous decades, the observations in 
the 2010s reveal a weak positive trend (Fig. 1.4) as an indication of the ozone 
layer recovery (Dameris and Godin-Beekmann, 2014; Chipperfi eld et al., 2017; 
Weber et al., 2018; Langematz and Tully, 2018).

1.5.3. Ozone profiles by Umkehr measurements

Th e altitude ozone profi le measurements serve as a data source for the in ves ti-
gation of atmospheric dynamics, as well as vertical ozone transport associated 
with the Brewer-Dobson circulation (Leblanc et al., 2004; Butchart, 2014). Th e 
previous study of altitude variations of ozone concentration above Kyiv was 
carried out within 2005—2008 using ground-based Fourier Transform Infrared 
(FTIR) spectrometric observations (Shavrina et al., 2010).

To explain the origin of ozone anomalies over Kyiv, Dobson Umkehr 
obser va tions of the vertical ozone distribution started in May 2010. Th e 
Umkehr method is based on the phenomenon of changes in ultraviolet 
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radiation absorption by stratospheric ozone, varying with the wavelength and 
zenith angle (Petropavlovskikh et al., 2005). Th e absorption ratio between 
weakly- and strongly-absorbed wavelengths is used as an indicator parameter. 
Observations at large zenith angles show that this magnitude fi rst increases 
and then starts decreasing, which is caused by the Earth’s sphericity and the 
irregularity of vertical ozone distribution. Th is technique involves observations 
according to a specifi c schedule of various Sun zenith angles during sunset/
sunrise. Th e TOC values from standard Direct Sun measurements were used 
for ozone profi le calculation. Th e observation data were processed using the 
WOUDC soft ware, with the assumption that the Earth’s atmosphere is divided 

Fig. 1.16. Long-term TOC trends from 
historical M-124 observations in Kyiv 
in 1973—1997 for seasonal maximum 
(February-March, upper curve) and sea-
sonal minimum (October-November, 
lower curve) (a); b — The averaged TOC 
values over the sequential sub-periods of 
1979—2014 for four latitudinal bands of a 
1-degree width over the territory of Ukraine 
(longitudinal segment 22—40 °E) centered

at 1) 43.5°, 2) 46.5°, 3) 49.5°, and 4) 52.5°N; the TOMS and OMI data. c — DSAD annual 
mean TOC values from Dobson measurements at Kyiv-Goloseyev; vertical bars are 
standard deviations. Modified from: a — Milinevsky et al., 2012, b — Mogylchak and 
Milinevsky, 2017, and c — Milinevsky et al., 2018), updated
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into 10 homogeneous layers, using the Dobson C-Umkehr retrieval algorithm 
(Matter and de Luisi, 1992). Th e soft ware outputs a set of values depicting 
the ozone distribution by height, averaged through the period of observation. 
Th e Umkehr observations at the Kyiv-Goloseyev station are illustrated in 
Fig. 1.17a by the results of 2013.

Th e observation dates are listed on the right-hand side of the plot 
in Fig.  1.17a. Th e winter-spring profi les have the lowest height of ozone 
maximum, at about 15 km (pink curve in Fig. 1.17a), when the ozone-rich 
fi laments of the polar stratospheric air appear over the station (Fig. 1.17b; see 
also the TOC anomalies around the Kyiv-Goloseyev station in Fig. 1.1). Due 
to the intense Brewer-Dobson circulation in winter-spring (Butchart, 2014), 
the anomalously high TOC levels are concentrated over the polar region. 
However, the spatial (horizontal) ozone distribution is disturbed by planetary 

Fig. 1.17. Vertical ozone profiles over 
Kyiv-Goloseyev in 2013 from the Umkehr 
measurements (a). Modified from (Mili-
nevsky et al., 2012); b and c — OMI total 
ozone in the NH in 2013: spring (March 18) 
and summer (August 9), respectively, for the 
explanation of the anomalous and typical 
ozone profiles shown in a with pink and 
green curves, respectively
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wave activity, and large ozone heterogeneity is formed, particularly, within 
mid-latitude “surf zone” (McIntyre and Palmer, 1984). Th e penetrations of the 
high-TOC Arctic anomalies into the NH mid-latitude zone are clearly seen 
in the satellite images (Figs. 1.1 and 1.17a). Th erefore, the vertical ozone 
distribution on 18 March 2013 displays the profi le with a low-altitude maximum 
(15 km, pink curve in Fig. 1.17a) typical for polar stratospheric air masses 
(Fig. 1.17b; the high TOC level of 415 DU was observed with the Dobson D040 
on this date, not shown). Such a type of ozone profi le is formed as a result of 
ozone increase at 15—20 km due to mean transport processes (Dütsch, 1974; 
Tegtmeier et al., 2008).

In the undisturbed conditions, the rest of the profi les show vertical ozone 
distributions typical for the northern mid-latitudes (Dütsch, 1974) with a 
maximum height over the Kyiv-Goloseyev station of about 22 km (Fig. 1.17a) 
under the conditions of the mean TOC level of 300—350 DU (Fig. 1.4), which 
are also typical for these latitudes (Fioletov and Shepherd, 2003). Th e green 
curve in Fig. 1.17a demonstrates a case of relatively low TOC level observed 
over Kyiv-Goloseyev on August 9, 2013 (Fig. 1.17c; 303 DU from the Dobson 
D040 observations, not shown). Th e vertical ozone profi les above Kyiv studied 
with the FTIR spectrometer in spring and summer 2007 showed ozone maxima 
at 20—30 km (Shavrina et al., 2010), which agree with the Umkehr data in 
Fig. 1.17a. Th erefore, the presented Umkehr ozone profi les and satellite images 
(Fig. 1.17) can explain the origin of anomalously high TOC levels locally and 
temporarily observed in the mid-latitude zone. Th e main factors are enhanced 
vertical ozone transport in descending branch of Brewer-Dobson circulation and 
horizontal penetration of high-ozone Arctic air disturbed by planetary waves.

1.6. Total ozone changes over Vernadsky, Antarctica
1.6.1. Seasonal variations

Th e total ozone column in the Antarctic region has been derived from ground-
based observations beginning in the 1950s (Solomon et al., 2005). Th e British 
Antarctic Survey (BAS) Faraday station (Vernadsky since 1996, see Section 
1.1) locates on a small island near the western shore of the Antarctic Peninsula 
(indicated as Vernadsky in Figs. 1.1, 1.9a, and 1.18). As noted in Section 1.1, 
observations at the two BAS stations Halley and Faraday served to ozone hole 
discovery in the mid-1980s. Th e ozone hole phenomenon is due to chemical 
reactions at the altitudes of the stratospheric maximum in the vertical 
distribution of ozone (Solomon et al., 1986; Perlwitz et al., 2008; Langematz, 
2019). Th e development of the ozone hole is due, among other processes, to the 
features of the stratospheric circulation over Antarctica. In winter, a polar vortex 
is formed. It isolates the polar air masses from the mid-latitudes. Th at leads 
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to a decrease in temperature in the atmosphere over the Antarctic continent 
and prevents the meridional mixing and recovery of ozone stocks in the spring 
(Shepherd, 2003).

Measurements of total ozone column at Vernadsky continue the data sets 
obtained at Faraday (since 1957, Faraday/Vernadsky dataset hereaft er) and now 

Fig. 1.18. The OMI total ozone maps south of 20°S on (a) 17 September and (b) 25 
September 2019 demonstrate traveling planetary wave influence on migration of the 
TOC anomalies over the Vernadsky station in the ozone hole season. The low TOC value 
inside the ozone hole (187/185 DU) and high TOC value outside the ozone hole (374/400 
DU) were observed over the station by the OMI/Dobson instruments on dates (a) and 
(b), respectively

Fig. 1.19. Seasonal differences in the interannual TOC variations in late winter (August, 
black), spring (September-November, blue), summer (December-February, red) (a), 
and autumn (March and April, green) by Dobson spectrophotometer measurements 
at Faraday/Vernadsky in 1957—2015; (b) Time series of the daily TOC values during 
several observational seasons. Adapted from (Grytsai et al., 2018)
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they together cover more than six decades. Generally, ozone observations in 
the Antarctic region reveal daily, seasonal, interannual, and decadal changes. 
Daily variability in the spring (September-November, the ozone hole season) 
is associated with disturbances of the stratospheric polar vortex by planetary 
waves (PW). Due to the large vortex asymmetry relative to the South Pole and 
the large diff erence in total ozone inside and outside the vortex (Wirth, 1993; 
Grytsai et al, 2007), traveling planetary waves can bring occasionally low or 
high ozone levels over Vernadsky (Fig. 1.18a,b, respectively; see also Subsection 
1.6.2 below and the following Chapter 3).

Before the early 1980s, the seasonal cycle of total ozone in the Antarctic 
region had shown maximal values during the spring season (September-
November in 1950s—1970s, blue in Fig. 1.19a; days 62—153 in 1972 and 1979, 
blue and green, respectively, in Fig. 1.19b).

Since the early 1980s, the spring total ozone has decreased from 300—400 
to 150—200 DU due to the ozone hole formation (Fig. 1.19). Th e ozone hole 
TOC level at 220 DU (see Section 1.1) is indicated by the horizontal line in Fig. 
1.19b. Aft er the ozone hole recovery, for the most part of the year, there is no 
signifi cant TOC variability, and slow seasonal changes are observed (Fig. 1.19b). 
On the decadal time scale, the ozone hole deepening ceased in the mid-1990s 
(vertical line in Fig. 1.19a; see Subsection 1.6.3 below).

Large anomalies in the seasonal evolution of the ozone hole were observed 
in 2002 and 2019, when the ozone holes were anomalously small in size, short 
in duration, and low in the stratospheric ozone loss (Allen et al., 2003; Stolarski 
et al., 2005; Milinevsky et al., 2019). Th e role of dynamical activity in the 
preconditioning of the ozone hole anomalies is considered in Chapter 6.

1.6.2. Impact of traveling planetary waves

Th e polar vortex is not symmetric relative to the South Pole, being under the 
infl uence of large-scale planetary waves as noted in Subsection 1.6.1 (Fig. 1.18). 
Th e maximum PW activity in the SH is observed in the spring (Randel, 1988; 
Hio and Hirota, 2002), and the dynamical eff ects of PW lead to large meridional 
and zonal migrations of the TOC anomalies over Antarctica (Figs. 1.18 and 
1.20). Th e largest amplitudes in the Antarctic stratosphere are observed in 
the quasi-stationary waves with a zonal number (the ratio of the length of the 
parallel to the wavelength) m = 1 and the traveling (or transient) waves with 
m = 2 (Randel, 1988; Quintanar and Mechoso, 1995; Hio and Hirota, 2002).

A common indicator of the existence of PW in the lower stratosphere is 
TOC variations since ozone amount has a clear altitudinal maximum in this 
stratospheric layer (Solomon et al., 1986; Randel, 1993; Salby and Callaghan, 
1993). Accordingly, planetary wave impacts are well-known from the satellite 
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global TOC maps (Figs. 1.1, 1.18, and 1.20). Th e predominant eff ect of a quasi-
stationary wave with m = 1 is a stable meridional displacement of the ozone 
hole relative to the pole toward the Atlantic longitudinal sector, and zonal 
wave m = 2 is associated with the vortex elongation (Waugh and Randel, 1999; 
Grytsai et al., 2007). Both wave manifestations are clearly seen in Figs. 1.18 
and 1.20. Th e consistency of the shape and asymmetry of the ozone hole and 
the stratospheric polar vortex as well as the correspondence between the OH 
and vortex dynamical evolution are illustrated in Fig. 1.20. Th e OH edge at 
TOC = 220 DU (white and black thick contours on the left  and right plots, 
respectively, in Fig. 1.20) is located inside the area with a maximum speed of 
the zonal wind of 40—80 m·s–1 at the vortex edge (colored contours on the right 
side of Fig. 1.20).

Th e analysis of the quasi-stationary planetary wave characteristics in the 
TOC distribution over the Antarctic region in the spring is given in Chapter 3. 
Here we consider the TOC variations over Vernadsky due to the traveling PW 
impact on the ozone hole edge location relative to the station.

Th e local eff ects of PW traveling in the Antarctic stratosphere are illustrated 
in Fig. 1.21. As in the cases of 2006 (Fig. 1.20) and 2019 (Fig. 1.18), but several 
times repeatedly, the Antarctic Peninsula (and the Vernadsky station) in 1999 
was under both the outer and inner regions of the ozone hole (Fig. 1.21a—c 

Fig. 1.20. Correspondence of the asymmetric location of 
the ozone hole and stratospheric polar vortex relative to the 
South Pole on October 4 and October 16, 2006. The ozone 
hole edge at TOC < 220 DU is shown by (a, c) white and (b, 
d) black contours. Vernadsky’s location is indicated by (a, 
c) open and (b, d) closed circles. The contours of maximum 
zonal wind speed at the 30-hPa pressure level for the same 
dates are limited by the ranges of (b) 35—88 m·s–1 and (d) 
40—78 m·s–1 to highlight the polar vortex shape, location, 
and size. It is seen from (b, d) that the ozone hole edge just 
fits into the polar vortex. Modified from (Grytsai, 2007)
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and Fig. 1.21f—h, respectively) with high-ozone mid-latitude air and low-
ozone polar air, respectively. Th is event caused periodic TOC oscillations over 
Vernadsky observed in November — early December 1999 (Fig. 1.21d).

In Fig. 1.22, the time series for Vernadsky (lower curve) are presented 
together with those for the two BAS stations Rothera and Halley (middle and 
upper curves, respectively) located by latitude closer to the South Pole than 
Vernadsky by 3° and 11°, respectively. Th e Rothera station is also located on the 
Antarctic Peninsula, and Halley is located to the East of the Antarctic Peninsula, 

Fig. 1.21. Formation of high-amplitude TOC oscillations over the Vernadsky station in 
November-December 1999 due to the traveling planetary waves: a—c, f—h — TOC fields 
from the satellite OMI observations on the dates of the oscillation extremes; Vernadsky 
(Halley) station is indicated by small white (light-blue) circle; the 65°S latitude is shown 
by a black circle; white contour marks the ozone hole edge at 220 DU; d — Ground-
based observations at Vernadsky; e — Oscillation periodicity from the wavelet analysis. 
Modified from (Grytsai, 2007)
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on the ice shelf of the Weddell Sea. Th e highest amplitude and regularity of 
periodic oscillations are seen over Vernadsky (Fig. 1.22). Th is is evidence of the 
strongest infl uence of the ozone hole edge deformation and displacements on 
the TOC variations at the Vernadsky latitude. As distinct from Vernadsky (65S) 
and Rothera (68S), Halley (76S) in November 1999 was under a uniformly 
low TOC fi eld inside the ozone hole (light-blue circle in Fig. 1.21 and upper 
horizontal line at 220 DU in Fig. 1.22).

Th e total duration of the strong TOC oscillations covers November and 
the fi rst week of December. During this time, the amplitude of the oscillations 
increased from 120 to 160 DU (dashed lines in Fig. 1.21d), i.e. became the 
biggest at the beginning of the austral summer. Aft er the fi nal destruction of 
the polar vortex, in the second half of December, the TOC values were about 
300 DU over Vernadsky and Rothera and about 270 DU over Halley (Fig. 1.22).

In order to reveal the origin of long-lasting harmonic TOC oscillations and 
diff erences observed at the three stations, the changes in the daily TOC fi elds over 
Antarctica according to the EP-TOMS satellite instrument were considered. Th e 
TOC maps for 6 dates, when the maximum and minimum TOC were observed 
over Vernadsky, are shown in Fig. 1.21 (top and bottom panels, respectively).

It has been shown in (Salby and Callaghan, 1993) that much of the variability 
in ozone content can be explained by the horizontal displacement of part of 
the atmosphere column in the lower stratosphere, where the ozone maximum 
is located. Th e PWs provide the main contribution to these displacements 
resulting in the increase in the TOC variability over the Antarctic Peninsula in 
1999, as illustrated in Figs. 1.21 and 1.22.

Fig. 1.22. The TOC measurements in 
winter-spring 1999 and early summer 
2000 at the Antarctic stations (top 
to bottom): Halley, Rothera, and 
Vernadsky. The time interval of 
periodic oscillations in November — 
early December illustrated in Fig. 
1.21 is marked with dashed lines. 
Horizontal lines show the ozone 
hole level at 220 DU. Modified from 
(Grytsai et al., 2005)
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1.6. Total ozone changes over Vernadsky, Antarctica

Under the polar vortex conditions, the predominance of one of the zonal 
harmonics in the PW spectrum can give a picture of quasi-harmonic deformations 
in the zonal fl ow structure. In the event of 1999, the eff ects of the ozone hole 
elongation and rotation clockwise were dominant (Fig. 1.21a—c, f—h), which 
correspond to the PW (m = 2) eastward traveling. Th e uniqueness of the 1999 
event consists in the fact that the passage of the traveling wave ridge/trough over 
the station was repeated four times, and the TOC changes exceeded 150 DU. Th e 
oscillation period was about 7 days (dashed line in Fig. 1.21e).

In this case, the contribution of PW (m = 1) resulted in the progressive 
ozone hole shift  toward South America from late November to early December 
(Fig. 1.21g and 1.21h). Th erefore, more and more a low TOC amount appeared 
over the Vernadsky station from the ozone hole inner regions. At the end of 
the event, the ozone hole edge was located between the South Pole and the 
South Atlantic and was extended to about 50°S (December 4, 1999; Fig. 1.21h). 
According to the Vernadsky data, this tendency was observed as a gradual 
decrease in the TOC minima occurring faster than in the TOC maxima 
(Fig. 1.21d, dashed lines).

1.6.3. Decadal trends

Th e negative TOC trend in the austral spring in Antarctica during the 1980s 
and early 1990s is known from many researches (Zou and Gao, 1997; Solomon, 
1999; Bodeker et al., 2005; Weber et al., 2018; Langematz and Tully, 2018). Th ree 
observation periods associated with the visible changes in the Antarctic ozone 
can be separated. Period 1 of the ‘normal’ Antarctic ozone level lasted until the 
early 1980s. Th en intense spring ozone depletion took place until the mid-1990s 
(Period 2). Th is led to a global decline in the TOC annual mean level (Weber et 
al., 2018). Th e stabilization and the appearance of signs of ozone layer recovery 
are attributed to the middle and second half of the 1990s (Period 3). Th ese 
tendencies in the TOC changes over the southern polar region have been well 
established (Dameris and Godin-Beekmann, 2014; Chipperfi eld et al., 2017; 
Weber et al., 2018; Langematz and Tully, 2018).

If the interannual variations are smoothed out by moving 5-year averages, 
the TOC minima south of 40S show nearly linear negative trend in the 1980s 
and early 1990s (Fig. 1.23a). However, the Antarctic TOC trend has been 
changing since the late 1990s. Even if we ignore the contribution of the spring 
of 2002 with an abnormally high level of the Antarctic ozone (Allen et al., 2003), 
we can still conclude that the negative TOC trend has been reversed since the 
second half of the 1990s (Fig. 1.23a).

Similar changes also follow from analysis of the ozone hole area: its growth 
has reduced and changed to stabilization or decrease since the late 1990s 
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(Fig. 1.23b). Th is trend is seen for the entire spring period, i.e. in September, 
October, and November.

Th e changing trend is observed also in the annual TOC mean from the 
measurements at Faraday/Vernadsky since the late 1950s (Fig. 1.24a). In the 
period 1981—1995, the TOC level over the station decreased by 50 DU and 
then increased by 10 DU. Spring TOC minimum at the station latitude is 
usually observed in September and October (Figs. 1.4 and 1.19). To characterize 
the diff erence between the spring and summer rates of decadal TOC changes, 

Fig. 1.23. The moving averages with 5-year adjacent windows of (a) the TOC minimum 
south of 40°S and (b) the ozone hole area (TOC < 220 DU) in the austral spring months 
September, October, and November. The NASA Ozone Watch data (https://ozonewatch.
gsfc.nasa.gov/). Updated from (Grytsai et al., 2010)

Fig. 1.24. Changes in the TOC levels over Faraday/Vernadsky over 1957—2019 from 
(a) annual average with a polynomial approximation of degree 3 (thick curve) and (b) 
September and January monthly means (solid and dotted curves, respectively) as an 
illustration of the different decadal TOC changes observed in austral spring and summer. 
Updated from (Evtushevsky et al., 2010)
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1.7. Summary

Fig. 1.24b shows the time series for September and January (solid and dotted 
curves, respectively). In September 1980—2000, the TOC levels decreased 
by almost 100 DU, which is close to the decrease by 70—80 DU over the SH 
polar cap (60—90°S) in September of the same period (Weber et al., 2018; their 
Fig.  11a). In January, the ozone layer over the station is rather stable with a 
small negative trend.

By Langematz and Tully (2018), the total column ozone over Antarctica 
in springtime was increased from 2000 to the mid-2010s with a mean rate 
estimated to be between 5 and 10% decade−1. It was concluded that, due to 
declining anthropogenic halogen levels (known as Stage 2 of Antarctic ozone 
recovery), the early signs of ozone recovery become apparent. Th e signifi cance 
of the derived trends rises for the month of September when the dynamical 
activity of the Antarctic polar vortex is small and chemical ozone depletion 
is not as saturated as in October (Langematz and Tully, 2018). Indeed, as can 
be seen in Fig. 1.23, the September TOC time series (dashed curves) show the 
lowest level of interannual variability among the spring months, which favors a 
more accurate estimation of the trend.

1.7. Summary

Th e Dobson spectrophotometer has been used in Ukraine since 1996, aft er the 
transfer of the British Antarctic Survey Base Faraday to Ukraine. At the Ukrainian 
Antarctic station with the new name Vernadsky, the instrument D031 continues 
one of the longest time series of the Antarctic ozone measurements (Gritsai et 
al., 2000; Grytsai et al., 2007; 2018; Evtushevsky et al., 2008; Kravchenko et al., 
2009; Milinevsky et al., 2012).

In 2010, the project of high-quality ozone observations in Ukraine was 
successfully launched (Milinevsky et al., 2012; Grytsai and Milinevsky, 2018). 
Th e TOC measurement using the Dobson spectrophotometer started at the 
newly established Global Atmosphere Watch (GAW) regional station Kyiv-
Goloseyev (STN 498 with GAW ID KGV; http://gaw.empa.ch/gawsis/, 50.364 °N, 
30.497°E, 206 m a.s.l.). Aft er the relocation of Dobson spectrophotometer D040 
from the Royal Meteorological Institute of Belgium to the Taras Shevchenko 
National University of Kyiv in Ukraine, it was fi rst calibrated in 2010 in the 
Solar Ozone Observatory in Hradec Králové, Czech Republic using the 
reference instrument D074. Th e error of the comparison of Dobson D074 and 
Dobson D040 spectrophotometers using standard AD DS observations in pairs 
of wavelengths A and D was below 0.8% in the range of μ = 1.15—3.20. 

Th e results of the following intercomparison in the Meteorological 
Observatory Hohenpeissenberg in Germany in 2015 showed that the highest 
total ozone diff erence of the instrument D040 standard AD DS observations 
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against the reference instrument D064 in the μ range 1.15 to 2.5 is below 0.2%. 
Th e highest diff erence was about –1.4% at μ = 3.2. Th e accuracy of the TOC daily 
mean values is about 2.8—3.7 DU. Th e average accuracy of the TOC observations 
at the Kyiv-Goloseyev station is about 1%. Th e comparison indicates a good 
match between the Kyiv-Goloseyev and satellite data. Th e average diff erence 
between the two data sequences Dobson—OMI and Dobson—SCIAMACHY 
is about 1.6 DU.

Th e D040 measurements at Kyiv-Goloseyev were used to calibrate the fi lter 
ozonometer M-124 (Grytsai et al., 2016) and to estimate the diff erence from 
the satellite data obtained over the station (Grytsai and Milinevsky, 2013; 2014; 
2018). Th e ground-based-satellite comparisons were made using the M-124 
observations near Kyiv, as well as the Dobson 031 observations at Vernadsky. 
Th e dependences of the ground-satellite diff erences on the observation 
conditions were analyzed, in particular, on the (i) solar zenith angle, (ii) cloud 
cover presence, (iii) season (with particular attention to the ozone hole season 
in Antarctica), and (iv) total ozone level (including mid-latitude and polar 
regions). Th ese results are presented in (Gritsai et al., 2000; Kulinich et al., 2005; 
Evtushevsky et al., 2008; Kravchenko et al., 2009; Grytsai and Milinevsky, 2013; 
2014; 2018; Grytsai et al., 2018).

Seasonal and decadal TOC changes over Vernadsky and Kyiv-Goloseyev 
have been studied. Th e signs of the ozone layer recovery in the 2010s are 
apparent in both regions (Subsections 1.5.2 and 1.6.3), in agreement with the 
global assessments of ozone depletion and recovery (e.g., WMO, 2018).

Examination of the anomalous events highlights the role of the PW in 
the large TOC deviations relative to the mean climatology. At the Vernadsky 
location, the ozone hole edge deformations and displacements caused by PW 
eff ects play an important role in the TOC variability from day to day (Subsection 
1.6.2; Figs. 1.18, 1.20—1.22). In the case of the NH mid-latitude station Kyiv-
Goloseyev, the intrusions of the high-ozone polar air in the winter-spring 
season of intense PW activity contribute to the anomalous TOC increase. Th ey 
lead not only to the appearance of peak TOC levels (Figs. 1.1, 1.14a, and 1.17b) 
but also to a signifi cant modifi cation of the vertical ozone profi le retrieved from 
the Umkehr observations (Subsection 1.5.3; Fig. 1.17a).

Th e ozone measurements in Ukraine carried out in cooperation with 
TSNUK, MAO, and NASC, have initiated investigations in many areas of 
atmospheric dynamics, such as NH mid-latitude ozone variability associated 
with the stationary centers of action and Brewer-Dobson circulation, the 
infl uence of planetary waves and teleconnection on the SH stratosphere and 
ozone hole seasonal evolution and prediction (Sections 1.2—1.6).
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2.1. Introduction
Seasonal change in the total ozone column (TOC) in the extratropics is deter-
mined by wintertime ozone build-up in the stratosphere due to the meridional 
Brewer-Dobson circulation (BDC) and slow photochemical ozone decay in 
the following seasons (Dobson, 1956; Fusco and Salby, 1999; Fioletov and 
Shepherd, 2003; Miyazaki et al., 2005; Weber et al., 2011; Butchart, 2014). In the 
mid-latitudes of both hemispheres, the zonal mean TOC anomalies established 
in the winter season can persist until the end of the following autumn and then 
are rapidly erased once the following winter’s build-up begins (Fioletov and 
Shepherd, 2003; Weber et al., 2011).

In the Northern Hemisphere (NH) mid-latitudes, winter-spring maximums 
and autumn minimums in the annual TOC cycle are clearly seen from the ozone 
measurements made by both ground-based (Sekiguchi and Kida, 1971; Rieder 
et al., 2011; Smedley et al., 2012; Krzyścin et al., 2013) and satellite (Randel and 
Wu, 2002; Salby and Callaghan, 2002; Fioletov and Shepherd, 2003; Miyazaki 
et al., 2005; Zou et al., 2005) instruments. Th is cycle is also seen from the daily 
ozone measurements in Ukraine (Chapter 1; Figs. 1.4, 1.14, and 1.15) and from 
the monthly means on polar maps (Fig. 2.1).

In the meridional direction, seasonal enhancement in the BDC intensity 
is accompanied by a poleward increase in stratospheric ozone accumulation. 
Th is, in turn, leads to an increase in the annual TOC cycle amplitude between 
middle and higher latitudes (Sekiguchi and Kida, 1971; Iwasaki and Kaneto, 
1984; Miyazaki et al., 2005; Antón et al., 2011). As the total ozone column is 
dominated by the stratospheric ozone (Wirth, 1993; Salby, 1996), a similar 
annual cycle (AC) is observed in the zonal mean climatology of the stratospheric 
part of the ozone column derived from the MLS measurements (e.g., Ziemke et 
al., 2011, their Fig. 10). 

Th e poleward increase in the winter-spring TOC levels in the NH is 
associated with the earlier time of seasonal TOC maximum: from April at mid-
latitudes (Fioletov and Shepherd, 2003; Smedley et al., 2012; Rieder et al., 2011; 
Krzyścin et al., 2013) to February-March at high latitudes (Bojkov and Fioletov, 
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Fig. 2.1. Climatologies of the monthly mean TOC distributions in the NH middle/high 
latitudes 40—90°N over the 34-year period 1979—2012. Data of the Twentieth Century 
Reanalysis Monthly Composites, Version 2, were used along with images provided 
by Physical Sciences Division, Earth System Research Laboratory, NOAA, Boulder, 
Colorado, at http://www.esrl.noaa.gov/psd/data/20thC_Rean/. The white ring indicates 
mid-latitude zone 50—55°N, and the 10°-longitude graduations show 36 segments, in 
each of which the annual TOC cycles have been analyzed. The white circle marks the 
location of the Kyiv-Goloseyev Dobson station (50.4°N, 30.5°E; Kyiv, Ukraine). Modified 
from (Evtushevsky, 2014)
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1995; Randel and Wu, 2002; Miyazaki et al., 2005). Along with the latitudinal 
dependence, regional distinctions in the annual TOC cycle related to large-scale 
PW structure in the NH mid-latitudes have been noted (Sekiguchi and Kida, 
1971; Iwasaki and Kaneto, 1984; Evtushevsky, 2014; Evtushevsky et al., 2014). 
As in the latitudinal tendency, the annual TOC cycle amplitude is larger and the 
annual maximum appears earlier in the regions of increased TOC levels.

Due to the dominance of quasi-stationary wave 1 (QSW1) (see Chapter 3 
for characterization of the quasi-stationary PW), steady zonal asymmetry in 
the climatological TOC distributions over the NH exists (Hood and Zaff , 1995; 
Efstathiou et al., 2003; Nikulin and Karpechko, 2005; Peters et al., 2008). As 
known, QSW1 can modulate the longitudinal TOC distribution through (i) 
the tropopause eff ect above the tropospheric pressure systems (Hood and Zaff , 
1995), (ii) the zonal asymmetry in the stratospheric BDC (Gabriel et al., 2011; 
Demirhan Bari et al., 2013), and (iii) the stratospheric polar vortex displacement 
relative to the pole (Waugh and Randel, 1999). Zonal anomalies in tropospheric 
and stratospheric circulation can diff er in their seasonal changes. In the NH 
extratropics, for example, the annual TOC maximum (March-April) lags 
tropospheric wave activity maximum (January) by about three months (Salby 
and Callaghan, 2002), which reflects the additional time for the tropical ozone-
rich air involved in the BDC due to the wave activity to reach the extratropics. 
Th e transport time scale of 3–6 months for the stratospheric ozone anomalies 
between the equatorial and NH extratropical regions was also determined by 
(Tegtmeier et al., 2010).

Figure 2.1 shows the seasonal evolution of the zonal TOC asymmetry 
obtained using climatological monthly mean TOC fi elds over the latitudes 
40—90°N. Th e ozone data and images of the 20th Century Reanalysis (R20C), 
Version 2 (Compo et al., 2011; https://www.psl.noaa.gov/data/20thC_Rean/) for 
the period 1979—2012 were used. As seen, the strongest zonal TOC asymmetry 
exists in winter and spring (the upper two panels in Fig. 2.1).

Th e highest TOC levels of 400—450 DU (yellow and red in Fig. 2.1) are 
most frequently observed in the upper right quadrant (90—180E) of the polar 
maps in winter and around 180E in spring. Th ey are concentrated near the 
zone 50—55N (white ring in Fig. 2.1). Th e zonal TOC maximum appears due 
to combined eff ects of tropopause lowering over the Aleutian Low (Hood and 
Zaff , 1995) and the intensifi ed BDC ozone transport in this region (Gabriel et 
al., 2011; Demirhan Bari et al., 2013). Here, annual TOC extremes can appear 
early, in February and August (maximum and minimum, respectively; e.g., 
Sekiguchi and Kida, 1971).

In the stratospheric polar vortex region, the lowest TOC levels in autumn, 
winter, and spring (290—320 DU, purple in Fig. 2.1) are displaced relative 
to the North Pole toward the Atlantic, Europe, and West Asia (longitudinal 
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range 60°W — 90°E). As noted above, the vortex off -pole location due to the 
QSW1 infl uence (Waugh and Randel, 1999) contributes to the zonal minimum 
formation in the NH mid-latitudes. Climatological ACs in the region of 
zonal TOC minimum, as observed at the European stations, demonstrate 
the appearance of the annual TOC extremes later by 2—3 months (April and 
October-November for annual maximum and minimum, respectively (Rieder 
et al., 2011)) than in the opposite longitude sector of zonal TOC maximum.

Statistically, this eff ect has been studied using climatology of the annual 
TOC cycles along the zone 40—60°N with a 30°-step in longitude (Evtushevsky 
et al., 2014). It was shown that the AC development in East Asia (120—150°E, 
zonal TOC maximum) occurs 2 to 3 months earlier than in East Atlantic (0—
30°W, zonal TOC minimum). Th is means that similar to the zonal asymmetry in 
both the TOC distribution and the decadal TOC trends (Hood and Zaff , 1995; 
Efstathiou et al., 2003; Peters et al., 2008; Zou et al., 2005; Zhang et al., 2019), 
the annual TOC cycle in the NH mid-latitudes is also longitude-dependent and 
modulated by the quasi-stationary wave (QSW) structure.

Most previous works, where the ozone seasonality was determined, used a 
zonal mean (Bowman and Krueger, 1985; Randel and Wu, 2002; Fioletov and 
Shepherd, 2003; Miyazaki et al., 2005; Tegtmeier et al., 2010) or local (Rieder et 
al., 2010; Smedley et al., 2012; Krzyścin et al., 2013) and regional (Sekiguchi and 
Kida, 1971; Iwasaki and Kaneto, 1984; Antón et al., 2011; Rieder et al., 2011) 
ozone data. Th ey established latitudinal dependences or local and regional 
properties of the annual TOC cycle. Th e month-longitude dependence of total 
ozone in zone 50—60°N has been presented by Zou et al. (2005, their Fig. 1), 
however, low resolution (contour interval 20 DU) makes it diffi  cult to identify 
AC diff erences in the regions of the zonal TOC anomalies. In this chapter, we 
discuss the longitudinal dependence of the annual TOC cycle in the NH mid-
latitudes and the main causes of this dependence.

In Chapter 1 we described the observations with the Dobson spect ro-
photometer at the Kyiv-Goloseyev station (Northern Ukraine; marked with a 
white circle in Fig. 2.1). Th ey reveal seasonal TOC changes (see Figs. 1.4, 1.14, 
and 1.15), which are typical for mid-latitude Europe (Antón et al., 2011; Rieder 
et al., 2011; Krzyścin et al., 2013). Th e climatological AC development in the 
station location region in comparison with that along the entire adjacent zone 
50—55°N (white ring in Fig. 2.1) is considered below. Th is comparison was 
partially done in (Evtushevsky et al., 2014; Evtushevsky, 2014). Here, we identify 
the longitudinal boundaries of the regions with anomalous annual TOC cycles 
and discuss possible relationships between the tropospheric and stratospheric 
contributions to the AC anomaly occurrence.
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2.2. Data and method
Th e merged ozone dataset (MOD) based on Version 8 of the Solar Backscatter 
Ultraviolet (SBUV) observing system and Total Ozone Mapping Spectrometer 
(TOMS) data (Frith et al., 2014) was used. Th e 5° latitude by 10° longitude 
gridded means from the MOD data over 1979—2011 (http://acd-ext.gsfc.nasa.
gov/Data_services/merged/previous_mods.html) were analyzed.

Th e zone 50—55°N was chosen (Fig. 2.1, white ring), which includes 
northern Ukraine with the station Kyiv-Goloseyev (50.4N) and passes through 
the zonal TOC maximum and minimum in winter and spring (Fig. 2.1, two 
upper panels). Th e AC climatologies were analyzed successively in the 36 
longitude segments with the 10° step along the entire zone 50—55°N, as marked 
by radial gridlines on the white ring in Fig. 2.1. Th e spatial resolution of 5 10° 
by latitude and longitude is several times higher than 20 30° in (Evtushevsky 
et al., 2014), which provides more accurate identifi cation of anomalous AC 
regions (Evtushevsky, 2014). Th e 5 × 10° segment for 50—55°N corresponds 
to the horizontal sizes of 550  700 km in the meridional and zonal directions, 
respectively.

Additionally, the SBUV Merged Overpass Data were used (https://acd-
ext.gsfc.nasa.gov/anonft p/toms/sbuv/MERGED/) to compare the infl uence 
of the vertical ozone distribution on the regional AC anomaly formation. 
We examined also the relationship between the seasonality in the TOC and 
tropospheric pressure systems. It was characterized by the sea level pressure, 
geopotential height at the pressure level 500 hPa (~6 km), and tropopause 
height in the latitudinal band 50—55°N. Th e climatologies from the NCEP—
NCAR Reanalysis data (Kalnay et al., 1996; http://www.esrl.noaa.gov/psd/cgi-
bin/data/composites/printpage.pl) have been retrieved.

2.3. Overall statistics
First, we overview the range of variability of the annual TOC cycle along 
the zone 50—55°N (white graduated ring in Fig. 2.1) using the SBUV MOD 
data. Th e zonal mean AC for 50—55°N is compared with that for 40—60°N 
(Evtushevsky et al., 2014) and with the local AC from the overpass data for Kyiv 
(so lid, dotted, and dashed curves, respectively, in Fig. 2.2a). All curves show 
similar annual cycles with maxima in March and minima in October (gray 
vertical lines).

For zonal means, the TOC levels close to the minimum are also observed 
in September, however, absolute annual minima fall onto October. Th is 
corresponds to the total ozone AC in the NH mid-latitude known from other 
works (Salby and Callaghan, 2002; Fioletov and Shepherd, 2003; Rieder et al., 
2011). So, the months March and October are considered in the further analysis 
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as a reference timing of the annual extremes in zonal mean climatologies for 
the NH mid-latitudes 50—55°N. As seen in Fig. 2.2a, there is a vertical shift  by 
5—10 DU between the curves for zonal means (solid and dotted lines), which 
is consistent with the meridional TOC gradient in the NH mid-latitudes noted 
in Section 2.1. In the case of local data for Kyiv (dashed curve in Fig. 2.2a), a 
longitudinal position also plays a role in the AC formation as will be shown below. 

In Fig. 2.2b, a family of the 36 curves shows the individual annual cycles for 
each of the 10-degree segments along the 50—55°N zone (white graduated ring 
in Fig. 2.1). Relations among the mean TOC levels, annual cycle amplitudes, and 
time of annual extremes (Sekiguchi and Kida, 1971; Iwasaki and Kaneto, 1984; 
Antón et al., 2011) are clearly visible. For example, the lowest mean TOC levels 
(blue curves) are associated with the lowest amplitudes of annual cycles and the 
latest appearance of annual extremes. An opposite relationship is seen for the 
highest mean TOC levels (red curves): the largest AC amplitude is combined 
with the earliest occurrence of annual extremes.

2.4. Seasonal change in the TOC QSW structure
In terms of zonal means, the annual TOC cycle in the NH extratropics lags 
the annual cycle in tropospheric wave activity by about 3 months (Salby and 
Callaghan, 2002; their Fig. 1). As noted in Sections 2.1 and 2.3, the lags exhibit 
large regional variability (Fig. 2.2b) associated with the QSW structure in total 
ozone (Sekiguchi and Kida, 1971; Iwasaki and Kaneto, 1984; Antón et al., 2011). 
We fi rst consider possible sources of the stationary anomalies in the zonal TOC 
distribution.

Fig. 2.2. The MOD climatologies 1979—2011 of the annual TOC cycles (a) averaged over 
the zones 50—55°N and 40—60°N (solid and dotted curves, respectively) and from the 
local data for Kyiv (30°E, 50°N; dashed curve), and (b) with a family of 36 curves showing 
annual cycles in each of the 10° segments along the 50—55°N zone; the curves with three 
earliest and three latest annual extremes are red and blue, respectively. Modified from 
(Evtushevsky, 2014)
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If compare seasonal means, the zonal TOC extremes (Fig. 2.3a, c) are clearly 
antiphase with the zonal tropopause extremes (Fig. 2.3b, d), which, in turn, 
display a longitudinal distribution of the tropospheric temperature anomalies 
(Fig. 2.3e) and are close to the sea level pressure anomalies (Fig. 2.3g, h).

Fig. 2.3. Climatological stationary wave structure in the zone 50—55°N from the 
longitudinal distributions of (a, c) total ozone (MOD reanalysis) and (b, d) tropopause 
pressure/height (NCEP—NCAR reanalysis) in (a, b) winter and summer (solid and dashed 
curves, respectively) and (c, d) spring and autumn (solid and dashed curves, respectively). 
(e, f) The lower troposphere wave structure in the air temperature and geopotential height at 
the pressure level 850 hPa (T850 and Z850, respectively) along 50—55°N in winter; (g, h) 
the NH sea level pressure (SLP) in winter and summer, respectively; the white horizontal 
strip shows the zone 50—55°N. The open circle shows the Kyiv-Goloseyev station location 
(30°E, 50°N). The 33-year statistics for 1979—2011 is presented. The locations of the 
pressure systems are indicated: Europe — West Asia High (E-WAH), Aleutian and Icelan-
dic Lows (AL and IL, respectively), Azores High (AH), North American High (NAH), 
Siberian High (SH), and North Pacific High (NPH). Updated from (Evtushevsky, 2014)
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In general, the zonal wave structure in total ozone looks more complex than 
the QSW1 pattern noted in Section 2.1 and refl ects the superposition of the 
QSW1 and quasi-stationary wave 2 (QSW2) (Hood and Zaff , 1995; McCormack 
et al., 1998; Entzian and Peters, 2004). Th e QSW ridges and troughs are formed 
under the predominant infl uence of the main tropospheric centers of action, 
Aleutian and Icelandic Lows (AL and IL, respectively) in winter and Azores and 
North Pacifi c Highs (AH and NPH, respectively) in summer (Fig. 2.3).

As demonstrated in Fig. 2.3g (2.3h), the low- (high-) pressure systems 
maximize in winter (summer) and contribute to the appearance of the QSW2 
component in the zonal tropopause/TOC distributions. Although there is a 
high-pressure anomaly in East Asia named Siberian High (SH at 90—110E 
in Fig. 2.3g), it plays an insuffi  cient role in the TOC QSW structure as shown 
below. Note that due to the higher AL intensity, a zonal asymmetry exists by 
the QSW1 type. Th e tropospheric eff ects are not exhausted by the action of the 
main pressure systems located over the ocean surface. Th e adjacent continental 
areas modify air temperature and atmospheric pressure in the troposphere and 
also contribute to the tropopause/TOC anomaly formation.

In the case of the winter climatologies, the minima in the lower troposphere 
temperature at 850 hPa (T850) are shift ed westward by about 20 (black curve 
in Fig. 2.3e) relative to the minima in the sea level pressure (SLP; see negative 
anomalies AL and IL in Fig. 2.3g). Th e 20-shift s by longitude correspond to 
about 1000 km distance at 50—55N. Th erefore, the T850 minima locate over 
the cold continental areas to the west of the AL and IL regions: East Asia and 
Eastern North America, respectively. In winter, East Asia and Eastern North 
America are associated with the SH and the North American High (SH and 
NAH in Fig. 2.3g) (Nigam and DeWeaver, 2015; Wills et al., 2019). A rather 
intense SH is located in 90—110°E and 40—55°N (e.g., Sahsamanoglou et 
al., 1991).

Here, it would be appropriate to emphasize that the integrated temperature–
pressure eff ect in the atmosphere is described by a geopotential height variable 
(Salby, 1996). By defi nition, the geopotential height Z approximates the height 
of a certain pressure surface above the mean sea level, i.e., it is associated with 
the atmospheric pressure. At the same time, a geopotential height is sensitive 
to the layer-mean temperature between sea level and given pressure level. For 
example, the geopotential height is low in the region of both low surface pressure 
and low air temperature. As seen in Fig. 2.3f, the geopotential height minima at 
the pressure level 850 hPa (Z850) are, on the whole, close by longitudes to the 
SLP minima in the AL and IL regions (Fig. 2.3g). Th e highest Z850 levels are 
above the SH and NAH (Fig. 2.3f, g). Th e air temperature (T850 in Fig. 2.3e) 
also contributes to Z850 (Fig. 2.3f) but the two curves are closer in the western 
hemisphere. In the eastern hemisphere, the T850 minimum near 120E (black 
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curve in Fig. 2.3e) and the SH pressure maximum at 90—110E (Fig. 2.3g) 
form a sharp longitudinal gradient in Z850 (Fig. 2.3f). Th is demonstrates that 
the Z850 extremes adjust to the extremes of both the SLP (Fig. 2.3g) and T850 
(black curve in Fig. 2.3e). Similarly, the tropopause heights Z respond to the 
tropospheric anomalies and increase over the high pressure and temperature 
regions and vice versa (Hoinka, 1998; Wirth, 2001; Seidel and Randel, 2006). 
Th erefore, it is not surprising that the climatological tropopause height closely 
reproduces the climatological Z level (gray curve in Fig. 3.2e and Z850 in 
Fig. 3.2g, respectively) combining the contributions from the tropospheric 
temperature and SLP anomalies.

Despite the intense Z850 anomaly in winter due to SH (Fig. 2.3f), it is poorly 
seen at the tropopause level (gray curve in Fig. 2.3e) and no eff ect in the TOC 
is observed (solid curve in Fig. 2.3a). Th is confi rms the limited vertical extent 
of the SH, in contrast to the deep structure of the Aleutian Low and Azores 
High (Nigam and DeWeaver, 2015). On the seasonal time scale, the Southern 
Hemisphere pressure anomaly in winter is not an important contributing factor 
to the QSW structure in total ozone at 50—55°N.

Th e seasonal change in the QSW amplitude along the zone 50—55°N follows 
NH wave activity with its maximum in winter and minimum in summer (Salby 
and Callaghan, 2002; Hardiman et al., 2010; Nigam and DeWeaver, 2015; Wills 
et al., 2019). Climatologically, the largest (lowest) QSW amplitudes are observed 
in winter (summer) as seen from solid (dashed) curves in Fig. 2.3a, b. Note 
that (i) the TOC itself lags the wave activity as noted above (Salby and Callaghan, 
2002) and (ii) the zonal QSW structure in summer is weakly associated 
with the atmospheric centers of action due to the wave activity minimum, 
and an antiphase relationship between the tropopause and the TOC becomes 
less obvious.

Contrasting tropopause/TOC relationships are observed in spring and 
autumn (Fig. 2.3c, d). Although the TOC QSW ridges and troughs in spring 
and autumn (Fig. 2.3c) coincide with those in winter (solid curve in Fig. 2.3a), 
the mean TOC level in spring is higher than that in autumn by about 80 DU 
along the whole zone (solid and dashed curves, respectively, in Fig. 2.3c). At 
the same time, the tropopause levels show a minimum diff erence of 0.5—1 km 
(Fig. 2.3d). Besides, the TOC peak in spring remains as high as in winter in the 
AL segment (435 DU and 440 DU (solid curves in Fig. 2.3c, a, respectively) but 
the spring TOC level is notably higher at other longitudes.

Th is winter to spring increase of the TOC level cannot be related to the 
tropopause eff ect, since the tropopause shows a seasonal elevation (compare 
the solid curves in Fig. 2.3b, d) that should lead to the column ozone decrease 
(Hood and Zaff , 1995; Steinbrecht et al., 1998). Th e winter-spring TOC increase 
means that the stratospheric ozone accumulation does not stop in winter and 
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continues in spring providing the mentioned time lag between the maximum in 
wave amplitude and ozone values (Salby and Callaghan, 2002).

Here we clarify the origin of the zonal TOC asymmetry in the NH mid-
latitudes noted in Section 2.1 as related to three infl uencing factors.

First, the zonal QSW1 anomalies with the main TOC maximum around 
150°E and the main TOC minimum around 0°E in winter, spring, and autumn 
(Fig. 2.3a, c) coincide with the two largest tropopause anomalies above the 
tropospheric centers of action, AL and AH (Fig. 2.3b, d). Th is corresponds to the 
conventional association of the main zonal TOC maximum (minimum) with 
the East Asia — North Pacifi c (East Atlantic — West Europe) region (Hood and 
Zaff , 1995; Zou et al., 2005). As seen in Fig. 2.4a, the locations of the AL and AH 
segments in the 50—55°N zone correspond to the zonal TOC maximum and 
minimum, respectively.

Second, stationary PWs originate in the troposphere and propagate into the 
stratosphere with the predominance of the longest wave 1, QSW1 (Matsuno, 
1970), which modulates the BDC intensity distribution with longitude (Gabriel 
et al., 2011; Demirhan Bari et al., 2013) contributing to the zonal asymmetry in 
both the stratospheric ozone accumulation and the total amount of ozone in the 
column (Fig. 2.1, two upper panels).

Th ird, QSW1 displaces the stratospheric polar vortex region off  the pole 
that enhances zonal asymmetry in the location of the low- (high-) ozone air 
inside (outside) the vortex in winter and spring (Fig. 2.1; see, e.g., (McCormack 
et al., 1998; Entzian and Peters, 2004; Zhang et al., 2018); see also Fig. 3.15b in 
Chapter 3 on the QSW1 eff ect).

Although QSW1 undergoes some westward phase tilt with an altitude 
between the troposphere and the stratosphere (Hood and Zaff , 1995), the fi rst 
and second factors (tropopause and BDC eff ects) in the zonal TOC asymmetry 
reach their maximum manifestations at close longitudes. For example, the main 
zonal TOC maximum (Fig. 2.3a) is associated with tropopause lowering over 
the East Asia and AL region (solid curve in Fig. 2.3b), which almost coincides in 
longitude with the stratospheric ozone maximum formed at 120—150E due to 
the highest BDC intensity here (Gabriel et al., 2011; Demirhan Bari et al., 2013).

Th e zonal TOC minimum origin can be explained in a similar way. Like the 
highest TOC levels, it is also formed due to the combined eff ects of the QSW1 
structure in the troposphere and stratosphere. Th e AH region adjoins the 
region of high surface pressure over the continental area of Europe-West Asia 
(E-WAH) known also as the European blocking pattern (Orsolini and Doblas-
Reyes, 2003; Barriopedro et al., 2010; Brunner et al., 2017). Due to the elevated 
tropopause eff ect (Fig. 2.3 b, d), a longitudinally extended zonal TOC minimum 
is formed here from autumn to spring (AH and E-WAH in Fig. 2.3a, c; see also 
climatologies in Fig. 2.1). Th e stratospheric QSW1 eff ect is associated with a 
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minimum downward ozone transport over the same region, which results in 
a stratospheric ozone defi cit compared to the AL region (Gabriel et al., 2011). 
Slow and weak stratospheric ozone accumulation contributes to the stationary 
TOC minimum centered around 0°E.

An additional eff ect of stratospheric dynamics in the TOC asymmetry is 
caused by the third factor: the QSW1 acts to displace the stratospheric polar 
vortex relative to the pole toward 0°E (Waugh and Randel, 1999) shift ing 
the low-ozone polar air to the mid-latitudes (Zhang et al., 2018). Th is also 
contributes to the TOC decrease over the East Atlantic/Europe region (inner 
contour 370 DU in Fig. 2.4a is displaced toward 0°E). Th e climatological 
elongation of the displaced polar vortex due to the QSW2 infl uence (seen from 
the shape of the inner contour 370 DU in Fig. 2.4a) enhances this eff ect. In 
addition, the subtropical low TOC levels in the East Atlantic spread poleward 
(Fig. 2.4a, poleward deviation of the outer contour 370 DU in the AH segment).

Th erefore, the QSW structure in the NH troposphere and stratosphere 
in winter and spring favors the closest approach of the low TOC levels from 
the subtropics and Arctic in the AH and E-WAH segments (about 30°W — 
90°E, Fig. 2.4). Interestingly, the low subtropical and polar TOC levels even 
merge here in autumn (Fig. 2.4b, contour 320 DU and the lower TOC levels in 
the segments AH and E-WAH). East Atlantic, Europe, and West Asia seem 
to be the only regions in the NH mid-latitudes where the polar and subtropical 
air masses climatologically reach the closest approach (or merge). Th is leads 
to the formation of a stationary, deep, and longitudinally extended zonal 
minimum of TOC.

Fig. 2.4. Climatological TOC fields over the latitude range 30—90°N for the months 
of (a) the strongest zonal TOC asymmetry, February-April, as seen from Fig. 2.1 (two 
upper panels), and (b) the annual TOC minimum, September-November (Fig. 2.1, lower 
panel) from the reanalysis R20C data, 1979—2012 (see the text for explanation)
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Note that such a climatological stationary wave pattern favors frequent 
occurrences of extremely low TOC levels known as ozone mini-hole events. Th ey 
are observed, for example, over Europe due to both polar vortex displacements 
(Petzoldt et al., 1994; James et al., 2000; Barriopedro et al., 2010) and intrusions 
of subtropical air (Reid et al., 2000; Hood et al., 2001; Barriopedro et al., 2010). 
Th e secondary winter TOC extremes are located in the regions of relatively 
weaker infl uences of the tropospheric pressure systems Icelandic Low and North 
American High (IL and NAH in Figs. 2.3 and 2.4, respectively) and moderate 
the level of the BDC intensity (Gabriel et al., 2011; Demirhan Bari et al., 2013).

In sum, the climatological distribution of TOC extremes along the mid-
latitudinal zone 50—55°N is determined by the structure of QSW1 and QSW2 
in both the troposphere (tropopause eff ect over both the main centers of action 
and tropospheric temperature anomalies) and the stratosphere (polar vortex 
displacement/elongation by QSW1/QSW2 and zonally asymmetric BDC 
eff ect in ozone accumulation by the QSW1 type). Th e combination of seasonal 
tendencies in the tropospheric and stratospheric factors aff ects regional features 
of the annual TOC cycle development in the NH mid-latitudes.

Some previous works (Iwasaki and Kaneto, 1984; Salby and Callaghan, 
2002; Tegtmeier et al., 2010) and climatological curves in Fig. 2.2 suggest a 
signifi cant time shift  in the annual TOC cycle along the mid-latitude zone. 
We emphasize that the zonally asymmetric pattern of the stratospheric ozone 
transport due to BDC (Gabriel et al., 2011; Demirhan Bari et al., 2013) is one of 
the important factors of zonal asymmetry in total ozone, which infl uences the 
total ozone annual cycle (AC).

2.5. Regional ozone annual cycle anomalies

Analysis of 36 individual ACs in total ozone (Fig. 2.2b) along the zone 50—55°N 
(white segmented ring in Fig. 2.1) reveals the neighboring 10°segments with 
both stable AC and large AC time shift  (Evtushevsky, 2014). Th e four regions 
with rather stable AC shape exhibit longitudinal extensions of 30, 50, 20, and 
30 degrees (Fig. 2.5a—d, respectively). Th eir longitudinal locations correspond 
to the main climatological anomalies in the stationary wave structure: Azores 
High, Europe—West Asia High, Icelandic Low, and Aleutian Low (AH, E-WAH, 
IL, and AL, respectively; outlined by bold segments in Fig. 2.4a). Note the low 
change in the TOC levels within each of the four regions (Fig. 2.3a, c).

Th e two examples illustrate signifi cant transformations of the AC shape 
along the segments with lengths of 70° and 50° (Fig. 2.6a, b, respectively). In 
these two segments, the strongest TOC gradients take place (thickened parts 
of the solid curve in Fig. 2.3a). Fig. 2.6a presents the segment located between 
60—70°E (West Asia) and 120—130°E (East Asia). Here, an increase in the TOC 
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Fig. 2.5. Time shift of the annual TOC cycle to the earlier months of the year with 
increasingly higher mean TOC levels in the zone 50—55°N. Gray vertical lines mark the 
months of annual extremes from the zonal mean TOC climatology (Fig. 2.2a). Modified 
from (Evtushevsky et al., 2014)

Fig. 2.6. Modification of the annual TOC cycle in the regions of the strongest zonal TOC 
gradients: a — West to East Asia (60—130°E) and b — West to East Atlantic (70—20°W). 
Adapted from (Evtushevsky, 2014); c — Annual changes of the TOC level along the zone 
50—55°N in the longitude-month coordinates by analogy with (Zou et al., 2005, their 
Fig. 1) but with a 2-DU interval in color scale
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to the East is observed when approaching the zonal TOC maximum (by about 
80 DU, left  thickened part of the solid curve in Fig. 2.3a). Th e case of eastward 
decreasing TOC between 60–70°W (West Atlantic, IL region) and 20—30°W 
(East Atlantic, AH region) by about 50 DU is shown in Fig. 2.6b. In both cases, 
the higher mean TOC level is associated with the earlier development of the AC.

Th is tendency is clearly seen from the AC sequence in Fig. 2.5a—d, which 
presents the regions of increasingly higher mean TOC levels: AH (~320 DU), 
E-WAH (~340 DU), IL (~360 DU), and AL (~380 DU), respectively (compare 
also the corresponding segments in Fig. 2.4a using a color scale). With respect to 
the AC extremes in zonal mean climatology (gray vertical lines in Figs. 2.2a and 
2.5), a steady tendency of the earlier AC development with increasing regional 
TOC levels could be noted (Fig. 2.5a to Fig. 2.5d). An increase in the mean TOC 
levels is also accompanied with increasing AC amplitude: from 85 DU in the 
AH segment (Fig. 2.5a) to 140 DU in the AL segment (Fig. 2.5d).

Th e longitude-month representation of the annual TOC changes along 
50—55N in Fig. 2.6c is similar to that for 50—60N, 1979—2002, in Zou et al. 
(2005, their Fig. 1). Resolution in longitude is the same (10), but the TOC levels 
are presented with 2 DU and 20 DU intervals, respectively. Th e longitudinal AC 
changes are almost indistinguishable in the latter case. Th e dashed curves in Fig. 
2.6c are drawn through the annual TOC extremes. It is seen that the extremes in 
the AL region appear at least two months earlier than those in the AH/E-WAH 
region (the zonal TOC maximum and minimum, respectively).

Th e largest AC time shift  is between the zonally asymmetric regions AH 
and AL (Fig. 2.5a, d, respectively). Th e annual maximum in the AL segment 
appears earlier by two months than in the AH segment (February-March and 
April–May, respectively). In the case of the annual minimum, the three-month 
time lag is observed (August and November, respectively). It can be concluded 
that there is a climatological AC time shift  between zonally asymmetric NH 
mid-latitude regions with a 2—3-month lag in the Azores High region (zonal 
TOC minimum) relative to the Aleutian Low region (zonal TOC maximum).

In general, the relationships between mean TOC levels, annual cycle 
amplitudes, and times of annual extremes have been established in previous 
studies based on regional ozone data (Sekiguchi and Kida, 1971; Iwasaki and 
Kaneto, 1984; Antón et al., 2011). Th e results of Figs. 2.2b, 2.5, and 2.6 (i) give a 
systematized view of the close coupling between the regionality and seasonality 
for the TOC changes in the NH mid-latitudes and (ii) identify the longitudinal 
locations and time shift s of the AC anomalies.
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2.5.1. The Aleutian Low region

Th e development of AC in the Aleutian Low segment (120—150°E, Fig. 2.5d) 
is close to that in the NH wave activity with the TOC maximum in winter 
and the TOC minimum in summer (Salby and Callaghan, 2002; Hardiman 
et al., 2010). Th e Aleutian Low is the strongest manifestation of the QSW 
activity in the NH mid-latitudes (Hood and Zaff , 1995; Orsolini, 2004). Th is 
is seen in Fig. 2.3a (2.3b) where summer to winter increase (decrease) of the 
TOC (tropopause height) in response to the AL intensifi cation is the largest 
in the zone 50—55°N. Th e AL intensifi cation is illustrated by the AC in 
tropopause height and geopotential height Z500 in Fig. 2.7a, b, respectively 
(solid curves). Th e annual minima (maxima) in the AL segment appear in 
January–February (July–August) (solid curves), which is close to the QSW 
seasonality. Note that the climatological maximum and minimum of the QSW 
activity in the NH are observed in January and July, respectively (Salby and 
Callaghan, 2002; Hardiman et al., 2010) but those in the AL annual cycle are 
prolonged by one month to February and August, respectively (solid curves in 
Fig. 2.7a, b). Th is diff erence could be related to inertia in the thermal response 
of the troposphere atop land and atop the ocean to the surface solar heating 
(e.g., Stine and Huybers, 2012).

As known, seasonal changes in the troposphere and at the tropopause level 
are sensitive to solar insolation and display seasonality in short-wave surface 
heating. Th is results in the warmest troposphere and the highest tropopause 
in the boreal summer (Zängl and Hoinka, 2001; Stine and Huybers, 2012; 
Donohoe and Battisti, 2013; Rieckh et al., 2014).

By Stine and Huybers (2012), the surface and troposphere temperatures in 
the NH mid-latitudes lag the insolation less than by 1 month atop land and by 
about 2 months atop the ocean. It seems that the curves for Z500 in Fig. 2.7a, 
b display this tendency. In the AL segment (120—150°E, mainly East Asia and 
partly West Pacifi c), annual extremes in Z500 (January–February and July–
August, solid curve in Fig. 2.7b) show a 1-month prolongation in comparison 
with the insolation AC extremes (January and July). Th e same annual cycle 
shape exists at the AL tropopause (solid curve in Fig. 2.7a).

So, the annual TOC cycle development in the AL segment suggests an 
important role of annual changes in the tropospheric conditions, namely: (i) 
change in the AL intensity due to the QSW activity and (ii) change in troposphere 
temperature response to the surface heating. Both tropospheric factors contribute 
to the winter-summer cycle in the AL tropopause height variability.

At the same time, the annual TOC maximum in the AL segment is shift ed 
to March (Fig. 2.5d). Th e additional one-month lag relative to AC in the 
tropopause height and Z500 (Fig. 2.7a, b) cannot be explained in terms of the 
climatologies of tropospheric QSW activity and thermal inertia eff ects. It can be 
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Fig. 2.7. Climatological annual cycles of (a, c) tropopause pressure/height and (b, d) 
geopotential height at the pressure level 500 hPa (Z500) in (a, b) AL and IL segments 
and (c, d) AH and E-WAH segments. Monthly mean time series from the NCEP—NCAR 
reanalysis data of the 1979—2014 period is used

assumed that the additional time lag is due to the BDC eff ect in the stratospheric 
ozone accumulation. Th is assumption is consistent with the conclusions made 
by (Iwasaki and Kaneto, 1984) that, if only the seasonal variation of tropopause 
height contributes to the variation of total ozone amount, its maximum will take 
place in midwinter, and that time lag is mostly caused by the dynamical eff ect 
associated with the strengthening of downward stratospheric ozone transport.

Although the IL and AL pressure anomalies are close in strength (e.g., An-
gell and Korshover, 1982) and show an almost identical AC shape in Z500 and 
tropopause heights (Fig. 2.7a, b), the IL eff ect on the total ozone AC is weaker than 
that of AL. Th is could be seen by comparing zonal deviations of the atmospheric 
parameters in the IL and AL regions (Fig. 2.3a—f), as well as the cor responding 
AC amplitudes (Fig. 2.7a, b). Such an IL—AL diff erence is a result of diff erent 
latitudinal locations of the two pressure anomalies: subpolar, at about 60—
70°N (IL), and mid-latitudinal, around 50°N (AL), as seen in Fig. 2.3g. Hence, 
latitudinally, the IL is more remote from the zone 50—55°N than the AL, and its 
tropopause eff ect in total ozone is weaker (Fig. 2.3a, c).

Th is is confi rmed by the diff erence in the total ozone changes in these regions 
in summer and autumn. Despite the almost synchronous seasonal lowering of the 
tropopause height in September-November (Fig. 2.7a), response in the seasonal 
TOC increase is observed in the AL segment only (Fig. 2.5d). In the IL segment, 
the TOC level continues to decrease in September, remains at the minimum level 
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in October, and starts increasing in November (Fig. 2.5c), i.e. two months later 
than in the AL segment (Fig. 2.5d). Th is prolonged TOC decrease in the IL 
segment cannot be associated with the tropopause eff ect, which suggests an 
opposite TOC tendency in September-October. Th e TOC decrease here suggests 
the lack of a dynamical BDC eff ect. Th erefore, it appears to be independent of 
the dynamic infl uences of both the troposphere and the stratosphere. 

However, other stratospheric processes can play an important role. In dy-
namically quiet conditions, the photochemical relaxation of stratospheric ozone 
in this region likely continues not only in summer (e.g., Tegtmeier and Shepherd, 
2007) but also in the early-mid-autumn (September-October, Fig. 2.5c). Further 
seasonal TOC evolution occurs synchronously in both segments, and the annual 
maxima are reached almost simultaneously (February-March; Fig. 2.5c, d). Th is 
means that a nearly-synchronous winter TOC increase in the IL and AL regions 
occurs due to both the BDC and troposphere/tropopause eff ects.

2.5.2. The Azores High region

In contrast to the Aleutian Low segment (120—150°E), the annual amplitude 
of the tropopause pressure in the Azores High segment (0—30°W) is three 
times smaller (~110 hPa and ~35 hPa, or ~3 km and ~1 km, respectively; solid 
curves in Fig. 2.7a, c). Th e AH is the tropospheric center of action located in a 
subtropical belt of high pressure, where the annual cycle is of small amplitude 
and is an antiphase in intensity to that in the mid-latitude pressure anomalies 
(e.g., Davis et al., 1997; Hasanean, 2004). Th is diff erence is illustrated in Fig. 2.3g, 
h. For example, the annual amplitude of climatological sea level pressure in the 
AH anomaly center is of 2 hPa (1022 hPa and 1024 hPa in winter and summer, 
respectively), whereas it is of 14 hPa (998 hPa and 1012 hPa, respectively) in the 
AL anomaly center (the seasonal mean SLP data, 1979—2011, from the NCEP—
NCAR reanalysis at https://www.esrl.noaa.gov/psd/cgi-bin/data/composites/
printpage.pl; see also Fig. 2.3g, h).

Th e northeastern portion of AH extends well into Western Europe reaching 
50°N (Davis et al., 1997). Th e weak infl uence of the AH anomaly could be one 
of the possible causes of the small winter–summer diff erences in both the 
tropopause pressures (Fig. 2.3b and solid curve in Fig. 2.7c) and TOC levels 
(Fig. 2.3a) over the AH segment of the zone 50—55°N. In particular, the winter-
summer TOC diff erence here is near 15 DU, whereas it is about 100 DU over 
the AL segment (compare the TOC levels at the AH segment in Fig. 2.3a).

As shown in Fig. 2.5a, the extremes in the annual TOC change in the 
AH segment (spring and autumn for maximum and minimum, respectively) 
lag those in the AH activity itself (winter and summer; Davis et al., 1997; 
Hasanean, 2004) by one season. Th e solid curve for Z500 in Fig. 2.7d shows 
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that this time lag could be partly caused by troposphere infl uence. Th e Z500 
extremes in the AH segment are smoother and more extended to the later 
months (at least to March and September for minimum and maximum, 
respectively; the solid curve in Fig. 2.7d) compared to the strong winter-
summer cycle in the AL strength (Davis et al., 1997, Hasanean, 2004; the solid 
curve in Fig. 2.7b). Th is AC time shift  could be caused by the inertia of the 
thermal troposphere response to solar heating. Th e AH segment occupies the 
ocean surface in East Atlantic (0—30°W at 50—55N, Fig. 2.3h). Prolongation 
of the Z500 annual minimum (maximum) up to March (September) seen 
from the solid curve in Fig. 2.7d corresponds to a two-month lag relative to 
the insolation AC (January-July). Th is is consistent with the eff ect of the East 
Atlantic thermal inertia observed in the surface/troposphere temperature 
(Stine and Huybers, 2012).

In comparison with the Z500 AC, the tropopause AC in the AH segment 
lags the insolation AC even more, by 3—4 months (solid curve in Fig. 2.7d, c, 
respectively). Th is time lag cannot be related to the thermal inertia in the ocean-
atmosphere interaction. A similar additional time lag in the annual TOC cycle 
in the AL region was noted (Subsection 2.5.1). A close time correspondence 
between the TOC maximum and the tropopause height minimum in the AH 
region (April-May in both cases; Fig. 2.5a and the solid curve in Fig.  2.7c, 
respectively) again suggests the infl uence of the seasonal evolution of 
stratospheric ozone on both the TOC change and the tropopause change. Th is 
can be explained as follows.

As known, the extratropical tropopause is sensitive to both the tropospheric 
and stratospheric infl uences. On a monthly time scale the tropopause height 
anti-correlates with the lower stratosphere temperature (Zängl and Hoinka, 
2001; Seidel and Randel, 2006). For instance, ozone amount increase in the 
lower stratosphere leads to an air temperature increase, which, in turn, causes 
the tropopause height to decrease. Since the lower-stratospheric ozone is the 
main contributor to the total ozone (Wirth, 1993; Salby, 1996), their seasonal 
tendencies are similar (Sekiguchi and Kida, 1971; Ziemke et al., 2011; see also 
Subsection 2.5.3 below). Th en, in the AH region, the spring tropopause (solid 
curve in Fig. 2.7c) seems more sensitive to the infl uence from above (ozone 
accumulation and thermal state of the lower stratosphere) than to the infl uence 
from below (pressure anomalies induced by the wave activity and solar heating 
eff ects in the troposphere).

So, this large time diff erence between ACs is evidence of the relatively small 
tropospheric contribution to the tropopause and TOC seasonality in the AH 
region. Th e distinctive role that stratospheric ozone plays in the total ozone AC 
formation in the zonally asymmetric regions is discussed below.
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2.5.3. Lower stratospheric ozone 
in the formation of annual cycle time shift

As noted above, the TOC level is determined primarily by the stratospheric 
ozone amount (Wirth, 1993; Salby, 1996). Th e above results suggest that the 
stratospheric ozone contributes to the formation of the annual TOC cycle, 
according to (Sekiguchi and Kida, 1971; Ziemke et al., 2011). We consider here 
the role of the lower stratospheric ozone in the time lag between the annual TOC 
cycles observed in zonally asymmetric regions at 50—55°N (Fig. 2.5a, d). Th e 
overpass data aggregated from the satellite measurements by Nimbus 4 through 
NOAA 19 and presented as the ozone amount in the SBUV Layers (Frith et 
al., 2014; https://acd-ext.gsfc.nasa.gov/anonft p/toms/sbuv/AGGREGATED/) 
were used. SBUV Layers 1—14 (1013.3–1.6 hPa or 0—43 km; each layer being 
3 km thick) over the two sites were compared. Th e chosen sites are representative 
of the zonal TOC minimum in the Azores High (AH) region (London, United 
Kingdom; 51.5°N, 0.1°W) and the zonal TOC maximum in the Aleutian Low 
(AL) region (Petropavlovsk, Russian Federation; 53.0°N, 158.8°E).

Monthly mean AC climatologies for the period 1971—2014 (44 years) have 
been calculated (Fig. 2.8). Because of the data gaps before 1979, the number of 
individual months ranged between 39 and 43. SBUV Layers 4—8 (L4—8) contain 
55% and 59% of the annual mean TOC levels over London and Petropavlovsk, 
respectively. Th ey cover the lower-stratospheric pressure levels 255—25 hPa 
(10—25 km) above the tropopause, where a maximum in the vertical ozone 
profi le is typically observed (Salby, 1996). As seen in Fig. 2.8a, the annual 
extremes in the L4—8 ozone over London (March-April for the maximum 
and September-October for the minimum; dotted curve) appear later by 1—2 
months than those over Petropavlovsk (February and August, respectively; 
solid curve). Both the times of the extremes and the time shift  between the two 
ACs are close to those in the climatologies of the total ozone AC in the AH and 
AL regions (Fig. 2.5a, d, respectively). Th is indicates the dominant contribution 
of lower stratospheric ozone not only to the total ozone column but also to the 
total ozone AC formation. Besides, nearly antiphase seasonality in the London 
L4—8 ozone (dotted curve in Fig. 2.8a) and tropopause height in the AH 
segment (solid curve in Fig. 2.7c) exists. Th is confi rms the signifi cant infl uence 
of the lower stratospheric ozone AC on the tropopause AC in the region of 
the zonal TOC minimum. Similar stratospheric eff ects were assumed above to 
explain the features in the TOC seasonal changes in the AL and IL segments 
(Subsection 2.5.1) and the association between the TOC and tropopause AC in 
the AH segment (Subsection 2.5.2).

As shown in Fig. 2.8b, a signifi cant AC diff erence in zonally opposite 
locations is observed for SBUV Layer 9 (L9), which corresponds to pressure 
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levels 25—16 hPa (25—28 km) and is the interlayer region between the lower 
and middle stratospheres. It contains about 11% (12%) of the annual mean 
TOC level over Petropavlovsk (London), which should not be neglected in the 
analysis of the annual TOC cycle. It should be noted that seasonal changes of 
the L9 ozone amount over London and Petropavlovsk (Fig. 2.8b) are nearly 
antiphase, although determined at the same altitudes and at very close latitudes.

For Petropavlovsk (region of zonal TOC maximum), the annual ozone 
minima in L9 and L4—8 coincide (August), however, the annual maximum 
in the L9 ozone (December) leads that in the L4—8 ozone (February) by two 
months (solid curves in Fig. 2.8b, a, respectively). Th e total eff ect of the L4—9 
ozone (10—28 km) contributes to the earliest appearance of the annual TOC 
maximum in the region of zonal TOC maximum (AL, Fig. 2.5d) compared to 
the other parts of the zone 50—55N.

For London (region of zonal TOC minimum), the dynamically induced 
spring maximum in the lower stratosphere (L4—8, dotted curve in Fig. 2.8a) 
is replaced by a pronounced photochemical summer maximum at the higher 
altitudes (L9, dotted curve in Fig. 2.8b). Th e resulting L9 eff ect over London 
is opposite in a time shift  to that observed in the Petropavlovsk data and 
contributes to the largest time delay of the annual TOC cycle in the region of 
the zonal TOC minimum (AH, Fig. 2.5a) compared with the rest of the zone 
50—55N.

Th e summer maximum is typical of the middle stratospheric ozone 
photochemistry (Sekiguchi and Kida, 1971; Iwasaki and Kaneto, 1984; 
Gebhardt et al., 2014). Th e latitudinal locations of the two sites are very close: 

Fig. 2.8. Annual cycles in the lower stratospheric ozone amount over London (region 
of the zonal TOC minimum, solid curves) and Petropavlovsk (region of the zonal TOC 
maximum, dotted curves) from the SBUV overpass data. (a) The sum of the ozone 
amounts in the SBUV Layers 4 to 8 (10—25 km) and (b) ozone amount in Layer 9 (25—
28 km) are presented
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51.5°N (London) and 53.0°N (Petropavlovsk). Th is means closeness in the 
annual changes of solar ultraviolet radiation fl uxes reaching the stratosphere, 
which, in turn, should result in roughly equal seasonal tendencies in ozone 
photochemistry in both cases.

Th e transition from prevailing dynamical ozone changes in the lower 
stratosphere to the photochemistry dominance in the middle stratosphere 
should also occur at close altitudes. In terms of the zonal means, the layer 
16—10 hPa (28—32 km, the SBUV Layer 10) is considered as a region where 
a transition between dynamical and photochemical control is located (e.g., 
Tegtmeier et al., 2010). Nevertheless, the summer photochemical ozone 
maximum over London appears climatologically at the lower altitudes (Layer 
9, dashed curve in Fig. 2.8b) than over Petropavlovsk (Layer 10; not shown). 
Almost complete AC similarity is reached in the upper stratosphere (Layers 
11—14, not shown). 

It can be assumed that, due to the higher BDC intensity in the AL region 
(Gabriel et al., 2011; Demirhan Bari et al., 2013), dynamical infl uence (winter–
spring ozone accumulation) can be diagnosed to the higher stratospheric 
altitudes (L4—9, 10—28 km; solid curves in Fig. 2.8a, 2.8b) as compared with 
the AH region (L4—8, 10—25 km; dashed curve in Fig. 2.8a) by at least 3 km. 
On the contrary, a weak dynamical infl uence (slow downward ozone transport) 
over the AH region makes more visible the manifestation of the photochemical 
infl uence on the ozone AC in L9. Th us, the sharp climatological distinction in 
the L9 ozone AC (Fig. 2.8b) indicates an altitude range where the dynamical 
BDC eff ect may (may not) modify the layer ozone seasonality in the AL (AH) 
region due to dominating (yielding) eff ect compared to a photochemical control.

Th us, in the two zonally asymmetric locations, the L9 ozone AC enhances a 
time shift  observed between ACs in L4—8. Take into account that levels L4—9 
(10—28 km) cover the vertical ozone maximum altitudes and contain a total 
of 67% and 70% of the annual mean TOC over London and Petropavlovsk, 
respectively. Th is indicates that the regional stratospheric ozone ACs (Fig. 2.8) 
is mainly responsible for the climatologically stable time shift  between the 
annual TOC cycles in the AL and AH regions (Fig. 2.5a, d). Particularly, the 
results in Fig. 2.8 indicate that the ozone seasonal changes in the interlayer 
region between the lower and middle stratosphere (L9, 25—28 km) may be 
predominantly dependent on the dynamics (photochemistry) at the zonal TOC 
maximum (minimum).

Th ere is a wide spring-summer tropospheric ozone maximum in the NH 
mid-latitudes (e.g., Ziemke et al., 2011). From the aggregated SBUV data, 
tropospheric ozone ACs in Layers 2—3 (4—10 km; 6% of the annual mean 
TOC in both cases) show a one-month shift  between London and Petropavlovsk. 
Because of the low percentage and small AC time diff erence, tropospheric 
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ozone is of relatively little importance in the annual TOC cycle formation. 
Nevertheless, its contribution to the AC time shift  is unidirectional to that in 
stratospheric ozone (Fig. 2.8).

As a concluding remark on the AC development in the zonally asymmetric 
regions, note that it varies from year to year but does not show noticeable long-
term changes. Figure 2.9 shows that the AC extremes in the regions of zonal 
TOC extremes take on average a stable time shift  relative to those in the zonal 
means (gray vertical lines) during the period 1979—2011.

Climatological AC norms in the segment E-WAH (Figs. 2.5 and 2.7), 
related also to the longitudinal location of the Kyiv-Goloseyev station (open 
circle on the horizontal axis in Fig. 2.3) suggest a signifi cant contribution of 
the lower stratospheric ozone to the annual cycle not only in the TOC but also 
in the tropopause height. In the horizontal plane, climatologically low TOC 
levels over the extended mid-latitudinal segment 30W—90E exist due to the 
closest approach of the low-ozone air masses from subpolar and subtropical 
latitudes (Fig. 2.4). Th erefore, meridional air displacements will contribute to 
the TOC deviations over Kyiv-Goloseyev relative to the climatological norms. 
Such displacements also result in tropopause height and vertical ozone profi le 
modifi cation. In the zonal direction, the approach of the western (eastern) air 
masses to the station brings lower (higher) ozone from the AH (West Asia) 
region. Th e changes in the QSW pattern during the year will determine the 
TOC variability over the station on the monthly, seasonal and interannual time 
scales (Fig. 2.9). Th e climatological norms presented in Chapter 2 are applicable 
to the interpretation of local observations at Kyiv-Goloseyev and other mid-
latitude stations, as well as to the diagnosis of the infl uence of meridional and 
zonal air displacements for the annual TOC cycle.

Generally, the relationships between the climatological AC properties in 
total ozone and the seasonal TOC changes (Figs. 2.1—2.9) show that the largest 

Fig. 2.9. The month-year TOC variability in the regions of (a) zonal TOC maximum 
120—150°E and (b) zonal TOC minimum 0—30°W. Adapted from (Evtushevsky et al., 
2014)
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diff erence along the zone 50—55N exists between the AH and AL regions. Th e 
time of the annual TOC maximum (minimum) at the zonal TOC minimum lags 
that at the zonal TOC maximum by 2 (3) months. Th is zonal distinction in the 
annual TOC cycle is directly related to the zonal asymmetry in the total ozone 
(Sekiguchi and Kida, 1971; Iwasaki and Kaneto, 1984) and to a combination of 
factors of its seasonal variability. Unlike the earlier works, the results of Chapter 
2 are more diff erentiated in terms of longitude, altitude, and TOC level when 
determining the sources of the anomalous AC development. A more detailed 
description of the longitudinal AC dependence is important in a more accurate 
estimate of the regional TOC trends and ozone layer recovery not only in the 
NH mid-latitudes, but also in polar regions, where the zonal TOC asymmetry 
is much greater (see Chapters 3, 4, and 6).

2.6. Summary

Th e results of sequential analysis of the seasonal TOC tendencies in the 36 
longitudinal segments of the zone 50—55N have been presented. Th e monthly 
mean Merged Ozone Data Set for the 1979—2011 period was used. Latitude–
longitude resolution of 510 made it possible to characterize the longitudinal 
dependence of the annual cycle in total ozone in the NH mid-latitudes and 
to determine the longitudinal ranges of the main AC anomalies. Th e results 
show that zonal AC asymmetry exists, which follows the zonal TOC asymmetry 
formed under infl uence of the stationary planetary wave structure. Th e annual 
TOC cycle in region of zonal TOC maximum (the Aleutian Low infl uence) has 
one and a half times larger amplitude than in the region of zonal TOC minimum 
(the Azores high infl uence). Th is larger AC amplitude is associated with the 
earlier AC development by about one season (2—3 months).

In general, this is consistent with previous studies based on shorter time 
series and noted that (i) there is a connection between amplitude and phase of 
the AC in total ozone and (ii) hemispheric pattern of the dynamical eff ect in the 
AC is similar to ultra-long wave structure (Sekiguchi and Kida, 1971; Iwasaki 
and Kaneto, 1984).

Th is Chapter presents a more diff erentiated and systematic attribution of 
possible sources of the anomalous AC development. Th e specifi c role of the 
troposphere, tropopause and stratosphere in the formation of the annual TOC 
cycle in the NH mid-latitudes has been accentuated. Th e factors contributing to 
the signifi cant zonal asymmetry in the annual TOC cycle have been identifi ed.

1. Th e stationary centers of action in the mid-latitudinal subpolar and 
subtropical troposphere diff er in their contributions to the mid-latitude TOC 
seasonality. In the region of the strongest pressure anomaly in the mid-latitude 
troposphere, the Aleutian Low (zonal TOC maximum), seasonal TOC evolution, 
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in response to the tropopause seasonality, tends to be close to the winter–
summer cycle in the QSW activity. In the region of the subtropical Azores High 
infl uence (zonal TOC minimum), the annual cycle in the tropospheric pressure 
is opposite in phase to that in the mid-latitudinal AL region and is much weaker. 
As a result, the tropopause eff ect over the pressure anomaly in the AH region 
is of less importance, although it gives some contribution to the lagging of the 
annual TOC cycle relative to that in the AL region.

2. Tropopause eff ects are depended also on the time diff erence in the tro-
pospheric thermal response to the solar heating over land and ocean. Th is implies 
the corresponding diff erence in time lags of the tropopause ACs relative to the 
January-July cycle in insolation. Th e time lag is about one month in the case of land 
(zonal TOC maximum in East Asia, the AL region) and about two months in the 
case of the ocean (zonal TOC minimum in East Atlantic, the AH region).

3. Stratospheric dynamics is characterized by zonal asymmetry in the 
lower stratospheric ozone accumulation rate by the QSW1 type. It provides a 
dominant contribution to the time shift  between annual TOC cycles in regions 
of the zonal TOC maximum and minimum. More intense and faster BDC in 
the AL region favors the appearance of the earlier (February) and higher (300 
DU) maximum ozone amount in the lower stratosphere (SBUV Layers 4—8, 
10—25 km; solid curve in Fig. 2.8a). In the AH region, the weaker and slower 
BDC forms the later (April) and lower (220 DU) ozone maximum (dotted 
curve in Fig. 2.8a). A similar two-month time shift  is observed in the annual 
ozone minimum: August and October, as well as in the start of the next BDC 
cycle, September and November, in the AL and AH regions, respectively.

Diff erent BDC intensity introduces also distinctions in the vertical exten-
sion of the lower stratospheric layer with prevailing ozone dynamics. Th is 
results in the diff erent altitudes of transition to the middle stratospheric ozone 
photochemistry and partially modifi es the AC in total ozone with the likewise 
directed time shift  between the AH and AL regions.

4. In the stratospheric dynamics, the QSW1 eff ect in zonally asymmetric 
ozone accumulation is combined with climatological displacement of the 
stratospheric polar vortex relative to the North pole toward the East Atlantic and 
European sectors. Th e latter eff ect is enhanced by the QSW2 with elongation of 
the polar vortex in the same direction. During autumn, winter, and spring, the 
low-ozone polar air approaches the mid-latitude zone, where it merges with 
low-ozone subtropical air displaced poleward in the AH and E-WAH sectors 
(Figs. 2.1 and 2.4). Climatological displacements of polar and subtropical air 
masses towards each other form here the main zonal TOC minimum. Th us, 
the annual TOC cycle in the AH and E-WAH regions is under infl uence of 
seasonal changes in both polar and subtropical atmospheric processes, whereas 
it is sensitive mainly to the mid-latitudinal ones in the AL region.
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As a result, the (1), (3), and (4) factors exist mainly due to the QSW1 
structure and the QSW1 eff ects in the troposphere and stratosphere. Note 
that zonally asymmetric features of the stratospheric ozone transport by the 
QSW1 type is an important factor in the TOC AC development. Th is eff ect is 
clearly seen in the longitudinally dependent TOC increase between winter and 
spring (solid curves in Fig. 2.3a, c, respectively). At the same time, in the fi xed 
5-degree zone (50—55N), the photochemical ozone relaxation is longitude-
independent as seen from the equal TOC decrease between spring and autumn 
at all longitudes (solid and dashed curves, respectively, in Fig. 2.3c).

It has been demonstrated that the altitude interval between the lower and 
middle stratosphere exists, where the ozone photochemistry seems to be zonally 
asymmetric. Typically, ozone photochemical relaxation in the lower stratosphere 
occurs between spring and autumn and is interrupted by the following BDC 
cycle. Th e ozone photochemical creation with the summer ozone maximum is 
characteristic of the middle stratosphere. In the AH region, the transition from 
the dynamical to photochemical AC type takes place at lower altitudes than in 
the AL region: 25—28 km and 28—32 km, respectively. Th e higher altitudes of 
the summer ozone maximum appearance in the AL region mean also the larger 
vertical extension of the lower stratospheric layer, where the dynamical ozone 
accumulation is dominant. Th is diff erence enhances the time shift  observed in 
the ozone ACs in the lower stratosphere (10—25 km, Fig. 2.8a).

So, zonal asymmetry in the annual TOC cycle suggests regional distinctions 
in the relationships between stratospheric ozone dynamics and photochemistry, 
which can be useful both in interpreting ozone observations, in particular, at 
the Kyiv-Goloseyev station, and in improving their model representations. Th e 
close connection between regionality and seasonality of the total ozone seen 
from our climatological relationships may be refl ected in the stratosphere–
troposphere ozone exchange on the regional scale. As noted in Subsection 2.5.3, 
at least a one-month time shift  is observed between the tropospheric ozone ACs 
following the AC time shift  in the lower stratospheric ozone in the AL and AH 
regions. Th is is consistent with the conclusion by (Peters et al., 2015) that the 
stratospheric zonal ozone anomaly has a strong infl uence on the tropospheric 
circulation as a result of enhanced dynamical coupling processes. Under 
decadal changes in the BDC strength (Fu et al., 2019), changing the net infl ux of 
stratospheric ozone into the troposphere may contribute to the climate change 
(e.g., Arblaster and Gillett, 2014). Future observational and model studies are 
needed to assess (i) the infl uence of zonally asymmetric AC in the stratospheric 
ozone on regional stratosphere–troposphere exchange and (ii) the magnitude 
and seasonality of possible impacts on regional climate.
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3.1. Introduction
Antarctic ozone depletion takes place in the course of chemical reactions which 
eff ectively occur at low temperatures with a signifi cant role of polar stratospheric 
cloud particles (Solomon et al., 1986; Daerden et al., 2006). Favorable conditions 
for ozone molecule destruction exist in the inner part of the stratospheric polar 
vortex (Solomon et al., 1986; Roscoe et al., 2012). Strong zonal fl ow at the vortex 
edge forms a cyclonical structure, which prevents from mixing high- and mid-
latitude air masses (Brasseur et al., 1997). Because of relatively low planetary 
wave (PW) activity in the Southern Hemisphere (SH), the stratospheric polar 
vortex in the Antarctic region is stronger and colder and exists for a longer 
time than in the Arctic region (Waugh and Randel, 1999; Karpetchko et al., 
2005; Waugh and Polvani, 2010). Combined with decadal ozone loss due to 
chlorofl uorocarbon load of the stratosphere, these features have determined 
the ozone hole development in Antarctica since the early 1980s (Chubachi, 
1984; Farman et al., 1985; Chubachi and Kajiwara, 1986; Stolarski et al., 1986; 
Solomon, 1999).

Th e ozone hole (white contour at 220 DU in Fig. 3.1a; see Section 1.1 for 
the ozone hole defi nition) typically starts developing in August, reaches its 
maximum size and maximum ozone loss in September and October, respectively, 
and disappears in late November or December (Solomon et al., 2005; Bodeker 
et al., 2005, Kravchenko et al., 2012; Zhang et al., 2017). Th e ozone hole area can 
exceed 25 million km2 (Newman et al., 2004; Stolarski et al., 2005, see also the 
ozone hole characteristics from NASA Goddard’s Ozone Hole Watch website 
https://ozonewatch.gsfc.nasa.gov/meteorology/SH.html), which is almost twice 
the size of the Antarctic continent. 

Th e total ozone distribution predominantly characterizes the stratosphere 
layer, where a sharp ozone maximum is observed at altitudes of 15—25 km 
(Chubachi, 1984; Solomon et al., 2005). Th erefore, strong variations in the 
total ozone distribution are due mainly to the stratospheric ozone variations 
(Salby and Garcia, 1990; Wirth, 1993; Ziemke et al., 1996; Gabriel et al., 2011). 
Since the ozone hole is formed inside the stratospheric polar vortex, it is under 
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the infl uence of large-scale PWs, which penetrate into the stratosphere from 
the troposphere (Charney and Drazin, 1961; Quintanar and Mechoso, 1995; 
Polvani and Saravanan, 2000; Hio and Hirota, 2002), deform the vortex edge, 
and displace the vortex location relative to the South Pole (Salby and Garcia, 
1990; Wirth, 1993; Waugh and Randel, 1999).

In the zonal direction, the scale of planetary waves, or Rossby waves, 
is typically characterized by a zonal wavenumber m defi ned as the number 
of wavelengths around a latitude circle (Rossby, 1939; Hirota and Hirooka, 
1984; Hio and Yoden, 2004). In the SH, PWs are mainly presented by quasi-
stationary waves (QSW) with a zonal wavenumber of m = 1 (QSW1) and 
traveling waves (TW) with a zonal wavenumber of m = 2 (TW2) as established 
by many authors (Hartmann et al., 1984; Quintanar and Mechoso, 1995; Hio 
and Yoden, 2004; Grytsai et al., 2005b; Ialongo et al., 2012). Th e TW eff ects 
in the ozone data from the Antarctic stations have been shown in Subsection 
1.6.2 (Figs. 1.20—1.22). Th e quasi-stationary PW with a zonal wavenumber of 
m = 2 (QSW2) in the SH is typically 2–5 times weaker than QSW1 (Quintanar 
and Mechoso, 1995; Grytsai et al., 2005b; Grytsai et al., 2007a; Ialongo et al., 
2012; Turner et al., 2017).

Fig. 3.1. The SH total ozone in October 2014 from the OMI observations (a) (http://www.
temis.nl/protocols/O3global.html), white contour indicates the ozone hole boundary at 
220 DU and (b) variations in the zonal TOC distribution at 65°S in 1979—2014 averaged 
over September-November; red curves show the pre-ozone hole years 1979—1983 and 
blue curves show the years with the strongest ozone loss and largest eastward shift of the 
QSW minimum in 2000, 2001, and 2003—2005. Modified from (Grytsai et al., 2017)
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Climatologically, maximum PW activity in the Antarctic stratosphere exists 
in austral spring (Randel, 1988; Hio and Hirota, 2002). Due to the infl uence of 
QSW1 and QSW2, the distribution of the total ozone column over Antarctica 
is signifi cantly non-uniform in September-November (Wirth, 1993; Ziemke 
et al., 1996; Malanca et al., 2005; Grytsai et al., 2007a; Agosta and Canziani, 
2010; Ialongo et al., 2012; Ivaniha, 2020). Th is is illustrated in Fig. 3.1a with 
the total ozone column (TOC) fi eld observed with the Ozone Monitoring 
Instrument (OMI) on the NASA’s Aura satellite in October 2014. Th e role of 
PWs was especially important in the unusual SH stratospheric warming in 2002 
(Varotsos, 2002; Allen et al., 2003; Hoppel et al., 2003). Wave activity of both 
QSW and TW with wave numbers m = 1 and m = 2 caused strong deceleration 
and warming of the stratospheric polar vortex, its anomalous splitting, and 
ozone hole breakup in September 2002 (Nishii and Nakamura, 2004; Newman 
and Nash, 2005; Grytsai et al., 2008; Peters and Vargin, 2015).

Zonal TOC asymmetry caused by stationary waves has important con-
sequences. One of them is the existence of a longitudinal dependence of the ozo-
ne trend in both hemispheres (Niu et al., 1992; Hood and Zaff , 1995; Malanca 
et al., 2005; Grytsai et al., 2005b; Peters et al., 2008). Typically, the strongest 
negative trends are observed in the region of the zonal ozone minimum. 
Th e long-term changes in the zonal minimum longitude infl uence ozone 
measurements at the Antarctic stations located in the polar vortex edge region, 
which aff ects the trend estimate and the detection of the ozone hole recovery 
(Hassler et al., 2011).

Th e second consequence is the appearance of large regional TOC anomalies 
caused by regular displacements of the stratospheric polar vortex and ozone hole 
relative to the South Pole due to the QSW1 activity (Figs. 3.1a and 3.2, upper 
panel; see also Figs. 1.20 and 1.21). Th e PW propagation is oft en combined with 
the appearance of the tropospheric and stratospheric cyclones and anticyclones, 
which strengthens the TOC anomalies in both hemispheres (Hood and Zaff , 
1995; Engelen, 1996; Harvey et al., 2002; Vigliarolo et al., 2005). In the Antarctic 
region, the polar vortex displacement causes low-ozone events equatorward as 
far as 55S (Vigliarolo et al., 2005) or 50S (Perez et al., 2000), a climatological 
TOC minimum over the South America and Atlantic sector, and a maximum 
in the Australian sector (Ziemke et al., 1996; Mariotti et al., 2000; Malanca et 
al., 2005; Grytsai et al., 2007a; Hassler et al., 2011; Agosta and Canziani, 2011; 
Ialongo et al., 2012; Ivaniha, 2020). Th e decadal TOC decrease in the zonal 
minimum region (Fig. 3.1b) can enhance the level of harmful UV radiation over 
the populated southern edge of South America (Bernhard et al., 2000; Zaller 
et al., 2002) and impact Antarctic ecosystems (Láska et al., 2009; Flores et al., 
2012). In the Arctic region, regional anomalies of low ozone are oft en observed 
over Europe in winter due to displacement of the stratospheric polar vortex 
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(Chapter 2, Figs. 2.1 and 2.4). Th ey can exceed 60 DU and reach latitudes of 
60N (James et al., 2000) and even as far equatorward as 47N (Calisesi et al., 
2001). Record-low ozone below the threshold value of 220 DU for the ozone 
hole was observed over the Arctic in March 2020 (Wohltmann et al., 2020; 
Dameris et al., 2021).

Th e third consequence is zonally asymmetric ozone eff ects in the 
stratospheric thermal regime infl uencing PW propagation (Gabriel et al., 
2007; Albers and Nathan, 2012; Wang et al., 2013) and regional climate in both 
the troposphere and the stratosphere (Crook et al., 2008; Gillett et al., 2009; 
Waugh et al., 2009). Zonally asymmetric shift s of the TOC minimum also play 
a specifi c role in the regional climate change (see further Subsection 3.3.3 and 
Chapter 4). On the decadal time scale, the negative TOC trend at the zonal 
QSW minimum contributes signifi cantly to the zonal mean TOC trend. Related 
responses in the zonal mean temperature and zonal circulation strength are 
observed, particularly, as changes in the Southern Annular Mode (SAM) index 
and surface climate in the Antarctic region (Th ompson et al., 2011; Son et al., 
2013; Li et al., 2016). 

Th is chapter deals with the QSW manifestations in the springtime TOC 
fi eld in the Antarctic and sub-Antarctic regions observed from the satellite data.

3.2. Ozone observations and QSW characterization

Th e results of satellite observations are used to estimate the tendencies in the 
QSW patterns in the Antarctic total ozone with the gridded ozone data from 
the NASA Ozone & Air Quality website (https://ozoneaq.gsfc.nasa.gov). Th e 
TOC observations were processed with the corrected 8th version of the ozone 
retrieval algorithm (Bhartia and Wellemeyer, 2002; Antón et al., 2010). Th e 
observational data were obtained from the Total Ozone Mapping Spectrometer 
(TOMS)/Nimbus-7 (1979—1992), the Earth Probe Total Ozone Mapping 
Spectrometer (EP-TOMS, 1996—2005), and Ozone Monitoring Instrument 
(OMI) onboard the Aura satellite platform (from 2006). Th e TOMS Meteor-3 
measurements (1991—1994) are not considered due to their signifi cant gaps. 
Th e gap between Nimbus-7 and Earth Probe observations in 1993—1995 was 
fi lled in with the Royal Netherlands Meteorological Institute Multi-Sensor 
reanalysis (KNMI MSR) data (http://www.temis.nl; van der A et al., 2010). Th e 
daily data are presented with a spatial step of 1—1.5° by longitude (depending 
on datasets) and 1° by latitude with bins centered from 89.5S to 89.5N.

Th e quasi-stationary ozone distribution along individual latitude circle was 
determined using the September-November mean to exclude fl uctuations and 
infl uence of TPWs (Grytsai et al., 2007a; Ialongo et al., 2012). Th e September-
November time interval covers the ozone hole season with strong ozone losses, 
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pronounced zonal ozone asymmetry, and maximal PW amplitudes as noted 
in Section 3.1. Inclusion of the data for August, when the ozone hole is at its 
earliest stage, is complicated due to incomplete satellite data over Antarctica 
in the polar night. Note also that the post-vortex conditions with negligible 
ozone asymmetry do not contribute signifi cantly to the detectable QSW 
characteristics, since the polar vortex breakup and ozone hole disappearance 
occur usually in late November-December (Waugh and Randel, 1999; Bodeker 
et al., 2005; Dameris and Godin-Beekmann, 2014; Zhang et al., 2017; Bodeker 
and Kremser, 2021).

A latitudinal range of 50 to 80°S has been studied, so, including the inner 
and edge parts of the Antarctic polar vortex (e.g., Roscoe et al., 2012) have been 
considered. In particular, the edge region of the ozone hole with maximum 
zonal asymmetry in the ozone distribution due to wave disturbances (Figs. 1.20, 
1.21, and 3.1a) is covered. Th e latitudes were chosen with a 5° step: centers 
of respective 1-degree bands are equal to 50.5, 55.5…80.5°S. Here, we indicate 
integer values for these latitude bands, for example, 50 for 50.5S, and use 
the term ‘latitude’ instead of ‘latitude band’ for simplicity. Note that the 
spring TOMS and OMI data for 80S are only available aft er 12—14 September 
and, therefore, our 3-month statistics for this latitude cover 78 days or 86% of 
the total spring days. Th is data defi ciency in overall results is unlikely to be 
important.

Figure 3.1b demonstrates interannual variations of the longitudinal TOC 
profi les at 65S (white circle in Fig. 3.1a) within 1979—2014. Th e September-
November means presented in Fig. 3.1b also show decadal changes in both the 
TOC levels and longitudes of zonal TOC maximum and zonal TOC minimum. 
In the early 2000s (blue curves in Fig. 3.1b), when ozone loss culminated, the 
zonal TOC minimum is about 100 DU lower than in the pre-ozone-hole years 
(red curves in Fig. 3.1b) and is notably displaced to the East, which qualitatively 
illustrates a general tendency for the zonal TOC minimum to be located further 
eastward with decreasing TOC minimum level (Grytsai et al., 2005a, 2007b, 
2017; Lin et al., 2010; Agosta and Canziani, 2011; Hassler et al., 2011). Th at is 
described in more detail in Chapter 4. Here we focus on the analysis technique 
and give some illustrations.

Th e location of the quasi-stationary maximum and minimum was deter-
mined with moving average calculated in the 50 longitude window to separate 
large-scale parts of the disturbances smoothing small-scale details. In respect of 
the wave ridge/trough position analysis, it should be noted that a predominance 
of the QSW1 results in a rather wide longitudinal extension of the zonal wave 
minimum/maximum in the 3-month averages (Fig. 3.1b). Consideration of the 
individual latitude circle and smoothing gives the well-defi ned longitudinal 
positions of the monthly mean wave extremes, which can be presented with two 



9999

3.2. Ozone observations and QSW characterization

points at each latitude circle. Such an approach allows a quantitative description 
of longitudinal variations in the TOC extreme positions.

A few additional parameters are introduced to statistically describe the 
TOC asymmetry using the 3-month mean distribution along the individual 
latitude circles. Th e extreme levels of total ozone at the QSW ridge and QSW 
trough are denoted as TOCmax and TOCmin, respectively. Two quantities are used 
to characterize the degree of zonal asymmetry: 

(i) the amplitude of the zonal wave Azw, calculated as half-diff erence between 
TOCmax and TOCmin, namely, Azw = (TOCmax — TOCmin)/2, and 

(ii) the relative asymmetry Arel = (TOCmax — TOCmin) 100/TOCmax, as 
a percentage diff erence between the total ozone levels at the wave extremes. 
To obtain long-term tendencies, the linear and polynomial least-squares fi tting 
methods are used.

Th e calculations were carried as follows (see, e.g., Krishnan, 2006). Let us 
consider n pairs of values (xi, yi). Th e task is to fi nd out a polynomial fi tting of 
degree k to minimize
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is a polynomial of degree k with unknown coeffi  cients am. Conditions for the 
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In order to calculate spectral characteristics, the ozone distributions were 
decomposed in the Fourier series. More specifi cally, the longitudinal TOC 
distribution f (λ) can be expanded as a sum of sine and cosine harmonics with 
zonal numbers m:
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Th e Fourier coeffi  cients are calculated as:
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Equations (3.6) yield two parameters of the QSW with zonal number m, 
amplitude Am, and phase m:
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sgn is a symbol of the sign function (1 for positive and –1 for the negative 
arguments; 0 for zero number). According to this defi nition, a phase is the 
longitude of a wave maximum in the zonal ozone distribution associated with 
individual QSW harmonic. In the case of discrete data (really existing), the 
relations (3.7) can be transformed into the following ones (Varotsos et al., 2008):
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where M denotes the number of values along the parallel, i does the correspon-
ding summation index. Th e zonal mean values are calculated as 
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As a rule, QSW components with zonal numbers m = 1—5 are considered 
because higher harmonics are of no practical interest (Wirth, 1993; Grytsai 
et al., 2005b; Ialongo et al., 2012; Turner et al., 2017). In the SH, as noted in 
Section 3.1, QSW1 and TW2 are the strongest harmonics. The multi-year mean 
can be determined not only for the QSW component but also for the total 
wave using averaging of the daily wave amplitudes. In the latter case, averaged 
daily longitudinal ozone profi les describe both stationary and traveling waves 
(Hartmann et al., 1984; Hio and Yoden, 2004; Grytsai et al., 2005a; Ialongo 
et al., 2012).

Th e least-squares method was applied to estimate the decadal trend value. 
In particular, the coeffi  cients for linear approximation y = kx + l were calculated 
in the usual manner: 
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where n is the length of the data series. As a tendency in the ozone layer 
dynamics was not the same at the beginning and at the end of the observational 
period, time series were analyzed using a piecewise linear fi tting of two types 
(Hill et al., 1986; Seidel and Lanzante, 2004; Yang et al., 2009; Kuttippurath et 
al., 2013; de Laat et al., 2015; Weber et al., 2018). In the fi rst case, a linear fi t with 
two disjoined lines (independent linear trend before and aft er the turnaround 
point (Weber et al., 2018); known also as ‘a sloped steps model’, e.g., (Seidel and 
Lanzante, 2004)) was calculated as shown above in (3.10). In the other case, 
a linear fi t with two lines with a joint point (a piecewise linear trend model 
(Seidel and Lanzante, 2004; Weber et al., 2018)) was applied. Th e coeffi  cients 
were calculated as:
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where the following symbols are used: 
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Th e results obtained by these two methods were compared to determine 
their reliability. It is necessary to note that the use of data obtained by diff erent 
satellites does not result in signifi cant discrepancies in the QSW parameters. 
For example, simultaneous ozone observations by EP-TOMS and OMI in 
September-November 2005 show close values for, respectively, QSW maxima: 
372.3 DU and 372.7 DU (at the longitudes 148.5 and 151°E, respectively), 
and QSW minima: 200.8 DU and 202.5 DU (at the longitudes 6.5 and 9°W, 
respectively).

3.3. Tendencies in the QSW characteristics

3.3.1. The two ozone anomalies in the Antarctic region

Figure 3.2 demonstrates a zonal asymmetry in total ozone in October over the 
middle and high latitudes of the SH using KNMI MSR data (see also Figs. 1.18, 
1.20, and 1.21). Selected years with small (upper panel) and large (lower panel) 
ozone holes are compared. Excepting pre-ozone hole year 1979, diff erences 
in the ozone hole size and depth are due to strong and weak PW activity, 
respectively. It can be seen that the two anomalies of opposite sign in the zonal 
TOC distribution, both positive and negative (red and blue, respectively, in Fig. 
3.2) are asymmetric relative to the South Pole.

Th e fi rst (positive) TOC anomaly is a band of ozone-rich air at the mid- 
and sub-polar latitudes. It is located predominantly around East Antarctica 
and reaches or exceeds 180 in the longitudinal extent (Fig. 3.2). Maximum 
TOC levels of more than 400 DU (red in Fig. 3.2) are common for this region 
in September. Th e characteristic ‘collar’ region of high ozone surrounding 
the ozone-poor Antarctic polar vortex results from the poleward ozone transport 
associated with the descending branch of the Brewer-Dobson circulation, 
whereas the poleward ozone penetration in the horizontal direction from 
the middle latitudes is dynamically blocked by the stratospheric polar vortex 
edge (Holton et al., 1995; Mariotti et al., 2000; Shepherd, 2003; Roscoe 
et al., 2012).

Th is asymmetric pattern has an ozone maximum at the latitudes 50—60S 
and an equatorward boundary at 40S. A similar description of the ozone collar 
as a latitude band centered at about 55S with a large ozone mixing ratio is given 
by Mariotti et al. (2000). Sometimes the ozone-rich air can reach the edge of the 
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Antarctic continent (i.e. latitudes of about 70—75S), as occurred in September 
of years with high PW activity and small ozone holes (Fig. 3.2b—f). As seen in 
Fig. 3.2a, this asymmetric pattern was present in the pre-ozone-hole years as well. 
Th e zonal asymmetry with regional TOC maximum is due to zonally asymmetric 
BDC and anomalous ozone accumulation by the QSW1 type (Gabriel et al., 
2011). Zonal TOC maximum is most oft en in the Australian sector (90—180E) 
as confi rmed by climatology (Wirth, 1993; Grytsai et al., 2007a; Ialongo et al., 
2012; Ivaniha, 2020) and illustrated below in Subsection 3.3.3. 

Th e second (negative) TOC anomaly is represented by the ozone hole 
(white contour in Fig. 3.2), which is usually displaced relative to the pole due to 
the QSW1 infl uence on the polar vortex (Waugh and Randel, 1999; Grytsai et 
al., 2007a; Ialongo et al., 2012). In the years of large ozone holes, even their small 
off -pole displacement and elongation favor the equatorward penetration of low 
ozone air to latitudes of 55—60S (Fig. 3.2g—l). Th e ozone hole displacement 
typically occurs towards the longitude quadrant of 90W—0E, in the direction 
of South America and the Atlantic. Th e early Microwave Limb Sounder (MLS) 
data confi rmed that the zonal TOC anomalies are primarily of stratospheric 
origin due to the contribution of the corresponding zonal anomalies existing 

Fig. 3.2. September mean fields of total ozone over the southern latitudes 30—90°S: 
a—f — small ozone holes in 1979, 1988, 2002, 2012, 2017, and 2019; g—l — large ozone 
holes in 1987, 1998, 2001, 2006, 2011, and 2015. The KNMI MSR data (http://www.temis.
nl/protocols/O3global.html)
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in the stratospheric ozone column (Ziemke et al., 1996). Th e recent analysis 
of the ozone profi les in (Ivaniha, 2020) using the MERRA-2 reanalysis data, 
which assimilate the MLS ozone since 2004, is consistent with the conclusion 
by (Ziemke et al., 1996). Th e combined eff ects of the two anomalies can 
produce a zonal asymmetry with the TOC minimum and TOC maximum 
of 200 DU and 400 DU, respectively, which corresponds to relative asymmetry 
Arel  50% (Fig. 3.2e, f).

As mentioned above, the high levels of stratospheric ozone around 
Antarctica are dynamically accumulated outside the polar vortex as the strong 
zonal circulation at the vortex edge eff ectively prevents from mixing mid-
latitude and polar air (see relative positions of the ozone hole and vortex edges 
in Fig. 1.20). Th e low ozone levels inside the ozone hole appear due to the 
chemical processes which enhance the polar ozone destruction when the sun 
returns in spring (Solomon, 1999; Roscoe et al., 2012). Th erefore, the positive 
and negative anomalies in the zonal TOC asymmetry are of mainly dynamical 
and chemical origin, respectively. 

Although the ozone hole is isolated inside the polar vortex and can move 
off  the pole and elongate under the infl uence of planetary waves (dynamical 
factor), this component of zonal asymmetry is associated to a large degree 
with ozone chemistry. Th us, the terms ‘dynamical maximum’ and ‘chemical 
minimum’ may be used to emphasize the basic process providing enhanced 
ozone accumulation and losses, respectively.

Th e sub-polar ozone maximum in the ozone collar and ozone minimum 
in the ozone hole typically have a similar seasonal change with a maximum 
intensity in September-October (Figs. 1.18 and 3.2; see also the monthly mean 
TOC fi elds for August-December since the 1980s, e.g., at http://www.temis.
nl/protocols/O3global.html). Th e seasonal poleward shift  of the ozone collar 
сentral latitude occurs from 62°S in September to 66°S in October and to 68°S 
in November (Ivaniha, 2020).

3.3.2. The QSW amplitude

Figure 3.3 shows the curves of the TOC distribution along seven latitudes 
averaged for September-November. Th e individual years of the period 1979—
2005 (with a gap in 1993—1995) are presented (Grytsai et al., 2007a). Interannual 
variability, changes with latitude, and decadal tendency in the QSW amplitude 
(highlighted in Fig. 3.1b) are clearly seen in Fig. 3.3a—g.

It follows from Subsection 3.3.1 that a cause of the strong changes in the 
total ozone fi eld during Antarctic spring is not only related to the ozone hole 
but also to the longitudinal asymmetry of the ozone maximum at mid- and 
sub-polar latitudes (named above as chemical ozone minimum and dynamical 
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ozone maximum, respectively; see Fig. 3.2). Th ese two ozone anomalies of 
opposite signs develop almost simultaneously during late winter and spring 
(Grytsai et al., 2007a; Kravchenko et al., 2012; Ialongo et al., 2012; Ivaniha, 
2020). Th ey both give a contribution to the appearance of the QSW amplitude 
maximum in the latitude interval 60—70S (Fig. 3.3c—e). Th e largest diff erence 
between the positive and negative TOC anomalies (i.e. the highest amplitude 
of the zonal wave) is observed at latitude 65S (Fig. 3.1b, d). As estimated by 
Grytsai et al. (2007a, their Table 1), (i) at this latitude, the September-November 
mean wave amplitude was Azw = 57.2 13.5 DU with the relative asymmetry 
Arel = 32%, (ii) the decadal amplitude trend was 9.3 2.8 DU decade–1, and (iii) 
the zonal wave amplitude at latitudes of 50S and 80S was approximately half 
the peak value (see also Fig. 3.3a and 3.3g, respectively). 

In the climatology from the longer time series (1980—2014), the maximum 
QSW amplitude is shift ed poleward between September (55 DU at 62S), 
October (75 DU at 66S, and November (50 DU at 68S) with the averaged 
latitude of maximum at 65.3S (Ivaniha, 2020), which is close to the above value 
65S by (Grytsai et al., 2007a).

Th e decadal changes in zonal asymmetry degree, as measured by Azw and 
Arel, are due to diff erent rates of the TOC level decrease in the regions of the 
two zonal extremes. Th e larger negative trends between –30 DU decade–1 and
–38 DU decade–1 were observed at the zonal TOCmin within the latitude zone 
60—80S with a maximum at 65S (Grytsai et al., 2007a; the trends for Vernadsky 
are exhibited in Fig. 1.24). Th ese values gave the main contribution to the QSW 
amplitude trend noted above. Th e trend at the zonal TOC minimum is mainly of 
chemical origin, because it relates to the ozone hole region, as mentioned above. 
Th e importance of the ozone hole evolution in the changes of the asymmetric 
TOC pattern in the Antarctic region was noted in (Crook et al., 2008; Ialongo et 
al., 2012; Zhang et al., 2017).

At the latitudes of the zonal TOC maximum, the trends were much smaller 
and more zonally symmetric: –8.4 3.6 and –8.5 2.0 DU decade–1 in TOCmax 
and TOCmin, respectively, at 50S, or somewhat asymmetric: –12.0 4.2 and 
–17.4  2.6 DU decade–1, respectively, at 55S (Grytsai et al., 2007a). So, in 
comparison with predominantly chemical ozone minimum, dynamically 
formed ozone collar gives several times smaller contribution to the zonal 
asymmetry changes (Azw and Arel) and displays mean tendency in the ozone loss 
outside the polar vortex. For example, in the collar region the values of –(8—
12) DU decade–1 correspond to –(0.2—0.3)% year–1, which coincides closely 
with the linear trend –(0.4—0.5)% year–1 at 50—55S for Antarctic spring in 
(Newman and Pyle, 2003; their Fig. 3.3).

Th e longer datasets of the satellite measurements have shown that, since the 
late 1990s-early 2000s, the Antarctic ozone losses have levelled off  and the signs 
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of the ozone layer recovering have been revealed (Yang et al., 2005; Bodeker et 
al., 2005; Grytsai, 2011; Salby et al., 2011; Kuttippurath et al., 2013; Dameris 
and Godin-Beekmann, 2014; Solomon et al., 2016; Chipperfi eld et al., 2017; 
Kuttippurath and Nair, 2017; Pazmiño et al., 2018; Weber et al., 2018). Th e two 
time intervals were considered to separate the fi rst period of the ozone loss and 
the second one of the ozone layer recovery to verify the statistical signifi cance 
of the opposite trends. As noted in Section 3.2, a piecewise linear regression is 
oft en used in many works.

Fig. 3.3. Interannual variations of the 
mean spring distribution of the TOMS 
total ozone for 7 latitudes between 50 
and 80°S over 1979—2005 (excluding 
1993—1995). Modified from (Grytsai et 
al., 2007a)
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An example of the piecewise linear trends with two disjoined lines (with coef-
fi cients obtained from (3.10)) is shown in Fig. 3.4a. Th e QSW amplitude in crea-
se during 1979—1994 (decrease in 1995—2017) occurred with a positive trend 
20.7 ± 11.9 DU decade–1 (negative trend –2.4 ± 8.5 DU decade–1) statistically 
signifi cant (insignifi cant) at the 2σ level. Th e sum of squares of the deviations be-
tween the amplitude values and their linear fi ts by two disjoined lines has a mi ni-
mum at the turnaround year 1995 (closed circle on the fi tting curve in Fig. 3.4c).

Th e piecewise linear trends with a joint point (see equation (3.11)) were 
15.7 ±  9.4 DU decade–1 and –5.0  ±  9.3 DU decade–1 for the 1979—1996 and 
1996—2017 intervals, respectively (Fig. 3.4b). A minimum sum of squares, in 
this case, takes place near 1998 (closed circle on the fi tting curve in Fig. 3.4d). 
Fig. 3.4, thus, demonstrates that (i) the two piecewise methods show nearly the 
same turning points at the QSW amplitude maximum, which was reached in 
the mid-1990s, (ii) the QSW amplitude increase was statistically signifi cant 
before the turnaround years, and (iii) its change aft er the turnaround years up 
to 2017 was not statistically signifi cant.

Fig. 3.4. Trends in the September-November QSW amplitude Azw over 1979—2017 for 
65°S. The linear fits using (a) two disjoined lines and (b) two lines with a joint point 
are shown. (c), (d) Sum of squares of deviations between the observed TOC values 
and piecewise linear regressions with different turning points in the cases (a) and (b), 
respectively. Updated from (Grytsai, 2011).
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Th e piecewise method shows opposite tendencies in the TOC changes 
before and aft er the mid-1990s (Fig. 3.5), like in the QSW amplitude (Fig. 3.4). 
At the zonal QSW minimum, the TOC trends were –62.8 ± 14.7 DU decade–1 in 
1979—1994 and 15.9 ± 13.7 DU decade–1 in 1994—2017 (Fig. 3.5a). Th e trends 
at the zonal QSW maximum were –31.4 ± 23.6 DU decade–1 for 1979—1996 
and 5.8 ± 20.4 DU decade–1 for 1996—2017 (Fig. 3.5b). Th is shows that ozone 
recovery since the mid-1990s has not been confi dently detected from such a 
time series ending in 2017 neither at the zonal TOC minimum nor at the zonal 
TOC maximum. As seen from Fig. 3.5, the trend uncertainty is due to the large 
TOC variability.

Dependence of the linear trend signifi cance on the end year of the time 
series exists (Weber et al., 2018). In the 2010s, statistical signifi cance of the 
ozone recovery was established for September using diff erent datasets. Solomon 
et al. (2016) have shown the TOC increase of 25 ± 16 DU decade–1 in September 
2000—2014 poleward of 63S from the SBUV data and 25 ± 15 DU decade–1 
from the South Pole sondes (at 90% confi dence limit in both cases). By Pazmiño 
et al. (2018), the TOC trends were statistically signifi cant at 2σ level inside the 
polar vortex in September 2001—2017: 18.4 ± 10.3 to 28.3 ± 14.8 DU decade–1 
depending on the methods and considered proxies for the quantifi cation of 
ozone interannual variability.

Weber et al. (2018) have calculated the piecewise trends with the turnaround 
years 1996 for global ozone and in 2000 for polar ozone depending on the time 
when anthropogenic ozone-depleting substances reached their maximum. In 
September, positive ozone trends for the SH polar region (60—90°S) from various 
datasets varied between 8%·decade–1 and 10%·decade–1 with a 2 uncertainty of 
about 7%·decade–1 (Weber et al., 2018). On average, this corresponds to about 

Fig. 3.5. Interannual variations in the TOC level at 65°S for (a) the QSW minimum and 
(b) the QSW maximum. Thick lines show linear fit for 1979—2017, and dashed lines 
show piecewise trends with a joint point in 1994 and 1996. Updated from (Grytsai, 2011)
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20 DU decade–1, in general agreement with (Solomon et al., 2016; Pazmiño et 
al., 2018). Th e largest modeled signal of the Antarctic ozone recovery is also 
in September, and it shows a similar trend (Solomon et al., 2016; Chipperfi eld 
et al., 2017).

In Figs. 3.4 and 3.5, the turnaround years for Azw and TOC are in the mid-
1990s, that is, somewhat earlier than 2000 for polar ozone in September 
(Solomon et al., 2016; Pazmiño et al., 2018; Weber et al., 2018), possibly, 
because our results characterize the seasonal means (September-November) at 
an individual latitude circle of 65°S.

3.3.3. Longitudes of QSWmin and QSWmax

Now we consider changes in the longitudinal positions of the zonal TOC 
extremes in the Antarctic region. Interannual variations and trends of the mean 
SON longitude of the extremes at seven latitudes between 50 and 80S were fi rst 
presented in (Grytsai et al., 2007a; 2007b). It was found that, on the background 
of the interannual variability, the QSW extremes exhibited steady eastward shift s, 
which are statistically signifi cant (insignifi cant) at the QSWmin (QSWmax). During 
the period 1979—2005, the faster eastward movement at all seven latitudes was 
observed at the QSWmin rather than at the QSWmax, 10—23decade–1 against 
3–8decade–1, respectively (Grytsai et al., 2007a; their Table 2).

Further analysis has shown the change in decadal tendency near 2000 
(Grytsai, 2011; Grytsai et al., 2017). Th is is seen from the polynomial fi t in 
Fig.  3.6 (thick curve). Over 1979—2015, the decadal tendency in the mean 
longitude of the QSWmin at 65°S, as indicated by the slope of the polynomial fi t 
with k = 3, changed sign from eastward shift  to westward shift  (the turnaround 
year 2002 is marked by closed circles in Fig. 3.6a). 

Comparison of polynomials from k = 2 to k = 6 gave similar opposite 
tendencies before and aft er the early 2000s (Grytsai et al., 2017) as illustrated 
for k = 2 and k = 4 in Fig. 3.7. Note that the QSWmax at 65°S shows a relatively 
slow decadal shift  during 1979—2015 around the mean longitude 160E (thick 
curves in Fig. 3.6b), whereas the QSWmin shift ed from 40°W toward 0°E within 
1979—2002 and reversed the direction of the shift  from 0°E to about 30W in 
2002—2015 (Fig. 3.6a).

Th e latitudinal dependence of the zonal QSWmin shift  is shown in Fig. 3.8. 
Similar to Fig. 3.6a and Fig. 3.7 for 65°S, the zonal shift  at 50 and 80°S 
demonstrates turnaround (eastward to the westward) in the early 2000s. Th ere 
exists a persistent seasonal tendency in the climatological TOCmin location over 
50 to 80S: from the monthly mean data, in September, October, and November 
the TOCmin is located more and more to the East (Grytsai et al., 2007a). A similar 
tendency was noted in the displacement of the peak ozone decline longitudes 
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at 55 and 65S over 1978—1990 (Niu et al., 1992), which was confi rmed by 
the QSW patterns in the total ozone and stratospheric temperature and their 
trends (Lin et al., 2010). A main contributing factor is the seasonal change in 
the QSW1 phase during September-November (Lin et al., 2010).

Additionally, the mean locations of both QSWmin and QSWmax are at more 
eastern longitudes approaching the pole (Fig. 3.8 and Fig. 3.9, respectively) as 
noted in (Grytsai et al., 2007a, 2017; Grytsai, 2011). Th e QSW extremes display 
the Antarctic continent asymmetry and, visually, their climatological locations 
between 50°S and 80°S outline the continent boundary in the corresponding 
sectors (Grytsai et al., 2007a, see also Fig. 4.3 in Chapter 4).

Fig. 3.7. The QSW minimum position in the spring TOC distribution at 65°S over 1979—
2015. Polynomial approximations of degree k = 2 (a) and k = 4 (b) are shown. Compare to 
Fig. 3.6a with k = 3. Adapted from (Grytsai et al., 2017) 

Fig. 3.6. Longitude of the QSW minimum (a) and longitude of the QSW maximum at 
65°S averaged for September-November (b). Thin lines are the time series of 1979—2015, 
and thick lines are the polynomial fits of degree k = 3. Longitudes for 1979, 2002, and 
2015 from polynomial fitting are marked in (a) by closed circles. Modified from (Grytsai 
et al., 2017)
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Such elements in the QSW pattern could be formed due to (i) the Antarctic 
continent asymmetry and the continent edge infl uence on the planetary wave 
propagation (James, 1988) and (ii) radiative infl uence of Antarctica on the 
stratospheric polar vortex (Francis and Salby, 2001) in combination with (iii) the 
asymmetric tropopause eff ects in the total ozone over Antarctica (Evtushevsky et 
al., 2008). A more detailed analysis of the relations between the decadal changes in 
the TOC asymmetry, ozone depletion, and surface climate is given in Chapter 4.

3.3.4. Fourier harmonics

In the SH, the spectral analysis of the planetary waves usually is limited to 
the zonal wave numbers m = 1–5 with greater attention to m = 1 and m = 2 
(Sections 3.1—3.2). Analogously to the zonal QSW extremes (Figs. 3.6 and 3.7), 
we use the Fourier decomposition (Section 3.2) to illustrate the phase variability 

Fig. 3.8. Longitudinal position of the QSW minimum at 50°S (a) and 80°S (b). Compare 
to Fig. 3.6a for 65°S

Fig. 3.9. As in Fig. 3.8 but for the QSW maximum. Compare to Fig. 3.6b for 65°S



112

CHAPTER 3. Quasi-stationary planetary waves in the spring Antarctic ozone distribution

of the QSW1 component at 65°S and its long-term tendency represented by the 
polynomial regression for k = 1—4 (Fig. 3.10). Th e turning point falls mainly 
in the early 2000s (Fig. 3.10b—d), similar to that obtained for the longitudes of 
QSWmin and QSWmax (Figs. 3.6—3.8). Remember that the QSW amplitude Azw 
and TOC level at 65S showed turnaround years in the mid-1990s (Figs. 3.4 
and 3.5). Th is can mean that the seasonal means of Azw and TOC level at the 
SH high latitude indicate earlier signs of ozone recovery (mid-1990s) than the 
longitudes of the zonal QSW extremes and the QSW1 phase (Figs. 3.6—3.10), 
or some polar ozone datasets for September (Solomon et al., 2016; Weber et al., 
2018 Pazmiño et al., 2018), which identifi ed the beginning of ozone recovery 
near 2000.

An eastward shift  of the QSW1 phase was observed to the early 2000s in 
the whole latitudinal range 50—80°S (Grytsai et al., 2007a). Th is tendency is 
consistent with the results of many studies (Huth and Canziani, 2003; Malanca 
et al., 2005; Agosta and Canziani, 2010; 2011; Lin et al., 2010; Hassler et al., 

Fig. 3.10. As in Fig. 3.7, but for the QSW1phase and k = 1—4, 65°S
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2011). At the same time, the QSW2 phase shift  remains less studied. By (Grytsai, 
2011), it occurred westward during the 1980s–1990s with a linear trend of 
–37.3 ± 13.9° decade–1 at 65°S, and the westernmost QSW2 phases were observed 
in 1997 and 2000 (Fig. 3.11b). Note that the longitudes of the QSW1 minimum 
and the QSW2 maximum compared in Fig. 3.11a and 3.11b, respectively, fall in 
the region of the zonal TOC minimum around the Greenwich meridian (0°E; 
Figs. 3.1b and 3.3).

It is seen that the QSW2 maximum shift s in much larger interval of the 
longitudes than the QSW1 minimum, both before and aft er the early 2000s. 
Th is suggests a signifi cant contribution of the QSW2 phase to the changes in 
the total QSW minimum longitude (Fig. 3.6a). As shown in (Grytsai et al., 
2007a) and illustrated below, under the observed changes in the QSW1–QSW2 
amplitudes and phases, the zonal shift  (stability) of the total QSW minimum 
(maximum) in Fig. 3.6 can be explained.

As seen from Fig. 3.12a, the QSW1 amplitude increased during the 1980s–
early 1990s like the total QSW amplitude (Fig. 3.4a). Th e amplitude increase 
was 17.0 ± 13.7 DU decade–1 in 1979—1993 (piecewise linear fi tting with a joint 
point, not shown) and 19.9 ± 5.0 DU decade–1 in 1979—1996 (piecewise fi tting 
with two disjoined lines, Fig. 3.12a). Th e two methods of piecewise regression 
show diff erent tendencies in the following period. Th e QSW1 amplitude looks 
relatively stable with the trend of 1.6 ± 13.6 DU decade–1 in 1993—2008 (the 
fi rst method, not shown), which contrasts with its signifi cant increase of 
16.9±9.8 DU decade–1 over 1997—2008 (the second method, Fig. 3.12a). Th is 
discrepancy is caused by a sharp decrease in the QSW1 amplitude in 1997 
against 1996 (–26 DU, Fig. 3.12a), which results in the signifi cantly diff erent 
starting points of the second half of the time series using the joint or disjoint 
segments in the piecewise regressions (1993 and 1997, respectively).

Fig. 3.11. Changes in the longitudes of QSW1 (a) and QSW2 (b) at 65°S. Polynomial fit 
with k = 3 is shown by a thick line. Updated from (Grytsai, 2011)
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Note that the QSW1 weakening in 1997 could be associated with the 
teleconnection eff ects in the SH stratosphere dynamics due to climate regime 
shift  in the Pacifi c in the mid-1990s (e.g., Newman et al., 2016). Additionally, 
a strong El Niño/La Niña developed in the eastern Pacifi c in 1997/1998 (Chen 
et al., 2008), which typically does not dynamically aff ect the SH stratosphere 
(Ashok et al., 2007; Hurwitz et al., 2014) and in the central Pacifi c, which is 
negatively coupled with the ozone hole size (see Chapters 5 and 6). Th at is why 
the PW activity in the Antarctic stratosphere was relatively low, the stratospheric 
polar vortex and ozone hole were weakly disturbed and large with small zonal 
asymmetry, and, therefore, persistently low QSW and QSW1 amplitudes were 
observed in 1997—1999 (Figs. 3.4a and 3.12a).

Similar tropical infl uences could be assumed in the sharp change in the 
QSW2 phase in 1997 (Fig. 3.11b) and in the QSW2 amplitude in 1997—1998 
(Fig. 3.12b), which was opposite to that in the QSW1 amplitude in 1997—1998 

Fig. 3.12. Amplitude of QSW1 (a) and QSW2 (b) at 65°S with a linear trend for 1979—
2007 (thick lines) and piecewise trends (dashed lines). Updated from (Grytsai, 2011). 
Amplitude climatologies over the 1979—2005 period in the latitude range 50—80°S for 
QSW (c), QSW1 and QSW2 (d), and amplitude ratio of QSW2/QSW1 (e) (in %). Adapted 
from (Grytsai et al., 2007a)
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(Fig. 3.12a). Th e mechanism involved in the QSW, QSW1, and QSW2 responses 
to the assumed tropical infl uences needs to be analyzed in the future study.

Th e main feature in the QSW2 variability is the appearance of large ampli-
tude (10—15 DU) and its large variations aft er 1990 (Fig. 3.12b). Piecewise 
fi tting demonstrates the QSW2 amplitude decrease during 1979—1989 
(–5.3 ± 1.7 DU decade–1) and again a negative trend during 1990—2008, which 
is statistically insignifi cant (–1.2 ± 1.8 DU decade–1, Fig. 3.12b). Together with 
the specifi c phase change (Fig. 3.11b), the QSW2 in this statistic shows relatively 
independent tendencies in the trends from the QSW1 (Figs. 3.11 and 3.12a, 
b). Th e QSW2 frequently demonstrates amplitude deviations opposite to the 
QSW1 (Fig. 3.12a, b), which indicates the well-known anticorrelation between 
them (Robinson, 1985).

Fig. 3.12c—e illustrates the climatological relationship between the QSW1 
and QSW2 amplitudes. Th e QSW1 (Fig. 3.12d) provides a main contribution 
to the QSW (Fig. 3.12c), which is manifested in the zonal TOC asymmetry 
(Figs.  3.1a and 3.2). Th e QSW2 amplitude varies between 4 and 8 DU 
(Fig.  3.12d), while the amplitude ratio QSW2 to QSW1 is between 12% and 
21%, reaching a minimum value at 65S and increasing poleward between 65S 
and 80S (Fig. 3.12e).

Analysis of the QSW1 and QSW2 combination for the 65S latitude in 
(Grytsai et al., 2007a) showed that the diff erence in the zonal shift  velocities 
of the total QSW extremes (Fig. 3.6) can be due to the opposite shift  tendency 
observed in these two harmonics during 1980s-early 2000s (Fig. 3.11). 
Th e mean initial (1979) and fi nal (2005) phases of QSW1 and QSW2 were 
estimated from a linear fi t. Th e pairs of initial and fi nal phases (blue and red 
curves in Fig. 3.13a) for QSW1 are 30W and 7W, and for QSW2 are 36E and 
26W, respectively. Th e amplitude ratio at 65S was taken as QSW2/QSW1 = 
= 0.12 (Fig. 3.12e).

Superposition of QSW1 and QSW2 (Fig. 3.13b) reproduces the diff erent 
trend distances observed in the total QSW ridge and trough during the 1980s—
early 2000s (Fig. 3.6). Th e initial and fi nal positions of the QSW1+QSW2 
extremes in Fig. 3.13b (blue and red curves, respectively) are very close to those 
of the total QSW at 65S in Fig. 3.6.

Fig. 3.13b demonstrates that the amplitude change from the initial (blue) to 
the fi nal (red) positions of the wave sum is small (compare vertical deviations 
of the two curves). However, a clear shift  in the position of the wave sum trough 
appears (arrow in Fig. 3.13b) despite only a 12%-contribution of the QSW2 
amplitude. Th e trough shift s eastward by about 50, but the position of the 
ridge is almost unchanged at 160—170E (Fig. 3.13b) similar to the observed 
tendencies (Fig. 3.6). So, a combination of the observed amplitudes, initial 
positions, and phase shift  directions of the two sinusoids for QSW1 and QSW2 
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between 1979 and 2005 gives a noticeable displacement of the total QSW trough 
and relative longitudinal stability of the total QSW ridge. Analogously, the shift  
reverse at the total QSW minimum in the early 2000s (Fig. 3.6a) is associated 
with contribution from the similar shift  reverse in the QSW2 phase (Fig. 3.11b). 
Th is shows an important role of the QSW2 phase changes in the changes of the 
zonal QSW structure despite the relatively small QSW2 amplitude.

Th e characteristic parameters of harmonic components from the Fourier 
analysis are very changeable by latitude, as well as on interannual and decadal 
time scales (Figs. 3.10—3.13). However, there exists some regularity in the 
climatological amplitudes of the wave number sequence m = 1—5. It was shown 
that the averaged PW amplitude in the spring months successively decreases 
with increasing zonal number (Grytsai et al., 2005b; Grytsai, 2011). Th e 
amplitude decrease occurs faster between QSW1 and QSW2 than between the 
total waves (QSW+TW) for m = 1 and m = 2 (Grytsai et al., 2005a; their Fig. 9) 
as evidence of the QSW1 dominance in the SH stratosphere.

By Grytsai (2011), consideration of the relationship between the planetary 
wave amplitude Am (defi ned in Section 3.2) and zonal wavenumber m shows 
a monotonic amplitude diminution, which approximately corresponds to the 
power law A ~ m–k for both daily averaged amplitude (QSW+TW) and monthly 
mean QSW amplitude (Figs. 3.14a, b, respectively). Th e plots in Fig. 3.14 are 
created with axes in a logarithmic scale to highlight that dependence in such 
representation looks almost rectilinear. Th e monotonic amplitude decrease with 
increasing wavenumber up to m = 6 was noted by Wirth (1993) for October, but 
a type of dependency was not specifi ed.

Fig. 3.13. Initial (a) (1979, blue curves) and final (2005, red curves) longitudinal position 
of QSW1 and QSW2 at 65°S, and (b) their superposition, which demonstrates a long-
term stability of the total QSW ridge and an eastward shift of the total QSW trough 
between 1979 and 2005. Arrows show the phase shift direction. Modified from (Grytsai 
et al., 2007a)
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Th e power law dependences of energy spectrum of the large-scale 
atmospheric motions and waves have been well known from observation and 
theory (Bolgiano, 1959; Charney, 1971; Tung and Orlando, 2003; Tanaka et al., 
2004; Kumar et al., 2017). Such dependence is typical for wave energy decrease 
with increasing zonal wavenumber for the synoptic- to planetary-scale waves 
(e.g., Tung and Orlando, 2003). In our case, since the PW amplitude (as the 
equivalent of wave energy) describes the zonal distribution of the total ozone. 
It characterizes mainly the waves in the conditions of stratospheric dynamics.

Zonal waves penetrated from the troposphere into the stratosphere undergo 
an additional dependence on the critical velocity of the stratospheric zonal wind 
Uc (Charney and Drazin, 1961). Since Uc is a decreasing function of wavenumber 
m, only the largest planetary waves are capable of vertical propagation (Charney 
and Drazin, 1961; Plumb, 2010). 

Fig. 3.14 clearly shows a power law dependence ‘Am vs m’ in the m range of 
1 to 5 and, hence, the PW spectra from the satellite TOC measurements obey 
the general properties of atmospheric motions. At the same time, the observed 
diff erence in the steepness of the power-law dependences in the total wave 
QSW + TW and its stationary component QSW is quite noticeable. At 65°S, 
k = –1.37 ± 0.17 and k = –2.50 ± 0.40, respectively (corresponding green lines 
in Fig. 3.14a, b). Unlike the QSW1, the QSW2–QSW5 amplitudes (below 5 DU, 
Fig. 3.14b) give small contribution to the total waves, and the TW2–TW5 are 
dominant in the relationships in Fig. 3.14a. Th e less slope of the power law 
dependence for the total wave QSW  +  TW than for the QSW can indicate 
that traveling waves TW2—TW5 are less sensitive to the dependence of the 
critical wind velocity Uc on the wavenumber m and are less restricted in vertical 
propagation. 

Fig. 3.14. Planetary wave amplitude dependence on the zonal wave numbers m = 1—5 
for daily averaged amplitudes (QSW + TW) at 50—80°S latitudes (a) and monthly mean 
QSW amplitude (b). Data for September-November 1979—2008 were used. Modified 
from (Grytsai, 2011)
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Th us, Fig. 3.14 shows that the power-law dependence ‘Am vs m’ combines 
the properties of the wave energy spectrum and vertical wave propagation. Th is 
provides a basis for further analysis of the relationships between zonal waves 
with diff erent wavenumbers using observations and models.

Fig. 3.15. The effects of sine waves m = 0 (a), m = 1 (b), and m = 2 (c) as seen on (left) linear 
object, (middle) circular object, and (right) ozone field over Antarctica in September 
and October. The appearance of the effect of superimposed m = 1 and m = 2 waves (d). 
Updated from (Grytsai, 2007)
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Finally, we show manifestations of zonal harmonics m = 0—2 by examples 
of three types of objects. A wave m = 0 means the absence of deviations relative 
to the mean state (straight line, regular circle, and circular ozone hole unshift ed 
with respect to the pole in Fig. 3.15a, from left  to right, respectively).

Idealized sine wave actions on a linear object are shown in Fig. 3.15b, c, left . 
Red (blue) arrows show positive (negative) deviations from the mean level. In 
the case of a circular object, sine wave m = 1 makes the eff ect of displacement 
of the deformed circle relative to the initial position (Fig. 3.15b, middle), which 
can be seen from a similar change in the shape and position of the ozone hole 
(Fig. 3.15b, right). Sine wave m = 2 appears in the elongation of the circle 
(Fig.  3.15c, middle), which is oft en observed in the shape of the ozone hole 
(Fig. 3.15c, right).

Th e combined action of waves m = 1 and m = 2 leads to a displacement of 
the elongated ozone hole relative to the pole (Fig. 3.15d). Th e case m = 1 + 2 is 
also visible from the shape of the ozone hole in Fig. 3.1 for October 2014 and 
in Chapter 1 (Figs. 1.18, 1.20, and 1.22) according to the monthly mean and 
daily OMI images, respectively. Unlike this, the climatological shape of the 
ozone hole in the decade of the historically strongest ozone depletion (1991—
2000) shows a predominant infl uence for m = 1 in September (see below 
Chapter 4, Fig. 4.1 where the 20th Century Reanalysis Monthly Composites 
are presented).

3.4. Summary

In Chapter 3, we have described the zonally asymmetric total ozone patterns 
in the Antarctic region. Th e satellite observations during the last decades show 
that the large-scale negative and positive ozone anomalies are formed in austral 
spring. Th e both anomalies locate in the climatologically steady area and are 
zonally asymmetric relative to the South Pole under the infl uence of the quasi-
stationary planetary waves.

Th e negative ozone anomaly known as the ozone hole develops inside the 
stratospheric polar vortex. It contains ozone-depleted air arising as a result of 
stratospheric photochemistry. In contrast, the positive ozone anomaly is in 
sub-vortex region of high ozone, ozone collar, and appears in the processes of 
dynamical ozone accumulation. In view of the prevailing processes, we describe 
the negative and positive ozone anomalies in terms of the chemical ozone 
minimum and dynamical ozone maximum, respectively.

Th e ozone hole is typically displaced off  the South Pole to the Atlantic 
sector, decreasing the ozone amount near the Vernadsky station (Section 1.6). 
In the conditions of weak QSW1, the ozone hole is centered close to the pole 
(lower panel in Fig. 3.1), although it still does not look circular because it is oft en 
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elongated under the action of QSW2 (as clearly seen in September 2006 and 
2015 in Figs. 3.2j and 3.2l, respectively, and in individual days in Fig. 3.15c, d, 
right column). Ozone maximum in the collar region locates on average at 50—
60S and longitudinally is concentrated in the Australian sector (Fig. 3.2, upper 
panel). Th e latter is a result of the QSW1 contribution to the ozone transport and 
accumulation, which manifests itself in the zonally asymmetric Brewer-Dobson 
crculation. Since the zonal ozone asymmetry is much lower in other seasons, 
the strong increase in the asymmetry in spring is the important climatological 
features of the total ozone distribution in the Antarctic region.

Th e statistics for September-November shows that the zonal TOC minimum 
between 70S and 80S is at the levels of about 200 DU, and the zonal TOC 
maximum between 50S and 60S reaches about 380 DU. Due to the 20 latitude 
distance between the peak TOC levels, climatologically, the highest amplitude 
of the total QSW of 57.2 13.5 DU (relative TOC asymmetry of 32%) is at the 
65S latitude. Almost synchronous development of the two anomalies in late 
austral winter and spring can produce a zonal TOC diff erence of above 100 DU 
at the individual latitude circles.

Following decadal changes in the Antarctic ozone during the 1980s–2010s 
(depletion — levelling off  — recovery), the QSW characteristics determined 
from the satellite ozone measurements show the same stages of the evolution. 
Turnaround of opposite tendencies is observed between the mid-1990s and 
early 2000s, in consistency with many other works on the ozone hole study and 
Antarctic stratosphere monitoring.

Much attention in the literature has been paid to the eastward shift  of the 
zonal ozone minimum in the 1980s—1990s, which was fi rstly quantifi ed in 
(Grytsai et al., 2007a). Th is feature was confi rmed by other authors using the total 
ozone and stratospheric temperature data for the Antarctic region. Comparison 
of the zonal shift s in the QSW1 and QSW2 phases has revealed that, despite a 
relatively low QSW2 amplitude, the QSW2 phase change is mainly responsible 
for (i) relatively small zonal shift  of the TOC maximum in the total QSW in 
contrast with the TOC minimum, and (ii) reverse of the zonal shift  of the TOC 
minimum from eastward to westward in the early 2000s. Possible causes and 
climatic eff ects of the zonal shift s in the QSW structure in the Antarctic total 
ozone are analyzed in Chapter 4.

Th e conventional Fourier analysis of the zonal TOC profi les demonstrates a 
clear power law dependence of the spectral component amplitude on the zonal 
wavenumber in the range between m = 1 and m = 5. Th is is consistent with the 
well-known energy decrease with the wave number. At the same time, a negative 
power law slope k is very diff erent for total wave and its QSW component. At 
the latitudes 50—80S, the negative spectral slope for QSW1–QSW5 is steeper 
(k = –1.9 to k = –2.6) than for m = 1—5 in total wave (k = –0.7 to k = –1.6). 
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Th is diff erence indicates that penetration into the stratosphere of the higher 
harmonics of the QSW spectrum is more limited than of those in the total wave 
spectrum which contains TWs. Th e increasing QSW limitation with increasing 
wavenumber can be caused by the stronger dependence of the QSW harmonics 
on the critical velocity of the stratospheric zonal wind, which is determined 
by the Charney–Drazin criterion. Th is relationship has been found from the 
total ozone data which are mainly determined by the stratospheric ozone. It 
seems that the energy spectrum relations in the planetary waves disturbing the 
stratospheric ozone are worthy of attention in further studies.

On the whole, a set of QSW parameters defi ned from the satellite ozone 
measurements in the Antarctic region facilitates (i) accurate spatial identifi cation 
of the ozone anomalies, (ii) detection and attribution of related ozone loss 
and ozone accumulation, and (iii) monitoring not only the long-term trends 
themselves but also decadal trend changes.
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4.1. Introduction
In Chapter 3, we have examined the eff ect of large-scale planetary waves on the 
total ozone distribution in the Antarctic region. As distinct from the traveling 
planetary waves observed from daily ozone fi elds (Section 1.6, Figs. 1.18, 1.20, and 
1.21), monthly mean ozone fi elds demonstrate steady areas of low and high total 
ozone (as, for example, in September 1996, Fig. 4.1a) formed due to the activity 
of quasi-stationary planetary waves (QSW) in the austral spring (Wirth, 1993; 
Quintanar and Mechoso, 1995; Mariotti et al., 2000; Grytsai et al., 2005; Agosta and 
Canziani, 2011; Hassler et al., 2011; Ialongo et al., 2012; Ivaniha, 2020; Siddaway et 
al., 2020). Particularly, the Antarctic ozone in spring is zonally asymmetric relative 
to the South Pole with a minimum in the Atlantic longitudes and a maximum in 
the Australian longitudinal sector (Fig. 4.1a; see also Figs. 3.1a and 3.2, upper panel; 
similar asymmetry can be frequently seen also in daily satellite images, as in Figs. 
1.18 and 1.21). Th is ozone asymmetry is caused by QSW with a zonal wavenumber 
m = 1 (QSW1), the manifestations of which in the polar stratosphere were described 
in Chapter 3 (Fig. 3.15). Th e QSW1 eff ect is clearly seen from the climatological 
temperature distribution in Fig. 4.1b. Th e area of the lowest temperature in 
September 1991—2000 (white contour), favorable for strong ozone depletion, is 
displaced from the South Pole (white dot) like the ozone hole in Fig. 4.1a.

Th e negative ozone anomaly known as the ozone hole develops inside the 
stratospheric polar vortex (see, in particular, Fig. 1.20). It contains the ozone-
depleted air arising as a result of the stratospheric chemistry. In contrast, the 
positive ozone anomaly is the sub-vortex region of high ozone, ozone collar, 
which appeared in the processes of the dynamical ozone accumulation in 
the stratosphere due to the Brewer-Dobson circulation (BDC). In view of the 
prevailing processes, we describe the negative and positive ozone anomalies 
in terms of the chemical ozone minimum and dynamical ozone maximum, 
respectively (Subsection 3.3.1).

Ozone maximum in the so-called collar region (Mariotti et al., 2000) locates 
typically around 50—60S and longitudinally is concentrated in the Australian 
sector (Figs. 3.1a and 4.1a). Th e latter is a result of the QSW1 pattern in the 
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zonally asymmetric BDC (Gabriel et al., 2011), which is characterized by zonal 
asymmetry both in the meridional transport of ozone and in its accumulation 
in the stratosphere.

In the conditions of weak QSW1, the ozone hole is centered close to the 
pole (lower panel in Fig. 3.2), although still does not look circular because it is 
usually elongated under the action of the QSW with zonal wavenumber m = 2 
(QSW2), as in September 2006 and 2015 (Fig. 3.2j, l, respectively).

Previous studies have revealed the tendency of the Antarctic polar vortex 
to exhibit an eastward shift  in orientation (Huth and Canziani, 2003), in the 
ozone minimum location (Grytsai et al., 2005; Malanca et al., 2005; Grytsai et 
al., 2007a and 2007b; Agosta and Canziani, 2010; 2011; Grytsai, 2011; Hassler et 
al., 2011) and in the QSW1 phase in stratospheric temperature (Lin et al., 2010). 
Th is eastward shift  has been described as possibly connected with the change in 
tropospheric stationary waves (Grytsai et al., 2007a), tropospheric jet structure 
(Hio and Hirota, 2002; Agosta and Canziani, 2011) and its strengthening 
(Wang et al., 2013), and stratospheric ozone and volcanic aerosol concentration 
(Lin et al., 2010).

Fig. 4.1. Multi-sensor reanalysis of total ozone in September 1996 from https://www.
temis.nl/protocols/o3field/o3mean_msr2.php. White contour indicates the ozone hole 
edge at 220 DU (a). The 10-year climatology of the stratospheric temperature at 50 hPa 
in September 1991—2000 from the NCEP—NCAR reanalysis (b) at https://psl.noaa.gov/
cgi-bin/data/composites/printpage.pl. The decade of the historically strongest ozone 
depletion, 1991—2000 (Langematz and Tully, 2018) is presented. The white dot in the 
image center marks the South Pole
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Th e QSW activity increases typically in austral spring (Randel, 1988), and 
its enhancement leads to larger vortex asymmetry, decrease in ozone hole area, 
and net stratospheric ozone loss (see also Chapter 6). It has been noted that the 
decreased (increased) asymmetry in the ozone distribution is associated with 
the eastward (westward) phase shift  of the zonal minimum. Th is is seen from 
both observations at the southern high latitudes (Grytsai et al., 2008; Agosta and 
Canziani, 2011) and climate model simulations for the northern high latitudes 
(Gabriel et al., 2007). On the other hand, long-term changes in the longitude of 
zonal ozone minimum (Grytsai et al., 2007a, and 2007b) infl uence the ozone 
trend estimate and the detection of the ozone hole recovery at the Antarctic 
stations located in the polar vortex edge region (Hassler et al., 2011).

Recent studies have indicated that stabilization of the spring ozone 
depletion occurred from the mid- or late 1990s (Grytsai, 2011; Salby et al., 2011; 
Kuttippurath et al., 2013; Dameris and Godin-Beekmann, 2014; Solomon et al., 
2016; Langematz and Tully, 2018); the respective conclusions are illustrated by 
Section 1.6. Th is stabilization relates to the total area of the ozone hole, minimum 
total ozone values, ozone mass defi cit, and duration of the ozone hole season. 
Chemistry-climate models displayed a general minimum in Antarctic ozone 
during the 2000s and slow ozone recovery in the 21st century (Siddaway et al., 
2013; Dameris and Godin-Beekmann, 2014; Langematz and Tully, 2018). In 
turn, ozone recovery is expected to continue impact the Southern Hemisphere 
(SH) surface climate (Th ompson et al., 2011), and changing ozone asymmetry 
can be a factor for regional climate change.

Chapter 4 is mainly focused on the recent tendencies in the zonal asymmetry 
of the Antarctic total ozone in austral spring and their possible relations to the 
SH atmospheric anomalies, which are described in more detail in (Grytsai 
et al., 2017). Th e analysis was based on the satellite ozone data and gridded 
meteorological variables from the NCEP—NCAR reanalysis (see Section 4.2).

4.2. Data and methods

Th e gridded monthly-mean satellite data on the total ozone column (TOC) 
were used to estimate tendencies in the Antarctic quasi-stationary pattern. We 
restrict our analysis to the September-November (SON) season (austral spring) 
when the zonal asymmetry in total column ozone is most pronounced. Th e 
sources of the TOC data and the quantitative characterization of the zonal TOC 
asymmetry have been described in Section 3.2.

Th e patterns of the zonal TOC asymmetry are illustrated by the OMI 
measurements in October 2014 (Fig. 3.1a) and the Multi-Sensor reanalysis data 
in individual years (Fig. 3.2, upper panel, and Fig. 4.1a) in September. Th ick 
white contours in Figs. 3.1a, 3.2, and 4.1a outlining the ozone hole boundary at 
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220 DU (see Section 1.1 for defi nition) show how much asymmetric the ozone 
hole can be.

Fig. 3.1b shows long-term changes in the zonal TOC asymmetry at 65°S 
(white circle in Fig. 3.1a) using the September-November means over the 
period 1979—2014. A notable shift  to the East of the zonal TOC minimum 
between the pre-ozone hole years (red curves in Fig. 3.1b) and the 2000s (blue 
curves) is clearly seen. 

Correlation and composite analyses were used to relate the QSW TOC 
minimum longitude (QSWmin or TOCmin, for simplicity, hereaft er) to the 
meteorological variables. We use gridded meteorological variables from 
NCEP—NCAR reanalysis (Kalnay et al., 1996; http://www.esrl.noaa.gov/psd/) 
at 2.5 2.5° (longitude latitude) resolution.

4.3. Relation between ozone asymmetry 
and ozone depletion

First, we compare the long-term changes in total ozone (Fig. 4.2a) and the 
longitudinal position of the quasi-stationary ozone minimum (Fig. 4.2b) at 
65°S latitude, which is located at the edge region of the ozone hole and polar 
stratospheric vortex (Roscoe et al., 2012): there the largest QSW amplitude is 
observed (Grytsai et al., 2007a; Ialongo et al., 2012; Ivaniha, 2020).

 Th e cubic polynomial fi ts calculated by (3.4) are shown by thick curves 
in Fig. 4.2. Th ey are included to highlight the long-term variations in each of 
the time series and are not done on consideration of any particular underlying 
physical process. In the early 2000s, the decadal tendencies indicated by the 
polynomial fi t slope changed signs in both ozone (from decreasing to increasing 
trend, Fig.  4.2a) and in ozone minimum longitudes (from eastward shift  to 
westward shift , Fig. 4.2b; shown also in Fig. 3.6a). As noted in Subsection 
3.3.3, a comparison of polynomials from k = 2 to k = 6 gives similar opposite 
tendencies before and aft er the early 2000s (Grytsai et al., 2017). Th e quasi-
stationary maximum in total ozone at 65°S shows a relatively small decadal shift  
in longitude (Fig. 4.2c, thick curve, which reproduces Fig. 3.6b) compared with 
the level of interannual variability and changes in the TOCmin longitude.

On comparing Fig. 4.2a, b, there appears to be some consistency in the 
epoch of infl ection in the tendencies of both the total ozone column and the 
maximum eastward longitude shift  of the zonal TOC minimum (around 2000). 
As noted above (Section 4.1), the eastward shift  in the QSW structure over 
Antarctica has been described previously. Th e eastward shift  rate of about 15—
20 decade–1 is consistent in various studies (Grytsai et al., 2007a; Lin et al., 
2010; Hassler et al., 2011). For the period 1979—2000, the time series in Fig. 
4.2b gives a linear trend of 14.4 ± 12.5 decade–1, signifi cant at the 95% level. Th e 



134

CHAPTER 4. Evolution of zonal asymmetry in Antarctic ozone

Fig. 4.2. Total ozone at zonal QSW mini-
mum (a), longitude of QSW minimum (b), 
and longitude (c) of the QSW maximum 
at 65°S for September-November. Thin 
lines are time series of 1979—2015 and 
thick lines are polynomial fits of degree 3. 
Longitudes for 1979, 2002, and 2015 from 
polynomial fitting are marked in (b) by 
closed circles. Updated from (Grytsai et 
al., 2017)

westward shift  between the early 2000s and early 2010s apparent in Fig. 4.2b 
is statistically insignifi cant, and a longer time series is necessary to reliably 
establish this tendency. Note that Fig. 4.2b shows large longitude variations in 
some of the most recent years. Interannual changes in the 2000s and early 2010s 
covered a wider longitudinal range than in the previous decades. For example, the 
position of the quasi-stationary minimum was near its extreme western values in 
2011 and 2013, whereas it reached the farthest eastern longitude in 2010.

Long-term tendencies in the TOC minimum/maximum longitudes at the 
seven latitudes between 50°S and 80°S are illustrated in Fig. 4.3. Th e extreme 
longitudinal departures for 1979, 2002, and 2015 relative to the cubic polynomial 
are shown by closed circles in Fig. 4.2b. A signifi cant eastward shift  of the 
TOCmin from 1979 (solid blue curve) to the early 2000s (dotted blue curve for 
2002) by 30—60 degrees of longitude is seen. Th e curve for 2015 in the region of 
the zonal TOC minimum (black dotted curve in Fig. 4.3) is located between the 
curves for 1979 and 2002 and is shift ed westward over the whole zone 50—80°S, 
i.e. in opposite direction compared with most years of the preceding decade.



135

4.3. Relation between ozone asymmetry and ozone depletion

Changes in the TOC maximum 
longitudinal position are not re-
gu lar (Grytsai et al., 2007a), and 
the largest eastward shift s are seen 
only at 55°S and 60°S, but they are 
not statistically signifi cant due to strong interannual variability (Fig. 4.2c). Th e 
relative stability of the zonal maximum location suggests the presence of higher 
zonal wave numbers, quasi-stationary wave-2 (QSW2), and wave-3 (QSW3) 
in the QSW structure, in addition to the dominant quasi-stationary wave-
1 (QSW1) (Grytsai et al., 2007a; Agosta and Canziani, 2011). Th e role of the 
higher Fourier harmonics was analyzed in Subsection 3.3.4.

Generally, planetary wave activity contributes signifi cantly to the interannual 
variability of the ozone hole size, depth, and duration (Kodera and Yamazaki, 
1989; Allen et al., 2003; Varotsos, 2002; 2004; Ialongo et al., 2012). However, 
wave activity did not undergo so signifi cant decadal decrease to cause such 
polar vortex strengthening and stratospheric temperature lowering that could 
result in observed ozone depletion. Th erefore, wave activity change cannot be 
an initial contributing factor to the systematic TOCmin eastward shift .

Th e results in Figs. 4.2 and 4.3 show that the eastward shift  occurred 
during the 1980—1990s and was accompanied by rapid and intense ozone loss 
(compare also tendencies shown in Subsections 3.3.2 and 3.3.3). Th is decadal 
tendency appears to have stopped in the early 2000s and possibly reversed later 
in the 2000s and 2010s. Th erefore, the behavior of the zonal TOC minimum 
in Figs. 4.2b and 4.3 follows the decadal change in the severity of the ozone 
hole due to the international control of ozone-depleting substances (Salby et al., 
2011; Solomon et al., 2016). In particular, increasing ozone depletion occurred 
in the 1980s and 1990s, and it’s leveling off  was observed in the 2000s—2010s, 
when the models predict the start of ozone recovery (Siddaway et al., 2013; 
2020; Dameris and Godin-Beekmann, 2014; Langematz and Tully, 2018).

Hence, the evolution of ozone-depleting substances is the initial cause of 
decadal change in the TOCmin level (Fig. 4.2a; see Fig. 3.5 as well). Consistent 

Fig. 4.3. Map of longitudinal locations 
of zonal TOC maximum (red) and zonal 
TOC minimum (blue) at seven latitudes 
be tween 50 and 80°S; westernmost 
(eastern most) longitudes of the TOC 
mi ni mum in 1979 (2002) determined 
from the polynomial fit, as shown in Fig. 
4.2b. Black dotted and solid lines mark 
longitudes for 2015. Modified from 
(Grytsai et al., 2017).
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decadal tendencies seem to support the assumption that the evolution of zonally 
asymmetric ozone depletion (Fig. 4.2a) could be the main cause of the TOCmin 
shift  (Fig. 4.2b). Signifi cant decadal changes in the SH polar ozone are coupled 
with the stratospheric thermal regime (e.g., Crook et al., 2008), and, due to the 
zonal asymmetry in the ozone heating, they impact planetary wave propagation 
(Albers and Nathan, 2012). Due to the QSW structure modifi cation and the 
feedback processes (Crook et al., 2008; Albers and Nathan, 2012), regional 
climate changes in both the troposphere and the stratosphere are possible 
(Gillett et al., 2009; Waugh et al., 2009; Evtushevsky et al., 2015; 2019). Couplings 
between the decadal changes in the QSW structure in Antarctic total column 
ozone and in the SH atmosphere are considered below.

4.4. Correlation and composite analyses

4.4.1. The TOC minimum longitude versus the Southern 
Hemisphere meteorological parameters

To determine the most reliable mean tendencies, we have created a September-
November time series for the TOCmin longitudes averaged between 55°S 
and 70°S (four latitude circles in Fig. 4.3). Th is time series detrended by 
subtraction of polynomial fi tting (Fig. 4.2b) is used as an index TOCmin of the 
longitudinal variability of ozone minimum to characterize the behavior of the 
QSW structure in Antarctic ozone in spring. Next, we consider the correlation 
between TOCmin and SON average anomalies of the NCEP—NCAR reanalysis 
(NNR) meteorological variables. Fig. 4.4a, b present the global distributions of 
the correlation for surface pressure (SP) and surface temperature (T-surface), 
respectively, over 1979—2014. Th e numbers from 1 to 5 in Fig. 4.4a are placed 
at the correlation anomalies where the correlation coeffi  cient is signifi cant at 
the 95% confi dence level based on Student’s t-test.

Th e correlation distributions for the 200-hPa climatological anomalies 
of zonal wind velocity (U200) and vertical wind speed (W200) are shown in 
Fig. 4.4c, d, respectively. Th e pressure level of 200 hPa corresponds to the upper 
troposphere in the tropics and lower stratosphere in the SH extratropics and 
is usually used to analyze the interaction between the tropics and extratropics 
(e.g., Mo and Higgins, 1998). Th e annular pattern in Fig. 4.4a, c resembles the 
classic Southern Annular Mode (SAM) pattern in SH climate variability, with 
pressure or geopotential height anomalies of opposite signs in the middle and 
high latitudes (Th ompson and Wallace, 2000). Negative (positive) correlation 
coeffi  cients in the high (middle) SH latitudes indicate that the TOCmin eastward 
shift  is associated with decreased (increased) surface pressure, i.e. with the SAM 
deviation towards positive polarity. A positive polarity of the annular mode is 
accompanied by strengthening of the subpolar westerlies in the SH troposphere 
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and stratosphere and cooling of polar cap regions (Th ompson and Wallace, 
2000). Th e correlation maximum around 60S in Fig. 4.4c and the correlation 
minimum over the Antarctic continent (poleward of 60S) (Fig. 4.4b) display 
similar tendencies in the relationships between the TOCmin eastward shift  as 
well as increase in U200 and decrease in T-surface, respectively.

Zonally asymmetric components of the SH circulation, which are most 
marked in the austral winter and spring (Mo and Higgins, 1998; Fogt et al., 
2012a), are also presented in Fig. 4.4. Th ree positive correlation anomalies in the 
SH mid-latitudes (numbers 1, 2, and 3 in Fig. 4.4a) demonstrate the presence 
of a QSW3 structure. Th e highest negative correlation anomaly between the 
positive ones 2 and 3 is spatially close to the signifi cant subpolar anomaly 4 
(Fig.  4.4a) and is possibly a combined eff ect of QSW1 and QSW3 (Mo and 
Higgins, 1998). Negative anomaly 4 is spatially coincident with the ‘pole of 
variability’ in the Amundsen-Bellingshausen Sea Low (ABSL) region (Fogt et 
al., 2012b and references therein; Turner et al., 2013; Raphael et al., 2016). Th e 
mid-latitude QSW3 patterns extended to sub-Antarctic latitudes are seen also in 
the correlation distribution for T-surface and W200 (Fig. 4.4b, d, respectively) 
and in VT200 (Grytsai et al., 2017, Fig. 9d, h).

Th e presence of the QSW3 structure in Fig. 4.4b introduces regional 
anomalies in the surface temperature distribution. Th e patterns suggest that when 
the TOCmin moves to the East, surface temperatures are warmer in the Antarctic 
Peninsula-Weddell Sea region and in the south-west area of the Indian Ocean, 
and cold anomalies appear in the South Pacifi c and south-east Australia. Hence, 
variability in zonal asymmetry in the Antarctic ozone during the spring months, 
with high probability, is indicative of the SH regional climate variability.

Th e zonal asymmetry in the SH troposphere circulation is closely coupled 
with the Pacifi c-South American (PSA) mode (Mo and Higgins, 1998). Th e 
PSA pattern in the correlation distribution in Fig. 4.4 is of insignifi cant in ten-
sity, whereas pronounced meridional wave trains are seen in the Indian–Au stra-
lian and Atlantic-South American sectors (U200 in Fig. 4.4c). As follows from the 
relationships below, combined wave activity over the three ocean ba sins propagated 
into the stratosphere can contribute to the TOCmin longitude variability.

All patterns in Fig. 4.4 are reproduced in regression with the same variables 
using the ERA-Interim reanalysis data (Grytsai et al., 2017 and their Fig. 6) 
confi rming the reliability of the results. In general, these results show that 
interannual variations of the SON TOCmin longitude during 1979—2014 are 
associated with the zonally symmetric annular mode and zonally asymmetric 
QSW structures in the SH atmosphere.

In Fig. 4.5 we present anomaly composites (averages) for years of extreme 
western (lower 20th percentiles) and eastern (upper 80th percentiles) TOCmin 
longitudes (Grytsai et al., 2017) to investigate the patterns shown in Fig 4.4. Th e 
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SON anomalies were calculated by subtraction of the climatological means of 
1981—2010 from the monthly mean variable value in the gridded NNR data. 
Anomaly composites for the lower 20th percentile of the TOCmin longitudes 
(<–60 longitude, 8 westernmost locations in 1979, 1980, 1981, 1988, 1990, 
2002, 2011, and 2013; see negative deviations in Fig. 4.2b) are presented in 
Fig.  4.5a—c. Anomaly composites for the higher 80th percentile (>–3.8 
longitudes, 8 easternmost locations in 1985, 1992, 1998, 2001, 2003, 2006, 

Fig. 4.4. Correlations between the TOC minimum longitude against the NCEP—NCAR 
reanalysis climatological anomalies of surface pressure (SP) (a), surface temperature (b), 
200-hPa zonal wind speed (U200) (c), and 200-hPa vertical wind speed (W200) (d) for 
SON 1979—2014. Black (white) contours show positive (negative) correlations significant 
at the 95% confidence level. Updated from (Grytsai et al., 2017)
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2008, and 2010; see the positive deviations in Fig. 4.2b) are presented in 
Fig. 4.5d, f.

Figure 4.5 demonstrates that the transition from the westernmost 
longitudes (left  column) to the easternmost ones (right column) is accompanied 
by the reversal in the sign of the anomalies. Th e western (eastern) longitudes 

Fig. 4.5. Anomaly composites with respect to the mean climatology for 1981—2010 of 
NNR surface meteorological variables for (left) the lower 20th percentile of mean SON 
TOCmin longitudes (western phases) and (right) the upper 80th percentile of mean SON 
TOCmin longitudes (eastern phases). Rows (from top to bottom) are surface zonal wind 
(U-surf in m s–1) (a, d), surface pressure (SP in hPa) (b, e), and sea surface temperature 
(SST in Kelvins) (c, f). Updated from (Grytsai et al., 2017)
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correspond to the negative (positive) U-surface anomaly around 60S in 
Fig. 4.5a (4.5d) and positive (negative) SP anomaly poleward of 60S in Fig. 4.5b 
(4.5e). Opposite anomaly combinations appear in the SH middle latitudes. 
Th ese changes are consistent with the correlation maps in Fig. 4.4a, c, where 
the eastward phase shift  indicates similar relationships with SP (Fig. 4.4a) and 
U200 (Fig. 4.4c) displaying the SAM pattern.

Note that the SP anomaly composites show a QSW3-like structure in the 
SH mid-latitudes, which is more intense and shift ed to the East in the case 
of the easternmost TOCmin longitudes than for the westernmost longitudes 
(Fig.  4.5e, b, respectively). Th e pattern of Fig. 4.5e means that the regional 
surface pressure becomes higher in the eastward shift ed elements of the QSW3 
structure, i.e. deviates to an anticyclonic regime in the case of the easternmost 
TOCmin longitudes. 

Th e surface pressure growth between the QSW3 anomalies in Fig. 4.5b 
and 4.5e equates to about 8 hPa. Given the seasonal time scale (September-
November), this can contribute signifi cantly to regional surface climate change 
in spring associated with the ozone hole asymmetry change.

Th e SST anomaly composites demonstrate a relationship of the extreme 
TOCmin longitudes with diff erent tropical regions: western (eastern) longitudes 
in Fig. 4.5c (4.5f) are observed for the negative SST anomalies in the eastern 
(central) tropical Pacifi c. Th e easternmost longitudes in Fig. 4.5f demonstrate 
the positive SST anomalies in the western tropical Pacifi c and in Atlantic, 
similarly to the same anomaly locations in T-surface in Fig. 4.4b, although at 
the statistically insignifi cant level.

Th e SAM, QSW3, and SST patterns seen in Fig. 4.5 are fully reproduced with 
the same variables of the ERA-Interim reanalysis (Grytsai et al., 2017 and their 
Fig. 7). Th ey are evidence that the TOCmin longitudes in the total ozone are steadily 
coupled with the SAM climate mode and stationary wave structure (QSW3) in 
the SH atmosphere, as well as with the specifi c SST anomaly pattern. Another 
evidence of this coupling is seen from the consistent variations in the time series 
of the SAM index and the TOCmin longitude (Grytsai et al., 2017, Fig. 8).

As noted in Fig. 4.4c, the correlation coeffi  cient distribution for U200 
shows meridional wave trains in the Indian and Atlantic sectors. To contrast 
the result of Fig. 4.4c, anomaly composites as in Fig. 4.5 but for 200 hPa are 
presented in Fig. 4.6. Similar to Fig. 4.5, the transition from the westernmost 
QSWmin longitudes to easternmost ones (left  and right columns, respectively) 
is accompanied by the anomaly sign reversal in Fig. 4.6. Th e U200 anomaly 
composites in Fig. 4.6b, d show meridional wave train patterns over the three 
ocean basins. Th e relation of the TOCmin longitude to these wave patterns means 
a combined contribution of the tropospheric QSW sources to the wave structure 
in the SH stratosphere.
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It is important to note the eastward shift  of the anomalies between the 
westernmost and easternmost TOCmin longitudes. It can be seen comparing, for 
example, the QSW1 patterns in T200 at the middle—high SH latitudes (Fig. 4.6a 
and 4.6c) and the QSW3 patterns in W200 at the middle/sub-Antarctic latitudes 
(Grytsai et al., 2017; their Fig. 9c, g). Note also that the easternmost TOCmin 
locations are associated with the more intense PSA pattern in U200 (Fig. 4.6d), 
as well as with the more intense QSW3 pattern in W200 and VT00 (Grytsai 
et al., 2017; their Fig. 9g, h, respectively). Since the easternmost longitudes 
characterize mainly the 1990s and 2000s (Fig. 4.2b), the right columns in 
Fig.  4.6 and in Fig. 9 from (Grytsai et al., 2017) could indicate that the two 
decades of the strongest ozone loss were favorable for the closest interaction 
between the PSA/QSW3-related anomalies in the SH atmosphere and the 
QSW structure in total ozone. Th e coincident correlation patterns from NNR 
(Fig. 4.6) and ERA-Interim (Grytsai et al., 2017; their Fig. 9) are evidence of 
reliability of the results.

As for the connection between the changes in the QSW structure in total 
ozone and atmospheric parameters, the clear eastward shift  in the QSW1/QSW3 

Fig. 4.6. As in Fig. 4.5 but for NNR meteorological variables at 200 hPa: air temperature 
(T200, in K) (a, c) and zonal wind (U200, in m s–1) (b, d). Updated from (Grytsai et al., 
2017)



142

CHAPTER 4. Evolution of zonal asymmetry in Antarctic ozone

patterns in the SH mid-latitudes (Figs. 4.5b, e and 4.6a, c) is of particular interest. 
Th is tendency is analyzed in more detail using the correlative relationships 
between the TOCmin longitude and air temperature.

4.4.2. Air temperature anomalies

Th e linear correlation between the time series of the TOCmin longitude at 
65S and the NNR air temperature was evaluated. As the QSW3 structure is 
concentrated in the mid- and sub-Antarctic latitudes (Figs. 4.4—4.6), the 
correlation for air temperature averaged over the zone 40—60S was calculated. 
In Fig. 4.7, the correlation in the longitude-height cross-section for the period 
1979—2014 is presented. Th e sample sizes in this case (36 years) mean that the 
correlation r = 0.33 is signifi cant at the 95% confi dence level (black and white 
contours in Fig. 4.7 for the positive and negative correlations, respectively). A 
clear separation is seen between the QSW1 pattern above the tropopause (peak 
values of r  0.7; climatological thermal tropopause is shown by black curve) 
and the QSW3 pattern below the tropopause (rmax  0.5).

Th e strong correlation in the stratosphere (between 200 hPa and 20  hPa, 
or 12  km and 26 km, respectively, in Fig. 4.7), fi rstly, demonstrates close 
coupling between the TOCmin longitude and the stratospheric temperature in 
their interannual variations and, secondly, confi rms that the TOCmin longi tu de 
variability is mainly due to the QSW1 contribution. As could be seen from Fig. 10 
in (Grytsai et al., 2017), the correlation pattern using the ERA-In te rim temperature 
is almost identical to the results of Fig. 4.7 with the NNR temperature.

An important feature of the QSW3 pattern in the troposphere is its 
altitudinal location: the three correlation maxima are located predominantly 
in the middle troposphere and their peak values are at about 500 hPa (Fig. 4.7). 
Th e correlation is signifi cantly lower at 1000 hPa, which could explain 
relatively weak anomalies in the SH mid-latitudes in the correlations with SST 
(Fig. 4.5c, f). Th erefore, the mid-tropospheric pressure level of 500 hPa was 
chosen in searching for possible decadal changes in the association between 
the anomalies in air temperature and in the TOCmin longitudes. In Fig. 4.8, the 
correlation coeffi  cient distributions in the sequence of fi ve 14-year intervals 
with a 5—6-year step are shown. Th e sample size N = 14 and calculated lag-one 
autocorrelations give a signifi cance level of 95% for the correlation coeffi  cient 
r = 0.51 (black and white contours for positive and negative correlations, 
respectively, in Fig. 4.8).

It is seen that the signifi cant positive correlation peaks (black contours in 
Fig. 4.8) shift  eastward between 1979—1992 and 1990—2003 by 30—60 degrees 
(thick lines in Fig. 4.8a—c). Later, they remain on average at the easternmost 
longitudes in 1995—2008 and 2001—2014 (Fig. 4.8d and 4.8e, respectively). 
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Th e QSW3 peak near 180E exhibits a shift  in the opposite direction in the last 
time interval (Fig. 4.8e). Th e correlation sequence with the ERA-Interim T500 
fi eld displays similar tendencies (Grytsai et al., 2017; their Fig. 11).

Th e signifi cant negative anomaly of the correlation coeffi  cient (r < –0.5, white 
contours) in the South Pacifi c extending to polar latitudes into the ABSL region 
is longitudinally steady (white dashed line). Here, meteorological variables in 
the troposphere are correlated with the TOCmin longitude in total ozone in their 
interannual variations but do not show consistent decadal changes in the spatial 

Fig. 4.7. Longitude-height cross-section 
of the correlation between the TOCmin 
longitude at 65°S and the NNR air 
temperature averaged over the zone 
40—60°S for SON 1979—2014. The 
black (white) contours show positive 
(negative) correlations significant at the 
95% confidence level. The thick black 
curve marks climatological thermal 
tropopause in SON from the NNR data. 
Modified from (Grytsai et al., 2017)


Fig. 4.8. Correlation between the QSWmin 
longitude at 65°S and air temperature at 
500 hPa south of 30°N. Five sequential 
14-year intervals with a 5—6-year step 
are presented. Black (white) contours 
show positive (negative) correlations 
significant at the 95% confidence level. 
Thick solid black (dashed white) lines 
mark the mean longitudinal positions of 
the positive (negative) correlation peaks 
in the QSW3 structure. Updated from 
(Grytsai et al., 2017)
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pattern. Note that the annual cycle in the decadal shift  of the ABSL longitude 
could contribute to the distinction in zonal shift  of the correlation anomalies 
at the middle and high SH latitudes in Fig. 4.8. Th e ABSL shift ed westward on 
average by –5° decade–1 in September-November 1979—2008 (Turner et al., 2013, 
their Fig. 13), which could partly compensate for the eastward shift  observed in 
the correlation maxima of the adjoining mid-latitudinal zone (Fig. 4.8).

It can be summarized that there are common decadal tendencies in total 
ozone (Fig. 4.2a), QSW minimum location in the total ozone (Fig. 4.2b), 
QSW1 pattern in the lower stratosphere (Fig. 4.6a, c), QSW3 pattern in the 
troposphere (Fig. 4.8), and lower stratosphere (Grytsai et al., 2017, Fig. 9c, g). 
On the interannual time scale, the SAM- and QSW1/QSW3-like patterns in the 
SH circulation associated with variability in the TOC minimum longitude in 
total ozone are dominating.

In general, the correlation patterns demonstrate that the TOCmin longitude 
changes over Antarctica are in statistically signifi cant associations with both 
the zonal mean (SAM climate mode pattern) and regional (QSW1 and QSW3 
patterns) anomalies in the spring SH atmosphere. Th ese associations allow us 
to identify the SH regions where the climate changes in spring are accompanied 
by ozone asymmetry changes. Our results, thus, have two diff erences from the 
known impact of the spring ozone loss in the summer SH climate (Th ompson 
et al., 2011). First, quantitative relationships (Figs. 4.4—4.8) are not built on 
the ozone level changes, but on a spatial parameter that describes the changes 
in the location of the zonally asymmetric ozone anomaly (TOCmin longitude). 
Second, revealed climate signals characterize the spring months (September-
November) and are associated with the simultaneous evolution of the ozone 
hole asymmetry. Possible features of the troposphere–stratosphere interaction 
that could contribute to the occurrence of revealed links are discussed below.

4.5. Evolution of ozone asymmetry 
and large-scale atmospheric anomalies

Th e evolution of zonal asymmetry in Antarctic total ozone during 1979—2014 
with respect to the changes in the meteorological variables in the SH troposphere 
and lower stratosphere has been presented in Section 4.4. Th e correlation and 
anomaly composite analyses show that the longitudinal shift  of the quasi-
stationary zonal TOC minimum has a close relationship with the changes in 
the TOC level itself and with the SAM, QSW, and SST patterns.

4.5.1. The Southern Annular Mode pattern

A positive Southern Annular Mode polarity is associated with the enhanced 
westerlies around Antarctica and decreased surface pressure and air temperature 
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in the polar region (Th ompson and Wallace, 2000). Th e opposite tendencies 
are observed in the SH mid-latitudes. Th e eastward TOC minimum shift  in 
total ozone is accompanied by similar indications for positive SAM polarity: 
strengthening of zonal wind around Antarctica (U-surface in Fig. 4.5a, d and 
U200 in Figs. 4.4c, 4.6b, d), surface pressure decrease (SP in Figs. 4.4a, and 4.5d, 
e) and air temperature decrease (T-200 in Fig. 4.6a, c) in the SH high latitudes.

Our results do not give information on the direction of the ‘TOCmin—SAM’ 
coupling. Tropospheric circulation disturbances can infl uence the evolution 
of the stratospheric polar vortex, and, in turn, stratospheric processes can 
induce a tropospheric response projecting on the annular mode (Th ompson 
and Wallace, 2000). Th e long-term increase in the Antarctic ozone losses in 
spring is known to result in intensifying the SAM-related zonal circulation 
in the SH troposphere predominantly in summer (Th ompson et al., 2011; 
Schneider et al., 2015). However, the SAM index shows a near-zero decadal 
trend (Marshall, 2003; Fogt et al., 2009; Arblaster and Gillett, 2014) in spring. 
In addition, in our relationships for zonal wind (Figs. 4.5a, d and 4.6b, d), it is 
diffi  cult to reveal evidence of the poleward shift  of the westerly jets observed 
usually in the positive SAM polarity (Th ompson and Wallace, 2000) because 
of the presence of the mid-latitude QSW3 structure which disturbs the zonal 
orientation of correlation anomaly. So, on the decadal time scale, the infl uence 
of ozone change accompanied by the QSWmin longitude change (Fig. 4.2a, b, 
respectively) in the spring SAM pattern cannot be identifi ed from our results.

Nevertheless, such a feedback possibility cannot be fully excluded, at least on 
interannual time scales. Th e appearance of SAM-like patterns from correlative 
and composite analyses (Figs. 4.4—4.6) can be interpreted in two ways aff ected 
by interannual variability: fi rst, the strength and pattern of circulation in the 
spring SH troposphere can conceivably play a signifi cant role in determining the 
QSW structure location in the stratosphere, and, second, the QSW structure in 
the stratosphere can potentially provide a downward eff ect on the tropospheric 
circulation. Th is could mean that assumed feedback processes of asymmetric 
ozone loss may spread into the troposphere in the springtime.

Th e fi ndings by Son et al. (2013) demonstrate such a possibility using 
an ozone index for the SH polar area. By Son et al. (2013), the stratospheric 
ozone concentration in September is strongly correlated with the SAM index in 
October with r = –0.7. Th e mechanism of this time-lagged downward coupling 
remains to be determined. Since ozone variability in the SH polar area is typically 
combined with the ozone asymmetry variability (Fig. 4.2), the combined eff ects 
of variability in both ozone level itself and ozone asymmetry could aff ect the 
interannual variability of the SH surface climate in spring.
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4.5.2. The QSW1/QSW3 patterns

Unlike the SAM patterns, the QSW3 pattern in the mid-latitude the SH 
troposphere demonstrates long-term changes (Fig. 4.8) consistent with both the 
ozone loss tendency (Figs. 4.2a and 4.4, black curve) and the TOCmin longitude 
shift  (Fig. 4.2b). Positive correlations of up to r = 0.7—0.8 and the longitudinal 
shift  of the three correlation maxima in Fig. 4.8 are evidence of signifi cant 
coupling between TOCmin and QSW3 on both interannual and decadal time 
scales. QSW3, although smaller in amplitude than QSW1, is a dominant feature 
of the SH mid-latitude circulation on daily, seasonal, and interannual timescales 
(Raphael, 2004, and references therein). Th e QSW3 ridges determined from the 
500-hPa geopotential height anomalies over 1958—2001 by Raphael (2004) are 
located climatologically over southern South America, the Indian Ocean, and 
New Zealand.

Th ose ridge locations correspond to the correlation maxima in Fig. 4.8a, b for 
the periods 1979—1992 and 1984—1997, respectively, which cover the last two 
decades of the time interval in Raphael (2004). Th e largest eastward shift  of the 
QSW3 pattern occurred between the 1980s and 1990s (Fig. 4.8a, c, respectively). 
Th e central ridge, which is located on average near 180°E (Fig. 4.7), drift ed from 
the southwest of New Zealand in the 1980s (as in Raphael (2004) and in Fig. 4.8a 
above) to the southeast of New Zealand by the early 2000s (Fig. 4.8d), covering 
over about 60 of longitude. In the 2000s and 2010s, as seen from Fig. 4.8c—e, the 
ridge locations showed less drift . In particular, Fig. 4.8e indicates that the central 
ridge drift ed west back towards New Zealand.

Note that in the years of maximum ozone hole area (easternmost TOCmin), 
the mid-latitude QSW3 anomalies of the positive correlation partly cover 
New Zealand and the southern tip of South America (Fig. 4.8c—e). A positive 
anomaly here corresponds to climate warming in the years of easternmost 
TOCmin migrations. In the future, predicted ozone recovery may be accompanied 
by the further westward shift  of the QSW3 pattern and by a weakening of the 
positive anomaly in regions of New Zealand and South America (similarly to 
the situation in Fig. 4.8a).

Th e results of Fig. 4.8a from NNR and of (Grytsai et al., 2017, Fig. 11a) from 
the ERA-Interim demonstrate that both reanalyses show negative correlation 
anomalies over Australia and East Antarctica in the fi rst time interval 1979—
1992 (pre-ozone hole and fi rst ozone hole years, westernmost TOCmin). Later, 
these negative anomalies weaken and appear again in the latest time interval 
2011—2014. Th ese decadal tendencies indicate that Antarctic ozone recovery to 
the pre-ozone hole level may be accompanied by strengthening of the negative 
coupling ‘tropospheric temperature — TOCmin longitude’ in this region. All of 
these climate eff ects need further analysis.
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Th e QSW1 structure in the lower stratosphere covers the middle and 
high SH latitudes, and in the two reanalyses, shows a consistent eastward shift  
between the westernmost and easternmost TOCmin locations (Fig. 4.6a, c). Note 
that the QSW1 pattern in Fig. 4.7 covers an altitude range where the vertical 
ozone profi le undergoes the largest ozone loss in the austral spring (Chubachi, 
1984; Varotsos, 2003; Solomon et al., 2005). Dynamical activity changes the 
extent of ozone depletion from year to year and, in the conditions of zonal 
asymmetry of the polar vortex, enhances the TOC variability.

Th e role of zonal asymmetry becomes more important due to the vertical 
non-alignment of the vortex structure (Varotsos, 2004). Th e vortex appears 
progressively shift ed with height towards South America, and high ozone in 
the middle stratosphere (around 30 km) within the Australian sector masks 
ozone depletion in the lower stratosphere (Kondragunta et al., 2005; Tully et al., 
2008) resulting in additional variability of stratospheric temperature, column 
ozone, and ozone hole characteristics. In this way, vertical changes in the QSW1 
structure impact the ozone profi le over Antarctica and contribute to the strong 
correlation between zonal asymmetry in ozone distribution (TOCmin longitude) 
and stratospheric temperature (Fig. 4.7).

Overall, the long-term shift s in the QSW3 centers and the QSW1 pattern 
show a temporal evolution that is qualitatively similar to decadal changes in 
both ozone depletion (Fig. 4.2a) and longitudinal TOCmin shift  (Fig. 4.2b). Th is 
similarity suggests that decadal-scale changes in the QSW structures in the 
troposphere and stratosphere could either have an independent common source 
or result from troposphere—stratosphere interaction in the SH extratropics 
including feedback processes assumed in Subsection 4.5.1.

Th e simulated infl uence of the greenhouse gases increase on the eastward 
phase shift  in the stratospheric stationary waves (Wang et al., 2013) indicates the 
possible contribution of the fi rst mechanism. Th is simulation links the eastward 
phase shift  to the strengthening of the subtropical jet driven by greenhouse 
gases forcing via sea surface warming. Th e induced eastward shift  is projected 
by the model to the end of the 21st century (Wang et al., 2013).

Agosta and Canziani (2011) have shown that there are signifi cant 
interactions/coupling between the ozone layer, troposphere, and stratosphere 
during the austral spring, which can be traced by the phase changes in TOC 
and QSW1 in the stratosphere. Such changes and troposphere—stratosphere 
interactions, by Agosta and Canziani (2011), are linked to both the upward 
and downward propagation of quasi-stationary wave anomalies. Taking into 
account the results by Son et al. (2013) and the ones shown above, the second of 
the mentioned mechanisms, which suggests the contribution of ozone change, 
may be also eff ective in the recent decades. Both possible mechanisms deserve 
further analysis using observational data and models (see also Chapter 5).
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4.5.3. The Sea Surface Temperature patterns

A clear diff erence between the SST anomaly patterns for the westernmost and 
easternmost TOCmin locations has been identifi ed using the two reanalyses 
data: NNR in Fig. 4.5c, f and ERA-Interim in (Grytsai et al., 2017, Fig. 7c, f). 
Particularly, the westernmost locations show a negative SST anomaly in the 
eastern tropical Pacifi c (La Niña type anomaly; more intense in the NCEP—
NCAR reanalysis than in ERA-Interim). Th e easternmost locations show a 
negative SST anomaly in the central tropical Pacifi c (Fig. 4.5f). Teleconnection 
between the central tropical Pacifi c and SH extratropics will be considered in 
Chapter 5.

Th e diff erence between the two regions of the tropical Pacifi c in their 
coupling with the QSW structure in the SH stratosphere was noted by Lin et 
al. (2012). By them, the westward QSW phase shift  is seen for negative SST 
anomalies (La Niña events) in the eastern Pacifi c, and the eastward shift  is 
seen for warm SST anomalies in the central Pacifi c. Fig. 4.5c shows a similar 
association between the westernmost TOCmin longitudes and negative SST 
anomaly in the eastern Pacifi c. However, the easternmost longitudes in Fig. 4.5f 
show a negative anomaly in the central Pacifi c as well, as distinct from a positive 
one (Lin et al., 2012).

In individual years, a large westward phase shift  in the TOCmin occurred in 
1988 and 2002 (Fig. 4.2b), and it was associated with low ozone loss (Grytsai et 
al., 2017, Fig. 4; see Fig. 3.5). Sources of anomalous planetary waves in those years 
have been identifi ed in both the tropical Pacifi c (Kodera and Yamazaki, 1989; 
Grassi et al., 2008) and the SH extratropics (Nishii and Nakamura, 2004; Peters 
et al., 2007). It was established that the evolutions of sea surface temperatures 
in the tropical Pacifi c in the spring months of 1988 and 2002 were diff erent 
for strong La Niña and emerging El Niño conditions, respectively (McPhaden, 
2004; see also time series for indices Niño 3 and Niño 4 at http://www.esrl.noaa.
gov/psd/data/climateindices/). 

In the case of 2002, this is counter to the expectation from Lin et al. (2012) 
based on the prevailing positive central Pacifi c SST anomaly (McPhaden, 2004) 
and disagrees with Fig. 4.5f, since a negative SST anomaly exists in this region.

Note that Fig. 4.5f shows a signifi cant negative SST anomaly in the South 
Pacifi c and positive SST anomalies in the western tropical Pacifi c and in the 
Atlantic. Similar to the PSA mode in the Pacifi c sector, a poleward propagating 
Rossby wave train could be driven by the Atlantic SST anomalies (e.g., Li et al., 
2014). Combined infl uences of the wave train could result in another phase shift  
direction in the SH stratosphere planetary waves than from the single positive 
anomaly in the central tropical Pacifi c (Lin et al., 2012). In particular, the SH 
extratropical Rossby wave activity that propagated into the stratosphere in the 
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spring of 2002 (Nishii and Nakamura, 2004; Peters et al., 2007) could also have 
contributed to the observed TOCmin shift  that year.

In general, the results reveal indications of the connection between changes 
in zonal asymmetry in the Antarctic total ozone and changes in the zonally 
symmetric SAM climate mode and zonally asymmetric (QSW1 and QSW3) 
patterns in the SH circulation, as well as in the SST patterns. Th ey agree with the 
known evidence of couplings between Antarctic ozone and (i) SAM (Th ompson 
and Wallace, 2000; Waugh et al., 2009; Th ompson et al., 2011; Son et al., 2013), 
(ii) the SH QSW structure (Agosta and Canziani, 2011; Wang et al., 2013), and 
(iii) the SSTs (Kodera and Yamazaki, 1989; Grassi et al., 2008), which allows us 
to identify the SH regions where the climate changes in spring are accompanied 
by the ozone asymmetry changes.

4.6. On attribution of longitude shift

Several papers have been published on the stratospheric QSW behavior in the 
future climate with changing greenhouse gases (GHG) and ODS concentrations. 
Simulated GHG increase during the 21st century shows an eastward phase shift  
in the stratospheric stationary waves which is linked to the strengthening of 
the subtropical jet driven by greenhouse gases forcing via sea surface warming 
(Wang et al., 2013). Such an eastward phase shift  is also found in simulations 
with both GHG and ozone changes, but no signifi cant phase shift  was found in 
simulations with changing ODS by Wang et al. (2013).

Unlike that, the ACCESS-CCM simulations in (Stone, 2015; Stone et al., 2016) 
show that, in spring, ODS forcing explains a signifi cant fraction of the long-term 
variability in the QSW1 longitude in the SH stratosphere at 50°S and 60°S compared 
with GHG. In (Grytsai et al., 2017), simulations of a long-term trend in the TOCmin 
longitude at 55—75°S in scenario with evolving ozone changes and fi xed GHG 
level were carried out, which show a close agreement with the correlation pattern 
in Fig. 4.7 and indicate that ozone depletion is providing a strong infl uence on 
the TOCmin eastward shift  in the current period (peaking around 2000—2025). 
Ozone recovery during the next 2—3 decades will allow the TOCmin to generally 
reverse direction and drift  westwards until the forcing by increasing GHG starts to 
dominate and eastward drift  resumes (aft er approximately 2060).

Concerning the signifi cance of the ODS-related phase shift  (Wang et al., 
2013; Grytsai et al., 2017; Siddaway et al., 2020), it is necessary to pay attention to 
the diff erence in seasons (late spring/summer and spring, respectively). Besides, 
diff erent indicators of the QSW phase (geopotential height Z at 10 hPa and 
zonal minimum location in total ozone column, respectively) may introduce 
some distinctions in the model results. Th e GHG eff ect with the steady eastward 
QSW shift  during the 21st century is similar in the ACCESS-CCM simulations.
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It should be emphasized that Fig. 4.2 likely indicates a connection be-
tween the decadal change in the zonally asymmetric ozone depletion and 
the TOC minimum shift . Th is connection is possible through the suggested 
QSW propagation modifi cation by zonally asymmetric ozone heating in the 
stratosphere (Section 4.3). Th e eff ects of zonally asymmetric ozone heating are 
associated mainly with the lower stratosphere, where the ozone maximum in the 
vertical ozone profi le is located and where ODS infl uences are more noticeable.

Th erefore, the simulated ODS/ozone evolution linked to the longitude 
change in the QSW TOCmin (Grytsai et al., 2017) is more related to the lower 
stratosphere. Possibly, the QSW phase in geopotential height units in the middle 
stratosphere (Wang et al., 2013) may be less sensitive to ODS/ozone changes. 
Th e causes of diff erence between (Wang et al., 2013) and (Grytsai et al., 2017) 
in the simulated QSW shift  due to ozone depletion require further clarifi cation. 
In view of a statistically signifi cant association between the variability in the 
Antarctic ozone asymmetry and the SH regional climate (Section 4.4), ozone 
asymmetry change deserves a more detailed analysis in the chemistry-climate 
model projections for ozone recovery.

4.7. Summary

Examination of the association between variability in zonal asymmetry of the 
Antarctic total ozone and the SH circulation anomalies in spring has been made. 
Th e main fi ndings can be summarized as follows.

In interannual variations, the longitude of the QSW minimum in total 
ozone is in close association with the regional SH climate through the Southern 
Annual Mode, QSW1/QSW3, and SST patterns. In particular, easternmost 
(westernmost) longitudes of the QSW minimum are accompanied by shift  
of the SAM index to positive (negative) polarity. On the decadal time scale, a 
consistency between the longitudinal shift s of the QSW minimum in total ozone 
and the QSW1/QSW3 pattern in the SH atmosphere has been shown. Th ese 
associations indicate the SH regions where the climate variability and climate 
change in austral spring could be accompanied by the ozone hole asymmetry 
changes. Th e regions of Australia, New Zealand, and the southern tip of South 
America appear to be under the infl uence of decadal shift  of the tropospheric 
QSW3 pattern associated with the ozone asymmetry change.

Th e results suggest the infl uence of the tropospheric QSW sources on 
the stationary wave structure in the SH stratosphere and, on the other hand, 
they indicate possible ozone change feedback aff ecting the wave structure. So, 
two-way interaction between waves and ozone could underlay the observed 
evolution of the asymmetric ozone hole: (i) zonal asymmetry in Antarctic ozone 
induced initially by the QSW propagating from the troposphere is accompanied 



151

References

by zonally asymmetric ozone heating and (ii) change in ozone asymmetry can 
result in the QSW structure modifi cation through the feedback processes. 

Th e attribution experiments with the ACCESS-CCM climate model (Grytsai 
et al., 2017; Siddaway et al., 2020) show that increased levels of ODS and GHG 
both tend to shift  the zonal ozone minimum eastward. From the simulations, 
asymmetric ozone depletion in spring is likely to have a strong infl uence on the 
phase of the stratospheric wave pattern around 60S.

Chemistry-climate models predict that the Antarctic ozone will return to 
the 1980 level in the second half of the 21st century, in the 2050—2070 period 
(Siddaway et al., 2013; Dameris and Godin-Beekmann, 2014; Solomon et al., 
2016; Langematz and Tully, 2018), and the period of ozone recovery will last 
approximately 3 times longer than did the growth period for the ozone hole 
(approximately 2000—2060 and 1980s–1990s, respectively). From simulations, 
ozone recovery during the next 2—3 decades will allow the ozone minimum 
location to generally reverse direction and drift  westwards, until the forcing 
by increasing GHG starts to dominate, and eastward drift  resumes aft er appro-
ximately 2060 (Grytsai et al., 2017). Th e combined impacts of the decadal 
changes in ozone and GHG on the SH stationary waves suggest that regional 
surface infl uences can be expected over the remainder of the 21st century.
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5.1. Introduction
As noted in Chapter 3 and Chapter 4, interannual variations in the Antarctic 
ozone occur mainly due to changes in the strength of the stratospheric polar 
vortex, which is in turn dependent on planetary wave (PW) activity in the 
austral winter and spring (Shindell et al., 1997; Randel et al., 2002; Salby and 
Callaghan, 2004). Many studies have shown that the ozone hole size and the 
total ozone level inside the ozone hole are related to tropospheric PW generation 
at polar, middle, or tropical latitudes (Kodera and Yamazaki, 1989; Nishii and 
Nakamura, 2004; Huck et al., 2005; Peters et al., 2007; Grassi et al., 2008; Agosta 
and Canziani, 2011; Karpechko et al., 2018; Vargin et al., 2020).

In particular, convective latent heat release in the tropical Pacifi c region can 
force Rossby wave trains in the Southern Hemisphere (SH) troposphere known 
as the Pacifi c–South American (PSA) modes (Mo and Higgins, 1998). A major 
component of these wave disturbances, quasi-stationary wave number 1 (QSW1) 
in the troposphere is an important factor aff ecting the teleconnection between 
the tropics and the SH high latitudes (e.g., Hobbs and Raphael, 2007). Because 
the longest waves, in particular QSW1, can propagate from the troposphere into 
the Antarctic stratosphere in winter and spring (Andrews et al., 1987; Hardiman 
et al., 2010), they contribute to the teleconnection between the tropics and the 
SH stratospheric polar vortex and the ozone hole (Kodera and Yamazaki, 1989; 
Shindell et al., 1997; Agosta and Canziani, 2011; Lin et al., 2012).

In recent years more attention has been given to sea surface temperature 
(SST) anomalies located in the central tropical Pacifi c (CTP) at/near the Niño-
4 region as a key indicator of the strength of tropical convective forcing of 
the PSA modes. Th e CTP SST anomalies correlate with the variability in the 
tropospheric and stratospheric circulation in high southern latitudes in winter 
and spring better than the SST anomalies in other Niño regions (Ashok et al., 
2007; Ding et al., 2011; Hurwitz et al., 2011; Schneider et al., 2012; Lin et al., 
2012; Zubiaurre and Calvo, 2012; Yu et al., 2015).

Th e mechanisms of tropospheric and stratospheric pathways of the CTP 
impact on the SH climate in austral spring have been examined by Yu et al. 



158

CHAPTER 5. Decadal changes in teleconnection between the Central Tropical Pacific...

(2015). Th eir results suggest that both the eddy–mean fl ow interaction in the 
troposphere and the stratospheric pathway mechanisms enable the central 
tropical Pacifi c to infl uence the SH climate modes in the spring season. Th e 
tropospheric wave trains forced by El Niño or El Niño-like events in the tropical 
Pacifi c diff er in their spatial structures but their southeastward propagation 
between the tropics and Antarctic region occurs mainly over western longitudes 
(e.g., Mo and Higgins, 1998; Hurwitz et al., 2011). A number of studies have 
shown that this teleconnection mechanism contributes to the climate warming 
of West Antarctica (Gregory and Noone, 2008; Ding et al., 2011; Schneider et 
al., 2012; Clem et al., 2018, 2019). Due to vertical PW propagation accompanied 
by QSW1 amplifying in the stratosphere, the stratospheric anomalies over 
Antarctica are zonally asymmetric (e.g., Lin et al., 2010, 2012; see also Chapter 
3 and Chapter 4, Figs. 3.1, 3.2, 3.15, 4.1 and 4.3).

As known, the global atmosphere undergoes natural and anthropogenic 
infl uences. Climate warming, stratospheric ozone depletion, El Niño events, 
and other modes of climate variability contribute to both interannual and 
decadal changes in atmospheric circulation. An abrupt climate change, when 
the climate system shift s from one steady state to another steady state, is oft en 
referred to as a climate regime shift  (Liu et al., 2016). Many studies have detected 
climate regime shift s in the Pacifi c in the 1990s that infl uenced the strength and 
patterns of global teleconnection (Chen et al., 2008; Yu et al., 2012; Hong et al., 
2014; Li et al., 2014; Jo et al., 2015; Yu et al., 2015; Newman et al., 2016; Wang 
and Ren, 2017).

Yu et al. (2012) have shown that the SST variability in the central tropical 
Pacifi c is more closely related to the SST variability in the eastern tropical Pacifi c 
before 1990 but more closely related to sea level pressure (SLP) variations 
associated with the North Pacifi c Oscillation (NPO) aft er 1990. Indices for Niño-
4, Niño-3, and the North Pacifi c region in 20—60°N and 120—280°E were used. 
Th e authors conclude that the increased infl uence of the NPO on the tropical 
Pacifi c is a possible reason for the increasing occurrence of the CTP type of 
El Niño–Southern Oscillation (ENSO) since 1990. Th e anomalous changes in 
the CTP on the decadal time scale is due to the strong decadal component of 
the SST variability here, whereas the eastern tropical Pacifi c events vary mainly 
on the inter-annual timescale (Ashok et al., 2007; Sullivan et al., 2016; Wang 
et al., 2018). Yu et al. (2015) have demonstrated an early 1990s change in the 
relationships between ENSO and the Southern Annular Mode (SAM) and the 
PSA pattern during austral spring, which is not observed in other seasons. 
Th e authors used a 15-year window for the running correlations between the 
climate indices. Th e SAM–ENSO correlation changed from being weak before 
the early 1990s to being strong aft erward, and simultaneously the ENSO in 
central tropical Pacifi c became the dominant type of ENSO. Th e ENSO in 
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central tropical Pacifi c can excite both the SAM and PSA through tropospheric 
and stratospheric pathway mechanisms.

Hong et al. (2014) have identifi ed a climate regime shift  in the Pacifi c SST 
pattern in 1996/1997. Th is decadal SST change is characterized by warming 
over the equatorial western Pacifi c (5°S—5°N, 130—150°E), over the northern 
subtropical Pacifi c (25—35°N, 170—200°E), over the southern subtropical 
Pacifi c (20—35°S, 190—240°E) and cooling in the equatorial central Pacifi c 
(5°S—5°N, 155—175°E). Jo et al. (2015) note that the SST variability in the 
central to eastern tropical Pacifi c had a strong negative correlation with that 
in the central to eastern North Pacifi c aft er the 1998/1999 regime shift . Th ey 
used the 11-year running correlation between the North Pacifi c SST index (the 
anomalous SST averaged in 25—45°N, 160—210°E) and the Niño 4 index.

By Li et al. (2014), the SST in the South Pacifi c experienced an interdecadal 
abrupt change around 1995/1996 that may have been a response to the 
Pacifi c pan-decadal variability (PDV) regime shift s (Chen et al., 2008). Th e 
PDV phenomenon isolated aft er the removal of ENSO anomalies appears as 
the modes of variability in the empirical orthogonal function analysis of the 
global surface temperature (Chen et al., 2008). It has been found by Chen et 
al. (2008) that the source regions of the PDV are the Pacifi c subtropics in both 
hemispheres, while the ENSO dynamical source is in the equatorial Pacifi c. Th e 
PDV shows a phase change during the 1990s in two steps: 1994 to 1996 and 
1997 to 1998; the latter appears to be more dramatic and could be associated 
with strong El Niño 1997/1998 (Chen et al., 2008). Th e PDV has also been 
referred to as the Pacifi c Decadal Oscillation (PDO) determined by the North 
Pacifi c SST anomaly variability poleward of 20°N (Mantua et al., 1997; Newman 
et al., 2016). Newman et al. (2016) have shown that the PDO is the result of 
a combination of diff erent physical processes, including both remote tropical 
forcing (with CP contribution) and local North Pacifi c atmosphere-ocean 
interactions. A phase shift  in the PDO occurred in the late 1990s (Newman et 
al., 2016). PDO demonstrates opposite SST anomalies in every few decades, i.e. 
climate regime shift s, which are connected to the tropics.

Th e timings of climate regime shift s in the 1990s diff er among the cited 
works because diff erent data sources and analysis methods were used and 
diff erent Pacifi c regions were considered. Historically, abrupt climate regime 
shift s occurred also around 1925, 1943, and 1976/1977 (Chen et al., 2008).

Th e evolution of the ozone hole during the spring months September, 
October and November (SON) depends not only on PW activity in concurrent 
spring months, as noted above, but also on the preconditioned winter dynamics 
(see Chapter 6 below). Wave induced warming and weakening of the polar 
vortex in winter can aff ect polar stratospheric cloud formation, as well as 
subsequent propagation of wave energy in the spring, which ultimately results 
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in net chemical ozone loss in the ozone hole (Shindell et al., 1997; Scaife et 
al., 2005; Grassi et al., 2008; Kravchenko et al., 2012; Milinevsky et al., 2020). 
According to Grassi et al. (2008), the tropical Pacifi c SST anomalies in June 
2002 (i.e. in early austral winter) indicated preconditioning of the winter polar 
vortex by a teleconnection mechanism which later led to vortex destabilization 
in September-October 2002. Shindell et al. (1997) have shown with their model 
that the midwinter wave energy is critical in determining the ozone loss behavior 
in the springtime, approximately two months later.

In the global eff ects of the tropical SST variability, the relationship between 
concurrent and delayed teleconnections has been poorly studied up to now. Th e 
concurrent and delayed ENSO eff ects on the polar stratosphere in the Northern 
Hemisphere (NH) winter were compared in (Ren et al., 2012, 2017). Th e ENSO 
events have a signifi cant eff ect on the extratropical stratosphere in both the 
concurrent winter and the next winter following the mature phase of ENSO. 
Th e delayed eff ect is associated with the warm anomalies in the mid-latitude 
stratosphere which propagate poleward and downward over the year and favor 
the infl uence of tropical planetary wave forcing on the polar vortex in both the 
concurrent winter and (even stronger) in the following winter aft er the ENSO 
event’s mature phase.

In sum, preconditioned, delayed, and concurrent atmospheric wave di stur-
bances can be superimposed, accumulating impacts on polar stratospheres in 
winter and spring.

It has been shown by (Evtushevsky et al., 2015) that interannual variations 
of the Antarctic stratosphere temperature in spring demonstrate a statistically 
signifi cant correlation with the SST variations in the CTP region in the preceding 
winter. Namely, the strongest correlation has been revealed between the 50-hPa 
temperature in October and the CTP SST index in June, four months earlier. 
Th e results of (Evtushevsky et al., 2015) suggest that poleward propagation of 
the stratospheric circulation anomaly and tropospheric wave trains forced by 
the CTP SST anomalies could be involved in the delayed teleconnection. 

Time delay in the global teleconnections is usually attributed to (1) 
the tropical anomaly propagation between ocean basins accompanied by 
ocean-atmosphere interaction (Turner, 2004; Deser et al., 2010); (2) remote 
tropospheric connections in the ‘atmospheric bridge’ mechanism (Klein et al., 
1999; Deser et al., 2010) and (3) slow poleward propagation of the stratospheric 
circulation anomalies induced by tropical forcing (Ren and Cai, 2008; Ren et al., 
2012; Zubiaurre and Calvo, 2012; Yu et al., 2015).

In this Chapter, the delayed teleconnection between the central tropical 
Pacifi c and the SH atmosphere on a seasonal time scale is examined in the 
context of the decadal Pacifi c regime shift  in the 1990s (Evtushevsky et al., 
2019). Th e decadal change in the teleconnection strength and patterns and their 
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seasonal modifi cation during September-November are analyzed using the 
indices for the meteorological variables and the ozone hole index. To examine 
the role of the delayed tropical infl uences, concurrent and lagged relationships 
are compared.

5.2. Indices for teleconnection analysis

Indices of climate variability are defi ned as time series of averaged local or 
regional anomalies of meteorological variables (e.g., Walker and Bliss, 1932; 
Trenberth, 1976; see the collection of climate indices at https://psl.noaa.
gov/data/climateindices/). Th ey are used to study large-scale couplings, or 
teleconnections, in atmospheric circulation (Hoskins and Karoly, 1981; Klein 
et al., 1999; Deser et al., 2010). Th e ENSO teleconnections are studied using 
individual event analysis (Hoerling and Kumar, 1997; Enfi eld, 2001; Varotsos 
et al., 2016), composite means (Mo and Higgins, 1998; Turner, 2004; Yu et al., 
2015) or statistical relationships (Trenberth et al., 2002; Ashok et al., 2007; 
Evtushevsky et al., 2015).

To examine the decadal change in the teleconnection pattern and strength, 
we introduce indices of variability for the two remote regions identifi ed in 
(Evtushevsky et al., 2015). Modifi ed in (Evtushevsky et al., 2019), the sea surface 
temperature index for the CTP (CTPI) describes the SST variations in the area 
bounded by latitudes 20°N (instead of 30°N in Evtushevsky et al., (2015)) and 
20°S and longitudes 160°E and 220°E. Th e lagged correlation between CTPI in 
June and tropical SST anomalies shows that the CTPI-related anomalies persist 
at least over the three seasons (at time lags of 0, 4, and 8 months), but their eff ect 
becomes statistically insignifi cant on the annual time scale (a 12-month lag, 
(Evtushevsky et al., 2019) and Fig. 1 therein). Th erefore, a lag-1 autocorrelation 
was not taken into account in correlations with CTPI.

Th e correlation between CTPI in June and the SH air temperature at 50 hPa 
in October is shown in Fig. 5.1b. For comparison, correlation with the standard 
Niño-4 index (N4; 5°N—5°S, 160—210°E; https://www.esrl.noaa.gov/psd/data/
correlation/nina4.data) is presented in Fig. 5.1a.

It is clearly seen in Fig. 5.1a that on average over the 37-year period 1979—
2015, the N4 region does not aff ect signifi cantly the lower SH stratosphere. Unlike 
this, a localized area of the signifi cant CTPI signal in the western hemisphere 
(WH) exists (r = 0.44 for the 95% confi dence level; outlined by the thick contour 
in Fig. 5.1b). Th e correlation pattern in Fig. 5.1 exhibits a strong zonal asymmetry 
with the positive r-values concentrated in the WH. We have created time series 
of T50 south of 50°S averaged in the longitude range 180—360°E (white segment 
in Fig. 5.1; instead of the segment between 50°S and 70°S in (Evtushevsky et 
al., 2015)) for October, and this time series has been detrended with a cubic 
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polynomial. Th e time series of the detrended T50 anomalies in this WH segment 
is used as the index T50—WH for further analysis. Th e SST and T50 data from the 
NCEP—NCAR reanalysis (Kalnay et al., 1996; https://psl.noaa.gov/data/gridded/
data.ncep.reanalysis.html) were used.

Additionally, the ozone hole index (OHI) has been created with similar 
detrending applied to the time series of the ozone hole area for October from 
the NASA Ozone Hole Watch website (http://ozonewatch.gsfc.nasa.gov/
meteorology/SH.html). Note that both indices, T50—WH and OHI, describe 
variability in the zonally asymmetric regions of the SH stratosphere. Th ey are 
spatially fi xed WH segment (T50—WH, white segment in Fig. 5.1) and spatially 
varying, zonally asymmetric polar area with depleted ozone (OHI), which is 
usually displaced off  the South Pole according to the asymmetric position of the 
stratospheric polar vortex disturbed by planetary waves (Waugh and Randel, 
1999; Grytsai et al., 2007). So, teleconnection between the remote regions is 
characterized by the relationships ‘index — index’ and ‘index — meteorological 
variable fi eld’.

5.3. Decadal variability in the teleconnection strength

Decadal change in the teleconnection between the CTP region and the SH 
suggested by previous studies (Section 5.1) was analyzed using correlations 
‘index–index’. Th e correlation coeffi  cients were calculated with a running 12-year 
window over the period 1979—2015. Th e results for the four pairs of correlated 

Fig. 5.1. Correlations between the 
SST indices for the central tropical 
Pacific: a — Niño-4 (5°N—5°S, 
160—210°E) and b — CTPI 
(20°N—20°S, 160—220°E) in June 
and the SH stratospheric tempe-
rature at 50 hPa (T50) south of 30°S 
in October, i.e., with a 4-month 
time lag. A positive correlation 
coefficient significant at the 95% 
confidence level is shown by thick 
black contours. Niño-4 in (a) 
does not correlate significantly 

with the SH polar stratospheric temperature over the 37-year period 1979—2015, while 
the CTPI-related region in (b) shows a significant correlation with rmax = 0.6. The white 
segment marks the maximum correlation region in the western hemisphere (180—
360°E) between 50°S and 90°S, where the time series of the area-averaged monthly mean 
temperature is indexed as T50—WH. Adapted from (Evtushevsky et al., 2019)
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indices are presented in Fig. 5.2. As in Fig. 5.1, correlated indices were initially 
selected with a fi xed 4-month time lag (CTPI in June vs stratospheric variable 
in October; (Evtushevsky et al., 2015)). Th e thick (thin) solid curve in Fig. 5.2 
shows a correlation between the temperature index CTPI (N4) for the tropical 
Pacifi c SST anomalies in June and T50—WH for the stratospheric temperature 
anomalies in the western SH (white segment in Fig. 5.1) in October. Th e thick 
(thin) dashed curve in Fig. 5.2 shows a similar relationship between CTPI (N4) 
in June and ozone hole index OHI in October with rmax = 0.8 (rmax = 0.7). It is 
seen in Fig. 5.2 that the correlation strength evolves in time with respect to 
the 95% confi dence level (dashed horizontal lines). Statistically insignifi cant 
correlations dominate in the fi rst half of the analyzed period (to the left  of the 
vertical line) and CTPI only correlates signifi cantly with both T50—WH and 
OHI in the second half of this period (to the right of the vertical line; thick solid 
and dashed curves, respectively). 

Th e correlation between the standard N4 index and OHI does not overcome 
the 95% confi dence levels (thin dashed curve in Fig. 5.2). In the correlations with 
T50—WH, the peak r-values were observed in the 2000s. Th is indicates that 
the most favorable conditions for the CTP teleconnection with the Antarctic 

Fig. 5.2. Correlation between 
CTPI/N4 in June and stratospheric 
temperature index T50—WH (thick/
thin solid curves) and ozone hole 
index (OHI, thick/thin dashed 
curves) in October with a 12-year 
running window. Over 1979—2015, 
the two time intervals of weak and 
strong correlations existed, and the 
correlation strengthening to the 95% 
confidence level (dashed horizontal 
lines at r = ±0.53) occurred near the 
1991—2002 window (vertical line) 
centered at 1996/1997. Adapted from 
(Evtushevsky et al., 2019)
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stratosphere existed in the 2000s. At the same time, the CTP region demonstrates 
stronger positive coupling with the western SH stratosphere temperature than 
the standard N4 region does. 

In general, Fig. 5.2 shows that the SST anomalies described by the con ven-
tio nal N4 index do not fully refl ect the central tropical Pacifi c teleconnection 
compared to CTPI. Obviously, a four times wider latitude range of the CTP 
region in comparison with the N4 region plays a signifi cant role as noted in 
(Evtushevsky et al., 2015) and (Evtushevsky et al., 2019).

Th e concurrent correlations of CTPI and N4 with T50—WH in October 
are similar to lagged ones in Fig. 5.2 with r = 0.7 and r = 0.6, respectively, 
whereas those with OHI become very low with r  –0.3 (Evtushevsky et al., 
2019 and Fig. 3a therein). Along with Fig. 5.2, this indicates that the CTP eff ects 
are zonally asymmetric and dominate in the WH segment of the Antarctic and 
sub-Antarctic stratosphere (south of 50S, white segment in Fig. 5.1), but have 
a weaker eff ect on the entire polar region represented by OHI.

Note that individual values of the correlation coeffi  cients r in Fig. 5.2 
represent a degree of interannual co-variability between the correlated time 
series within each of the 12-year windows, whereas the running window reveals 
decadal tendencies in the r-value changes. All the curves in Fig. 5.2 show that 
the correlations become noticeably stronger in the late 1990s and 2000s than in 
the 1980s and early 1990s. Th e vertical line in Fig. 5.2 marks the 12-year window 
1991—2002 when a sharp increase in the correlation strength occurred. Th at 
window is centered in 1996/1997 and these two years were accepted as a time 
of an abrupt increase in the teleconnection strength between the tropical and 
Antarctic regions.

As noted in Section 5.1, diff erent intervals of the 1990s were found to be 
indicative of the climate regime shift  in the Pacifi c, and the results in Fig. 5.2 
are generally consistent with the cited works. Th e temporal distinctions could 
be explained by diff erent meteorological variables and diff erent regions under 
consideration, which suggests some distinctions in the regime shift  timings 
due to inertia in the ocean-atmosphere system processes (e.g., Deser et al., 
2010). Fig. 5.2 displays a notable change around 1996/1997, most evident in 
the coupling strength between the two regions identifi ed in (Evtushevsky et al., 
2015): the central tropical Pacifi c and the western Antarctic stratosphere (solid 
curves). Th e increasing occurrence of the central Pacifi c type of ENSO (Ashok 
et al., 2007; Yu et al., 2012, 2015; Jo et al., 2015) seems to be the most important 
contributing factor.

It should be noted the weakening of the CTP teleconnection with the 
po lar SH stratosphere seen from the correlation decrease over the last 12-
year running windows (2004—2015; Fig. 5.2). Th is last change can indicate a 
possible following shift  in the Pacifi c climate regime. It cannot be excluded due 
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to a spectral peak in decadal periods in the central Pacifi c (Ashok et al., 2007; 
Sullivan et al., 2016; Lyu et al., 2017; Wang et al., 2018) and needs to be clarifi ed 
on a longer time series.

Basing on Fig. 5.2, we chose two sub-periods of equal 18-year duration, 
1979—1996 and 1997—2014 (P1 and P2, respectively, hereinaft er), as re pre-
sen tatives of weak and strong delayed teleconnection, respectively, for further 
analysis. Th e strength and patterns of the delayed teleconnection, similar to 
Fig. 5.1, but for the two 18-year intervals, are compared in Fig. 5.3.

A sharp regional increase in the correlation strength between the indices 
for the tropical SST anomalies in June (CTPI and N4, upper and lower panels, 
respectively), and the T50 fi eld in October is clearly visible in the second 
sub-period (P2, right plots). Both CTPI and N4 exhibit a similar zonally 
asymmetric region in the mid- to high-latitude western hemisphere where 
positive correlation with T50 exceeds the 95% confi dence level (thick black 
contours in Fig. 5.3b, d). However, the area of signifi cant positive correlation 
is larger and the correlation peak is higher in the case of CTPI (Fig. 5.3b) than 
for N4 (Fig.  5.3d), in agreement with Fig. 5.2 (thick and thin solid curves, 
respectively).

Interestingly, correlation peaks fall on the sector of Antarctic Peninsula–
South America in both cases (red and dark-red in Fig. 5.3b, d). Th e strong 

Fig. 5.3. Correlations between (a, b) 
CTPI and (c, d) Niño-4 in June and 
the SH stratospheric temperature at 
50-hPa (T50) south of 30°S in October, 
i.e. with a time lag of 4 months. 
Positive (negative) correlation coef-
ficients r = ±0.44 significant at the 
95% confidence level are shown 
by thick black (white) contours. 
The white segment is as in Fig. 5.1. 
Significant decadal enhancement of 
the CTPI signal between (a, c) P1 
(1979—1996) and (b, d) P2 (1997—
2014) is seen



166

CHAPTER 5. Decadal changes in teleconnection between the Central Tropical Pacific...

positive correlation anomaly indicates that the stratospheric temperature T50 in 
the WH in October increases with increasing SST in the CTP region in June, four 
months earlier. Th is means a partial warming of the polar vortex and weakening 
of the ozone loss in mid-spring following the positive SST anomalies in the 
CTP region in midwinter. Signifi cant negative correlation CTPI–OHI since 
the 1990s (Fig. 5.2, thick dashed curve) confi rms the importance of the zonally 
asymmetric stratosphere warming due to the strengthened CTP teleconnection 
for the entire ozone hole as well.

Diff erent role of the CTP and N4 regions in the delayed teleconnection is 
seen also in the negative correlation patterns observed in the eastern hemisphere 
mid-latitudes (white contours in Fig. 5.3b, d). Th is diff erence means that the 
CTP region in P2 has a greater negative eff ect on the T50 anomalies in the SH 
mid-latitudes than the N4 region.

In P1, the relatively small region of the SH mid-latitude stratosphere 
in the Pacifi c sector appears to be weakly coupled with N4 (rmax = 0.5, thick 
black contour in Fig. 5.3c). In contrast, a stronger correlation covers the mid-
latitude and polar regions in the case of CTPI (rmax = 0.6; thick black contour 
in Fig. 5.3a).

In general, Figs. 5.1—5.3 give convincing evidence that (i) the CTP region 
shows a stronger delayed positive (negative) teleconnection with the western 
(eastern) Antarctic stratosphere temperature as compared to the N4 region and 
(ii) delayed teleconnection strength is signifi cantly increased in the second half 
(P2, 1997—2014) of the analyzed period compared to the fi rst one (P1, 1979—
1996).

5.4. Decadal changes in the Central 
Tropical Pacific sea surface temperature patterns

It is clear that the tropical thermal disturbances infl uence remotely the An-
tarc tic stratosphere, and in this case, the cause and eff ect are interpreted 
quite defi nitely. As Figs. 5.1—5.3 illustrate the 4-month time lag between the 
correlated variables, they provide evidence for the impact direction. Namely, 
this time delay clearly indicates that the disturbance is propagating from the 
source region in the tropical Pacifi c to the response region in the Antarctic 
stratosphere. As shown in (Evtushevsky et al., 2015), the source region in the 
central tropical Pacifi c is characterized by the V-pattern in the SST anomaly 
variations, and, according to the results of Figs. 5.2 and 5.3, decadal changes in 
the source region pattern could be reasonably assumed.

Correlation between the T50—WH index in October and the SST fi eld in 
the Pacifi c basin in June is shown in Fig. 5.4. Correlation distribution for 1979—
2015 confi rms the existence of the V-shaped pattern in the leading variations 
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of the CTP SST anomalies (Fig. 5.4a, black contours in the image middle, 95% 
confi dence level). Th e westward-pointing V-pattern related to the T50–WH 
variations is similar to that in (Evtushevsky et al., 2015) identifi ed from the 
shorter time series (1979—2011).

In agreement with the results of Figs. 5.2 and 5.3, the correlation strength 
and patterns are very diff erent in the two halves of the entire period (Fig. 5.4b, c). 
Th e main contribution to the V-pattern formation in Fig. 5.4a comes from 
the second sub-period P2 (1997—2014, Fig. 5.4c). Th is demonstrates that the 
role of the CTP SST variations in delayed teleconnection with the Antarctic 
stratosphere varies greatly on a decadal time scale. In P1 (1979—1996, 
Fig. 5.4b), only small fragments of the V-shaped pattern can be seen. In general, 
this corresponds to the weak teleconnection in Fig. 5.3a: there is a relatively 
small response region in the western Antarctic stratosphere where correlation 
is slightly above the 95% confi dence level (rmax = 0.5). No signifi cant correlation 
is observed in the N4 region (dashed rectangle in Fig. 5.4b), in agreement with 
Fig. 5.3c. Th is means that the N4 region was not a source region infl uencing the 
Antarctic stratosphere in P1. Concurrent correlations in the two sub-periods in 
October (Evtushevsky et al., 2019 and Fig. 6b, c therein) diff er similarly to the 
lagged ones in Fig. 5.4b, c.

Fig. 5.4. Distribution of the correlation coefficient between the SH stratospheric 
temperature index T50—WH in October and the Pacific SST in June (four months 
earlier). Positive (negative) correlation coefficients significant at the 95% level are shown 
by black (white) contours. The solid rectangle shows the region of the central tropical 
Pacific (CTP, 20°N—20°S, 160—220°E), where the area-averaged monthly mean SST is 
indexed as CTPI. The dashed rectangle is the Niño-4 region (5°N—5°S, 160—210°E). In 
both regions, statistically significant correlation over the 37-year period 1979—2015 in 
(a) is mainly due to enhanced correlation in the recent 18-year sub-period P2 (1997—
2014) shown in (c). Adapted from (Evtushevsky et al., 2019)
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It is seen that the maximum correlation in the CTP region is quite fi t to the 
latitude range 20°N—20°S and the longitude range 160—220°E (outlined by a 
solid rectangle in Fig. 5.4) indexed using CTPI (Evtushevsky et al., 2019). Th is 
is almost the same area as the CTP region in (Evtushevsky et al., 2015), with the 
exception for the northern boundary at 30°N in (Evtushevsky et al., 2015) for the 
1979—2011 period. In 20—30°N, the small negative correlation anomalies locate 
(Fig. 5.4). To more accurately represent a positive correlation anomaly and reduce 
the negative anomaly eff ect, the CTPI version was introduced for a latitude range 
20°N—20°S, which is symmetrical about the equator (Evtushevsky et al., 2019).

5.5. Relationship between 
sea surface temperature index for Central Tropical 
Pacific and Pacific Decadal Oscillation

As known, decadal changes in the central tropical Pacifi c SST anomalies may 
contribute to decadal climate variability over the entire Pacifi c basin (Chen 
et al., 2008; Yu et al., 2012; Yeo et al., 2012; Hong et al., 2014; Jo et al., 2015; 
Newman et al., 2016). As an important element of the Pacifi c decadal variability, 
the PDO is associated with the central tropical Pacifi c through the specifi c SST 
pattern (Newman et al., 2016, their Fig. 6d), which resembles the V-pattern in 
the CTP region responsible for the delayed teleconnection (Fig. 5.4c; see also 
(Evtushevsky et al., 2015) and (Evtushevsky et al., 2019)).

To examine the possible connection between the CTPI and PDO, we use 
the PDO index based on the Pacifi c SST anomalies north of 20°N (Mantua et al., 
1997; Newman et al., 2016; https://www.esrl.noaa.gov/psd/data/climateindices/
list/#PDO). As confi rmed by the correlation coeffi  cients for the three periods 
(1979—2015, 1979—1996, and 1997—2014) in Table 5.1, the PDO index 
signifi cantly correlates with the CTPI and N4 at r  0.6 in the second sub-period 
only. Th e CTPI and N4 are highly correlated in each period with the maximum 
correlation r = 0.98 in P2. Th e N4 region takes a fi ft h of the CTP region and 
locates near the equator, where the maximum SST variability exists (dashed and 
solid rectangles in Fig. 5.4c, respectively; see also (Evtushevsky et al., 2019 and 
Fig. 1a therein); so, the high correlation ‘CTPI vs N4’ is not surprising.

Note that the correlations PDO vs CTPI/N4 not only noticeably increase 
between the fi rst and second sub-periods, but also change the sign from 
negative to positive (Table 5.1). Th is change is accompanied by the index phase 
shift s from positive to negative values near 1997 (Evtushevsky et al., 2019 
and Fig. 8 therein; see also Newman et al., 2016). Synchronous changes in 
the SST variability in the CTP region and in PDO around 1997 are clear 
manifestations of the climate regime shift . In turn, as noted in Section 5.1, this 
dramatic regime shift  could be associated with the strong El Niño 1997/1998 
(Chen et al., 2008).
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Similar to N4 for the central 
Pacifi c, correlations with the Niño-
3 (N3) index, which describes the 
eastern Pa ci fi c SST anomalies, show 
about equal contributions to PDO 
in P2 at r  0.6 and insignifi cant 
contribution in P1 at r  0.1 (Table 
5.1). Th is is due to close co-variability 
between the N4 and N3 indices at r  
0.5—0.8 (Table 5.1) consistent with 
previous studies (Ren and Jin, 2011; Yu 
et al., 2012; Diamond and Bennartz, 
2015; Sullivan et al., 2016). Note that 
the maximum correlation ‘N4 vs N3’ 
was in P1 (r = 0.76), before the climate 
regime shift  (Yu et al., 2012). Both the 
central Pacifi c and eastern Pacifi c are 
known to be involved in the combination of the processes driving the PDO 
variability (Newman et al., 2016). Yet, despite close coupling between these 
tropical regions (N3 and N4 in Table 5.1), their longitudinal locations aff ect 
individual teleconnections, which can be very diff erent in pathways, spatial 
patterns, delayed impacts, and decadal changes (Evtushevsky et al., 2019).

Th e data presented in Table 5.1 demonstrate that the interannual SST 
variability in the CTP region in the second (fi rst) sub-period is associated 
(not associated) with the interannual variability of the PDO index. Although 
these results describe relationships for only one early-winter month June, 
the CTPI/N4 variations in P2 in June persistently aff ect the PDO during the 
following year. Th is is confi rmed by the lagged correlations ‘CTPI vs PDO’, ‘N4 
vs PDO’, and ‘N3 vs PDO’ analyzed in (Evtushevsky et al., 2019, their Fig. 9) 
considering that the variability in the tropical SST anomalies leads that in PDO 
(Newman et al., 2016). Fig. 5.3b, d, Table 5.1, and (Evtushevsky et al., 2019) 
support the conclusion that the central tropical Pacifi c, aft er the 1990s climate 
regime shift , is becoming one of the key regions contributing to climate changes 
and teleconnection modifi cation not only in the SH but also, contributing to 
PDO, in the NH (Chen et al., 2008; Yeo et al., 2012; Jo et al., 2015; Newman et 
al., 2016).

Table 5.1. Correlations between CTPI, N4, N3, 
and PDO in June for the whole time series 
1979—2015 and for the two sub-periods, P1 
(1979—1996) and P2 (1997—2014). The 99% 
(95%) significance is shown in bold (italic)

Index 1979—
2015

P1
1979—

1996

P2
1997—

2014

CTPI
N4 0.91 0.83 0.98
N3 0.46 0.44 0.49
PDO 0.21 –0.37 0.59

N4
N3 0.66 0.76 0.47
PDO 0.33 –0.13 0.62

N3
PDO 0.34 0.07 0.58
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5.6. Tropospheric wave trains

As known, the convective activity in the tropical Pacifi c forces the Rossby wave 
trains in the SH troposphere, the so-called PSA modes (Section 5.1). Upper 
tropospheric zonal wind at 200—300 hPa, where the largest amplitude of 
tropically forced anomalies is observed, is usually used to examine the wave 
train paths in austral winter and spring (Hoskins and Karoly, 1981; Mo and 
Higgins, 1998).

It was noted in (Evtushevsky et al., 2015) that both concurrent and lagged 
correlations between CTPI and zonal wind in the troposphere and lower 
stratosphere showed an abrupt intensifi cation of the meridional wave train 
in October. To examine this phenomenon more carefully, we illustrate the 
seasonal evolution of the CTP teleconnection using concurrent and lagged 
correlations between CTPI and 200-hPa zonal wind U200, ‘CTPI vs U200’. In 
the spring months, the two sub-periods P1 (1979—1996) and P2 (1997—2014) 
demonstrate very diff erent strengths and patterns of correlation.

In P1, the concurrent correlations (Fig. 5.5a—c) are generally stronger 
than the lagged ones (Fig. 5.5d—f) and show a partly developed PSA pattern. 
Tropically forced wave train propagates usually poleward and eastward, resulting 
in a wave train path not very dissimilar from a great circle (Hoskins and Karoly, 
1981). However, the wave train in Fig. 5.5a—c is limited by the middle SH 
latitudes (thick lines), which is possible evidence of a weak CTP forcing.

Th e source region of the wave train is a negative correlation anomaly around 
the equator extended over the Pacifi c basin (Fig. 5.5a—c). It corresponds to the 
easterly zonal wind in the upper tropospheric branch of the Walker circulation. 
Such a pattern of zonal circulation in the tropical Pacifi c is typical for the 
conditions of traditional El Niño in the eastern Pacifi c (e.g., Chen and Majda, 
2016, and references therein). Note the eastward displacement of the eastern 
edge of the negative equatorial anomaly during SON (about 220E to 260E; 
Fig. 5.5a—c). Th is displacement is accompanied by a more meridional orientation 
of the wave train (thick lines). In the case of the lagged correlations, the negative 
equatorial anomaly is of smaller longitudinal extension, locates in the central 
Pacifi c, and does not show any associated PSA patterns (Fig. 5.5d—f). Signifi cant 
correlation anomalies appear over Antarctica only in November (Fig. 5.5f). So, 
in P1, the central tropical Pacifi c in spring has a limited eff ect on the SH zonal 
circulation, and most of the season is not associated with the Antarctic region at 
all (Fig. 5.5a—e). Th is is consistent with the weak involvement of the CTP SST 
anomalies in teleconnection with the Antarctic stratosphere in P1 (Fig. 5.4b).

As seen in Fig. 5.6, both types of correlations show very similar seasonal 
changes in the correlation strength and patterns in P2 (1997—2014), which are 
markedly diff erent from those in P1 (Fig. 5.5). Th e thick curved arrow indicates 
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an intense meridional wave train abruptly appearing in October (Fig. 5.6b, e) 
and not seen in September (Fig. 5.6a, d). Th is feature was noted in (Evtushevsky 
et al., 2015), where the period 1979—2011 was analyzed. It is clear from the 
comparison of Figs. 5.5 and 5.6 that the PSA pattern appearance in October 
in (Evtushevsky et al., 2015) is mainly contributed by the increase in the CTP 
teleconnection strength aft er the 1990s. A similar contribution could also be 
assumed from the signifi cant strengthening of the SH geopotential height 
anomalies in October 1979—2009 associated with the CTP SST anomalies (Lin 
et al., 2012; their Fig. 6).

Fig. 5.5. (left) Concurrent correlations ‘CTPI vs U200’ and (right) lagged correlations 
between CTPI in June and U200 with a 3—5-month lags in: (a, d) September, (b, e) 
October, and (c, f) November for P1 (1979—1996). Concurrent correlations (a—c) show 
a part of the PSA patterns between the tropics and SH mid-latitudes (thick lines), which 
is not observed in lagged correlations (d—f). Adapted from (Evtushevsky et al., 2019)
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Th e wave patterns in Fig. 5.6b, e display a typical ‘polar wave train’ of 
Rossby wave propagation in the spherical atmosphere in the case of low-
latitude thermal forcing (Hoskins and Karoly, 1981). In terms of the PSA 
pattern (Mo and Higgins, 1998), this is the PSA-1 mode linked to tropical 
heating anomalies in the central Pacifi c. Th e strong negative anomaly in the 
western tropical Pacifi c indicates a source region of wave forcing in U200 (‘S’ 
in Fig. 5.6b, e). Its location corresponds to the eastern cell of the double cell 
Walker circulation in the case of the central Pacifi c SST anomalies (Ashok et 
al., 2007; Chen and Majda, 2016): rising motion over the warm water in the 
CTP region, westward motion in the upper troposphere, and sinking motion 
over the west Pacifi c.

Fig. 5.6. As in Fig. 5.5 but for P2 (1997—2014). The strength and pattern of concurrent 
(a—c) and lagged (d—f) correlations are similar. In October, there is an abrupt appearance 
of fully developed meridional wave trains, indicated by curved arrows in (b, e). Adapted 
from (Evtushevsky et al., 2019)
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Another noteworthy feature of 
the teleconnection patterns in P2 
(Fig. 5.6) is a clear eastward extension 
of the negative equatorial anomaly in 
the source region during September-
November. Th is extension is similar 
to that noted in Fig 5.5 (left ), but 
it covers a larger longitude range 
within about 190—260E and is 
seen from both concurrent and 
lagged correlations (Fig. 5.6, left  and 
right column, respectively). So, the 
tendency of eastward extension is 
characteristic for the fi rst and second 
sub-periods. At the same time, the 
eastward extension distances are 
very diff erent in the two sub-periods, 
at ~40E and ~70E longitudes in P1 
and P2 (Fig.  5.5, left  and Fig. 5.6, 
respectively).

Th e eastward extension of the 
U200 negative anomaly (Fig. 5.6) 
follows a similar seasonal tendency 
in the SST pattern (Fig. 5.7), which 
shows the concurrent correlation between CTPI and the SST fi eld in the Pacifi c 
in September, October, and November in P2. Th e eastward extension of the 
positive correlation anomaly in Fig. 5.7 means that warm water variations 
synchronized with CTPI expand eastward during spring. Th is results in a 
corresponding change in the Walker circulation cell, as it follows from the similar 
eastward expansion of the negative correlation anomaly in U200 (Fig. 5.6).

Generally, the eastward shift  in Figs. 5.6 and 5.7 may be indicative of the 
eastward annual propagation of El Niño SST anomalies along the equator aft er 

Fig. 5.7. The CTPI-related SST 
variations in the Pacific from concurrent 
correlation in September (a), October 
(b), and November (c) in P2 (1997—
2014). The eastward expansion of the 
positive correlation anomaly in the 
tropical Pacific (black contour around 
the equator) is indicated by arrows. The 
rectangle shows the CTP region. Adapted 
from (Evtushevsky et al., 2019)
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the mid-1970s climate regime shift  (e.g., McPhaden and Zhang, 2009). Th e 
P1–P2 diff erence can be associated with the subsequent climate regime shift  
in the 1990s and again points to the dominant role of the central Pacifi c in 
P2. As noted above, changes in SST anomalies in the central tropical Pacifi c 
may contribute to decadal climate variability over the entire Pacifi c basin (Chen 
et al., 2008; Yu et al., 2012; Yeo et al., 2012; Hong et al., 2014; Jo et al., 2015; 
Newman et al., 2016). 

Simultaneous suppression of the eastern Pacifi c role is accompanied by 
weakening the coupling between the central Pacifi c and eastern Pacifi c in P2 (Yu 
et al., 2012), which is also seen in the markedly weakened correlation between 
N4 and N3 in Table 5.1.

Further modifi cation of the wave patterns in the second sub-period occurs 
in November (Fig. 5.6c, f). It is seen from the greater number of statistically 
signifi cant correlation anomalies, which combine meridional and zonal wave 
structures. Th ree meridional wave trains are distributed over the ocean basins 
Atlantic, Pacifi c, and West Indian (less distinct in the latter case). Note the 
stronger meridional orientation of the wave trains in November than in 
October, according to the tendency in the fi rst sub-period indicated by thick 
lines in Fig. 5.5. 

Wave train over the West Indian Ocean is in antiphase to the wave trains 
over the Pacifi c and Atlantic basins (Fig. 5.6f), which will decrease the total 
signal in the zonal means. All these modifi cations of wave patterns and their 
possible causes require a more detailed interpretation in further studies.

In general, Figs. 5.2—5.6 confi rm that in the last decades, the SST anomalies 
appear more frequently in the CTP region (Ashok et al., 2007; Hurwitz et al., 
2011; Zubiaurre and Calvo, 2012; Yu et al., 2015; Feng et al., 2017) and more 
closely interact with the SH atmosphere. On the decadal time scale, the results 
of Fig. 5.2 relate the start of the stronger CTP–SH teleconnection to the mid-
1990s, which seems to be a manifestation of the 1990s climate regime shift s 
described in other works (Section 5.1).

Aft er the climate regime shift , teleconnection demonstrates a notable 
seasonal transition in the wave pattern and strength during the spring months: 
it is insignifi cant in September, abruptly strengthens in October in a form of 
a great circle wave train, and reveals both meridional and zonal structures 
in November (Fig. 5.6). An important feature is a close resemblance of the 
concurrent and lagged correlation anomalies in P2 (Fig. 5.6, left  and right, 
respectively). Th is contrasts with P1 with weak extratropical signals from the 
lagged correlation (Fig. 5.5, right) and indicates an increased contribution of 
delayed CTP teleconnection to the SH climate aft er the climate regime shift  in 
the 1990s.



175

5.7. Vertical structure of the Central Tropical Pacific teleconnection

5.7. Vertical structure 
of the Central Tropical Pacific 
teleconnection

Th e seasonal evolution of CTP teleconnection is further analyzed using the 
latitude-altitude and longitude-altitude cross-sections of the correlations 
between the CTPI and geopotential height Z from the NCEP—NCAR reanalysis 
(Figs. 5.8 and 5.9). We pay attention to the second sub-period, since relatively 
weak and small negative anomalies are observed in the SH extratropics in the 
correlation cross-sections for the fi rst sub-period (Evtushevsky et al., 2019 and 
Figs. 13 and 14 therein), in agreement with the weak tropical signal in P1 in 
both T50 (Fig. 5.3a, c) and U200 (Fig. 5.5).

Th e meridional cross-section of the correlation ‘CTPI vs geopotential height 
Z’ in Fig. 5.8 covers the tropics and the southern extratropics (30°N—90°S). It 
represents a zonal mean response of Z to the SST anomalies in the CTP region. 
Th e altitude range between the sea surface (1000 hPa) and middle stratosphere 
(10 hPa), or 0—32 km, is shown in correspondence with the data availability in 
the NCEP—NCAR reanalysis.

Concurrent and lagged correlations in P2 demonstrate strong positive 
anomalies in the high-latitude SH stratosphere in September (Fig. 5.8a,  d). 
Combined with the signifi cant negative tropical anomalies, they form a me-
ri dional dipole pattern in the stratosphere, which indicates an intense me ri-
dio nal circulation. As known, the process of the residual mean circulation is 
accompanied by the opposite change in the stratospheric temperature in the 
tropics and extratropics (Holton et al., 1995; Fusco and Salby, 1999), which 
is refl ected in a similar way in the Z response (Fig. 5.8a,  d). Th erefore, the 
stratospheric meridional dipole in the ‘CTPI vs Z’ correlation indicates the 
existence of a stratospheric pathway involved in teleconnection in P2.

In October and November, positive high-latitude anomaly and negative 
mid-latitude anomaly represent the SAM pattern of the CTP teleconnection 
(Fig. 5.8b, c, e, f). Hatched fragments of the signifi cant positive correlations inside 
the black contours mark the lagged correlation anomalies (middle column in 
Fig. 5.8), which are more intense than the concurrent ones (left  column).

Quantitatively, the predominance of the delayed tropical signal over the 
concurrent one is seen from the diff erence between the lagged and concurrent 
correlation coeffi  cients (rlag and rcon, respectively) in the right column of Fig. 5.8. 
Only the positive rlag values signifi cant at the 95% confi dence level, which exceed 
the rcon values, are presented in the diff erence ‘rlag—rcon’ in Figs. 5.8g—i. We do 
not show here the total diff erence between the correlation fi elds because in this 
case, the largest anomalies are located in the places where the correlations are 
statistically insignifi cant.
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Fig. 5.8. Meridional cross-sections ‘latitude-altitude’ of the correlation between the 
CTPI time series in (a—c) the concurrent months and (d—f) June and geopotential 
height Z in (a, d) September, (b, e) October, and (c, f) November. Zonal mean Z 
values over the sub-period P2 (1997—2014) are used in the correlations. Black 
(white) contours show positive (negative) correlation coefficients significant at the 
95% confidence level. Hatched areas in the middle column mark distinctive patterns 
of the positive lagged correlations showing their tendency to propagate downward. 
The distinctions are quantitatively expressed by the difference between the lagged and 
concurrent correlations in (g—i). Dashed curves show climatological tropopause for 
the corresponding months. Adapted from (Evtushevsky et al., 2019)
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It is important to emphasize that between September and October the 
lagged correlation anomaly consists of the signifi cant component that clearly 
propagates from the stratosphere (Fig. 5.8g) into the troposphere (Fig. 5.8h).

From the concurrent correlation, the tropical signal tends to locate in 
the middle stratosphere in September (Fig. 5.8a) and spreads over the entire 
height range in October (Fig. 5.8b). Generally, this tendency is consistent with 
the penetration of stratospheric anomaly (September) into the troposphere 
(October) over the SP polar cap illustrated earlier (Lin et al., 2012; Son et al., 
2013; Yu et al., 2015). Th e existence of the dipolar meridional pattern between 
the middle and high SH latitudes in Fig. 5.8b, c, e, f suggests that this downward 
propagation is a SAM-related tendency.

Th e SAM pattern in October is most apparent and statistically signifi cant in 
the troposphere (Fig. 5.8b, e), which is evidence of the intensifi ed tropospheric 
pathway of CTP teleconnection. Th is agrees with the enhanced teleconnection 
in the second sub-period (Fig. 5.6) and with the change in the SAM–central 
Pacifi c ENSO correlation from being weak before the early 1990s to being 
strong aft erward found by Yu et al. (2015). Th e results above reveal that the 
tropospheric SAM pattern in the delayed teleconnection is stronger than in the 
concurrent teleconnection (Fig. 5.8e, b, respectively).

In November, the high-latitude anomalies are below the 95% signifi cance 
level in both concurrent and lagged correlations (Fig. 5.8c, f, respectively), 
except for the small near-surface anomaly in the latter case. Such correlation 
decrease in November could be caused by the opposite polarity of the 
correlation anomalies in their zonal distribution noted from Fig. 5.6c and 5.6f. 
An antiphase combination of zonal regional anomalies in November weakens 
the extratropical signal in the zonal means in Fig. 5.8c, f, which is additionally 
confi rmed by Fig. 5.9.

Th e concurrent and delayed teleconnection patterns in the zonal–vertical 
cross-sections (Fig. 5.9) were obtained using the correlation for P2 with 
averaging over the latitude range 50—80S. Maximum extratropical anomalies 
in the meridional–vertical cross-section appear at these latitudes, in the zone 
of prevailing the positive Central Tropical Pacifi c index (CTPI) signal in 
the SAM pattern (Fig. 5.8). Th e strongest correlation anomalies in Fig. 5.9 
demonstrate the predominance of the wave 1 pattern in the stratosphere and 
wave 2 — wave 3 patterns in the troposphere suggested by the U200 anomalies 
in Fig. 5.6.

Similar to Fig. 5.8d—f, hatched fragments of the lagged correlation pattern 
in Fig. 5.9d—f reveal a downward propagation of the positive stratospheric 
anomaly in September-November, which is observed, but much less pronounced, 
in the fi rst sub-period (Evtushevsky et al., 2019 and Fig. 14d—f therein). Th e 
positive anomaly in Fig. 5.9b,  c,  e,  f penetrates from the stratosphere to the 



178

CHAPTER 5. Decadal changes in teleconnection between the Central Tropical Pacific...

troposphere over the western hemisphere in the Pacifi c sector (about 90—
180W) including the Amundsen–Bellingshausen Sea region. In October, both 
concurrent and lagged correlations show similar patterns; however, the lagged 
correlation signal in the troposphere is stronger than the concurrent one, not 
only over the western longitudes but also over the eastern longitudes (Fig. 5.9e, 
b, respectively). Diff erence ‘rlag—rcon’ in Fig. 5.9g, h emphasizes the lagged 
correlation patterns prevailing over concurrent ones.

Fig. 5.9. As in Fig. 5.8 but for zonal cross-section ‘longitude-altitude’ of the CTPI 
correlation with Z averaged in the zone 50—80°S. Adapted from (Evtushevsky et al., 
2019)
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Th e tendency of the eastward shift  of the positive stratospheric anomalies 
in September-November from both concurrent (Fig. 5.9a—c) and lagged 
(Fig. 5.9d—f) correlations is seen. Known from previous studies (Lin et al. 2010, 
2012; Evtushevsky et al., 2015), it characterizes seasonal modifi cation of the 
zonal wave 1 pattern in the SH stratosphere. Th e positive stratospheric anomaly 
in the lagged correlation for October shift s to the Atlantic sector (including the 
Weddell Sea) and the Antarctic Peninsula region (270—0E, Fig. 5.9e, h). Th e 
same anomaly shift  in the T50 response in October was noted in (Evtushevsky et 
al., 2019, their Fig. 5b, d). In the troposphere, a negative anomaly at the Antarctic 
Peninsula longitudes exists as an element of the zonal wave 3, although, it is 
statistically insignifi cant (Fig. 5.9e). 

Th us, wave 1 in the stratosphere and wave 3 in the troposphere produce 
diff erent combinations of vertically aligned anomalies. Th e CTPI-related ano-
ma lies in the geopotential heights in the stratosphere vary in antiphase to the 
tropospheric ones over the Atlantic–Antarctic Peninsula region, whereas they 
vary in phase over the neighboring Pacifi c region (Fig. 5.9e). Similar in-phase 
positive coupling in the Pacifi c sector is seen from the vertically extended anomaly 
in the concurrent correlation for October (Fig. 5.9b). Th ese results agree with the 
increased central Pacifi c impact on the West Antarctica noted earlier (Ding et 
al., 2011; Schneider et al., 2012; Yu et al., 2015). Th ey clarify the course of the 
decadal change, the role of delayed infl uences, and the relative contribution of the 
stratospheric and tropospheric pathways of the CTP teleconnection.

Th e negative tropospheric anomalies at the easternmost longitudes 300—
350°E become stronger and statistically signifi cant in November and extend 
slightly above the tropopause (Fig. 5.9c, f). Th ey partly cancel positive signals 
over the Pacifi c sector and decrease them to an insignifi cant level in the zonal 
means, as noted above (see the central Pacifi c in Evtushevsky et al., 2019 in 
Fig. 15c,  f therein). Th e lagged correlation shows the transition from the 
tropospheric wave 3 pattern in September and October to the wave 2 pattern 
in November (Fig. 5.9d, e, and f, respectively). In November, wave 2 appears in 
the lower stratosphere in the lagged correlation (Fig. 5.9f) and is a dominated 
pattern in the stratosphere from the concurrent correlation (Fig. 5.9c), i.e. wave 
2 displaces wave 1.

So, Figs. 5.8 and 5.9 reveal the two important eff ects in the seasonal 
evolution of the CTP teleconnection in P2, which are statistically signifi cant. 
Th ey are penetration of Z-response from the stratosphere into the troposphere 
in October and the ‘wave 1—wave 2’ transition in the stratosphere in November.

Seasonal evolution of the tropical signals in the longitude-altitude sections 
(Fig. 5.9) has been compared with the Z climatologies in (Evtushevsky et al., 
2019, Fig. 17 therein). Th e climatological zonal Z anomalies calculated with 
respect to the NCEP—NCAR climatology of 1981—2010 and averaged over 
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50—80S show that the zonal wave 1 pattern prevails. Typically, the wave 1 
amplitude ridge is usually located in the middle-upper stratosphere near 40 km 
at 60S (Gabriel et al., 2011; Lin et al., 2012).

Unlike the strongest positive correlation anomalies in September and 
October in P2, which are mainly in the western hemisphere (Fig. 5.9), the 
climatologies show the largest anomalies in the eastern hemisphere (Evtushevsky 
et al., 2019 and Fig. 17 therein). Th is means that the Antarctic stratosphere in 
the western hemisphere, i.e. in the Pacifi c sector, is most sensitive to the tropical 
forcing of planetary waves. Changes in the Z climatologies were described in 
(Evtushevsky et al., 2019). Th ey include (i) seasonal eastward shift  of the wave 
1 ridges and troughs between September and November in both sub-periods 
and (ii) decadal phase shift  of the wave 1 patterns (Evtushevsky et al., 2019 
and Fig. 17 therein). Seasonal eastward tendency was seen above in the tropical 
Pacifi c anomalies (Figs. 5.1, 5.7) and coupled stratospheric anomalies (Fig. 
5.9). As noted above, similar tendencies in the SH stratosphere were noted in 
earlier studies. By Lin et al. (2012), the stratospheric anomalies associated with 
mode-2 SST anomalies (located in the central tropical Pacifi c) were shift ed 
eastward during September-November relative to the climatology (their Fig. 7). 
Authors (Lin et al., 2012) conclude that it could be due to the sharp seasonal 
transition in the SH basic state, especially in the wind fi eld, which can modify 
the stratospheric planetary waves. Th e SH temperature trend patterns tend to 
be organized largely into zonal wave-1-like patterns and show a similar phase 
shift  in the spring months compared to the climatology with a clear phase shift  
of about 90 between September and October (Lin et al., 2010).

At the same time, the wave 1 patterns exhibit a decadal phase shift  that 
is the most pronounced in October and is oppositely directed between the 
fi rst and second sub-periods. Th e wave 1 ridge is to the West (East) in the fi rst 
(second) sub-period by about 50 (70) relative to the mean for the whole 
period (Evtushevsky et al., 2019, and Fig. 17 therein). According to Lin et al. 
(2012), the diff erence in phase shift  was introduced by the SST anomalies in the 
eastern Pacifi c (mode 1, westward) and central Pacifi c (mode 2, eastward) to the 
climatological stationary wave 1 in the SH stratosphere. Th is indicates that the 
decadal shift  of the largest SST anomalies from eastern to central tropical Pacifi c 
(Section 5.1) is closely coupled with spatial modifi cation with time of both the 
SST/U200 patterns in the tropics (Fig. 5.5 and 5.6; Evtushevsky et al., 2019, and 
the T50/Z patterns in the SH stratosphere (Evtushevsky et al., 2019).

As noted above, the general tendency of eastward propagation of El Niño 
SST anomalies along the equator has existed since the 1980s and it is also 
observed between the central and eastern Pacifi c during austral winter and 
spring (McPhaden and Zhang, 2009). An eastward propagation of the SST 
anomalies in the Pacifi c basin, which appears to be circumglobal, has been 
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described by Wang et al. (2015). Earlier, this tendency for the Pacifi c basin in 
the SH winter has been noted: the evolution of tropical convection anomaly and 
forced PSA pattern shows a coherent eastward propagation (Mo and Higgins, 
1998). Decadal change in the zonal anomaly propagation was associated with 
the climate regime shift  in the 1970s. During the 1950s—1970s, an anomalous 
warming begins along the coast of South America and spreads westward, 
while the warming in the central equatorial Pacifi c develops from the west and 
progresses eastward in the 1980s–1990s (Trenberth et al., 2002). Th is eastward 
tendency has not changed aft er the 1990s regime shift  and was observed in 
the 1970s–2000s (Ren and Jin, 2011) and in the 2010s (Fig. 5.7 above; see also 
Evtushevsky et al., 2019).

It is reasonable to assume that the eastward tendency in the Antarctic 
stratosphere described above is a wave 1 response to that in the SST/U200 
anomalies in the tropical Pacifi c, possibly, related to both regional and global 
tendencies in the tropical ocean basins since the 1970s (Mo and Higgins, 1998; 
Trenberth et al., 2002; Saith and Slingo, 2006; McPhaden and Zhang, 2009; Ren 
and Jin, 2011; Wang et al., 2015). More detailed identifi cation of pathways of this 
coupling, as well as more reliable attribution of the tropical eastward motion 
itself, needs additional experimental and model studies. Note that, as found in 
(Evtushevsky et al., 2019) and illustrated in Fig. 5.9, wave 1 in the central Pacifi c 
teleconnection to the SH stratosphere dominates in September and October, 
and of particular interest is the transition of wave 1 to wave 2 in November.

5.8. Summary

Chapter 5 describes the central tropical Pacifi c teleconnection to the SH 
extratropics. Th e main manifestations of teleconnection in 1979—2014 have 
been compared in three ways: (1) eff ects of the introduced Central Tropical 
Pacifi c (CTP) index (CTPI) versus the conventional indices Niño-4 and Niño-
3, (2) the sub-period P1 (1979—1996) versus sub-period P2 (1997—2014) in 
terms of decadal changes, and (3) the concurrent versus delayed teleconnection, 
which has been poorly studied up to now. Accordingly, the main results can be 
summarized as follows.

1. Th e CTP region demonstrates stronger positive coupling with the western 
SH stratosphere than the standard N4 region does (Figs. 5.1—5.3).

2. Th e CTP region interacts closer with the SH atmosphere in the last 
decades (P2, Figs. 5.4—5.6), and the start of a stronger CTP teleconnection 
occurred in 1996/1997 (Fig. 5.2).

3. Th e patterns of delayed CTP teleconnection demonstrate a certain 
evolution; they can be clearly observable and distinguishable against those in 
the concurrent teleconnection (Figs. 5.4—5.9).
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Regarding result 1, it is clear that the latitudinal extent of the CTP region 
(20N—20S), which is four times that of the N4 region (5N—5S; both 
are in approximately the same longitude range), is especially important for 
teleconnection (Evtushevsky et al., 2015; Evtushevsky et al., 2019).

Th e explanation for result 2 is the decadal shift  of the SST anomalies 
from the eastern Pacifi c to the central Pacifi c, known from many studies and 
attributed to the manifestation of the 1990s climate regime shift  over the Pacifi c 
(Ashok et al., 2007; Hurwitz et al., 2011; Zubiaurre and Calvo, 2012; Feng et 
al., 2017).

Th e results of Chapter 5 show that the tropical eastern Pacifi c region remains 
uncoupled with the SH stratosphere in both P1 and P2 and it is signifi cantly 
coupled only with the NH stratosphere and only in P2 (Table 5.1; Evtushevsky 
et al., 2019). Th e central Pacifi c teleconnection in P2 is much stronger than in 
P1 not only to the SH stratosphere (Sections 5.3, 5.4, and 5.6) but also to the 
NH stratosphere (Section 5.5; Evtushevsky et al., 2019). Th is is evidence that 
the central tropical Pacifi c becomes one of the key regions impacting climate 
and teleconnection on the regional, hemispheric, and global scales (Chen et al., 
2008; Yeo et al., 2012; Jo et al., 2015; Newman et al., 2016).

Th e eastward shift  in the phase of the CTPI-related wave-1-like pattern in 
the SH stratosphere between September and November could be associated 
with the seasonal eastward shift /expansion of the SST/U200 tropical anomalies 
(Figs. 5.5—5.7). It is assumed that the annual eastward tendency in tropical 
anomalies consistent with other studies contributes to the modifi cation of the 
Walker circulation cell and, to a certain degree, infl uences the stationary wave 
forcing and impacts the SH wave 1 phase.

Th e strength of the CTP teleconnection with the polar SH stratosphere has 
recently weakened again (as seen from the abrupt decrease in the correlation 
strength at the last 12-year running window, 2004—2015, in Fig. 5.2). Th e 
recent change may indicate a possible next shift  in the climate regime of the 
Pacifi c. Th is is possible due to the presence of a spectral peak in decadal periods 
in the Pacifi c (Ashok et al., 2007; Sullivan et al., 2016; Lyu et al., 2017; Wang 
et al., 2018), but needs to be clarifi ed on longer time series using both current 
analyses and projections of future climate change.

Th e CTPI-related anomalies in result 3 penetrate from the stratosphere into 
the troposphere in October, four months aft er the appearance of SST anomalies 
in the central tropical Pacifi c (June). Th e delayed anomalies exceed notably 
the concurrent ones in the polar troposphere (60—90S) and remain there in 
November, mainly over the Western Hemisphere (90W—180E; Figs. 5.8h and 
5.9h). Delayed stratospheric anomalies may be favorable for stronger wave-
driven heat transport into the polar vortex region (Ren et al., 2012, 2017), 
and their manifold manifestations deserve a more detailed study. Downward 
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propagation of the stratospheric anomaly into the polar troposphere in October 
was also shown by Lin et al. (2012), Son et al. (2013), and Yu et al. (2015). 
We emphasize that this occurs (i) mainly in P2, (ii) in the Pacifi c sector, and 
(iii) accompanied by the CTPI-related, delayed, and vertically synchronized 
variability of the atmosphere between the surface and middle stratosphere. 
Although most of the CTP teleconnection eff ects are observed in October, the 
replacement of zonal wave 1 with zonal wave 2 in the stratosphere in November 
(Fig. 5.9c, f) seems to be noteworthy.

In October, the abrupt appearance of an intense meridional wave train 
(Fig. 5.6) occurs simultaneously with the stratospheric anomaly descent to the 
troposphere (Figs. 5.8e and 5.9e). Th is can indicate interacting tropospheric 
and stratospheric pathways of teleconnection to strongly enhance the delayed 
CTP impact on the regional climate variability in the SH troposphere since 
the 1990s. Th e results give evidence that the SAM seems to be a connecting 
link between the two pathways in recent decades (Fig. 5.8; Evtushevsky et al., 
2019). Generally, result (3) is evidence that the delayed eff ects can be reliably 
estimated and separated from the concurrent eff ects.
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6.1. Introduction

Signifi cant depletion of stratospheric ozone occurs each austral spring over 
Antarctica. It is known as the ozone hole (Chubachi, 1984; Farman et al., 1985; 
Stolarski et al., 1986, see also Fig. 1.19 for the Vernadsky station). Th e largest 
ozone hole area (OHA) is observed typically in September (Fig. 1.23). Th e ozone 
hole area is defi ned as an area where the total ozone column (TOC) is less than 
220 Dobson Units (DU) as described in Section 1.1. Fig. 6.1 demonstrates that 
the September mean OHA increased rapidly in the 1980s and 1990s and was 
peaked at 27 million km2 in 2000. Th e polynomial fi t of degree 3 (dashed curve 
in Fig. 6.1; coeffi  cients of the polynomial are obtained by the method described 
in (Grytsai et al., 2017)) shows that OHA tends to level off  in the 2000s and then 
to a slight decrease in the 2010s. Th is tendency was also noted from decadal 
changes in other ozone hole characteristics: averaged TOC level, ozone mass 
defi cit, ozone loss rate, and stratospheric temperature (Huck et al., 2005; Randel 
et al., 2009; Salby et al., 2011; Dameris et al., 2014, see Fig. 3.5 as well).

Th e decadal TOC tendency is mainly due to change in the ozone-depleting 
substances controlled by the 1987 Montreal Protocol: atmospheric equivalent 
chlorine peaked in 1993 and has been declining slowly since then (Salby et 
al., 2011; Chipperfi eld et al., 2017; Keeble et al., 2020). Considering the slow 
decadal change of ozone-depleting substances, interannual changes in the 
size and depth of the Antarctic ozone hole have been mainly determined by 
variations in temperature and dynamical processes (Allen et al., 2003; Huck 
et al., 2005; Salby et al., 2012; Dameris et al., 2014). As could be noted from 
Fig. 6.1, interannual OHA variations increased noticeably in transition from the 
1990s to the 2000s (solid curve).

Dynamical forcing of the stratosphere from planetary waves (PW) is a 
dominant factor of year-to-year variability in the Antarctic ozone (Shindell et 
al., 1997; Randel et al., 2002; Salby and Callaghan, 2004; Weber et al., 2011). 
Th e Southern Hemisphere (SH) polar stratosphere can be disturbed by PW 
generated in the tropics, as well as in the middle and polar latitudes (Kodera 
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and Yamazaki, 1989; Nishii and Nakamura, 2004; Huck et al., 2005; Peters et al., 
2007; Grassi et al., 2008; Agosta and Canziani, 2011).

Th e enhanced PW activity in 1988, 2002, and 2019 resulted in anomalously 
small OHA (Fig. 6.1) and low ozone losses. Vice versa, the increased OHA in 
2000, 2003, 2006, 2011, 2015, and 2018 (Fig. 6.1) appeared in conditions of 
weakened planetary waves. Close OHA–PW relation will be demonstrated in 
Section 6.4. Anomalous events during the ozone hole season were considered in 
many studies (Kanzawa and Kawaguchi, 1990; Varotsos, 2002; Allen et al., 2003; 
Tully et al., 2008, Grytsai et al., 2008; Klekociuk et al., 2011; de Laat and van 
Weele, 2011). Understanding the ways in which the planetary waves govern the 
Antarctic ozone variability is important for better prediction of future dynamics 
of the ozone hole in a changing climate (Dameris et al., 2014). In this regard, the 
processes related to the timing of enhanced wave activity are important.

Firstly, the PW activity during the winter warms and weakens the polar 
vortex, which limits the extent of halogen activation by Polar Stratospheric 
Clouds (PSC). Th is preconditioning eff ect lessens the overall severity of spring 
ozone loss, as demonstrated in observational and model studies (Shindell et al., 
1997; Allen et al., 2003; Huck et al., 2005; Weber et al., 2011).

Secondly, the timing of the polar vortex breakdown has an important 
infl uence on the overall magnitude of ozone loss (Zhang et al., 2017). Th e vortex 
breakdown, which may proceed rapidly through stratospheric warming episodes, 
is driven by planetary waves. As observed in 2002, both winter preconditioning 
and unprecedented sudden stratospheric warming in spring resulted in the 
early polar vortex breakup and an anomalously small ozone hole for that year 
(Varotsos, 2002; Allen et al., 2003; Konopka et al., 2005; Grassi et al., 2008).

Fig. 6.1. Monthly mean ozone hole area in September (a) and October (b) 1979—2019 
from the NASA Ozone Watch data (http://ozonewatch.gsfc.nasa.gov/). Dashed curves 
show the polynomial fit of degree 3 and dotted vertical lines separate four decades: 1980s, 
1990s, 2000s, and 2010s. Modified from (Milinevsky et al., 2020)
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Preconditioning wave activity can infl uence the stratosphere temperature 
not only due to the upward and poleward fl ux of wave energy from the 
troposphere but also by ozone transport. Strong winter PW forcing leads to 
larger transport of ozone in the stratospheric mean meridional circulation, 
known as the Brewer-Dobson circulation (BDC), which results in enriched 
ozone and higher temperature in the extratropical stratosphere (Randel et al., 
2002; Salby and Callaghan, 2004; Hood and Soukharev, 2005; Weber et al., 
2011). Some manifestations of the BDC in the asymmetry of total ozone in both 
hemispheres have been described in Chapters 2 and 3. Generally, the co-action 
of dynamics, transport, and chemistry plays an important role in the seasonal 
persistency of total ozone anomalies (Fioletov and Shepherd, 2003; Kawa et al., 
2005; Weber et al., 2011), and this may ease seasonal predictability of ozone. 
We draw attention here to the dynamical factor of seasonal ozone predictability 
through planetary wave activity.

It is known that the quasi-stationary planetary wave (QSW) of zonal wave 
number 1 (QSW1) dominates the SH stratosphere (see Chapter 3, Fig. 3.12) 
and, particularly, ozone distribution (Randel, 1988; Wirth, 1993; Grytsai et 
al., 2007; Gabriel et al., 2011; Hassler et al., 2011a; Ialongo et al., 2012). Th e 
main QSW1 eff ect is a steady displacement of the stratospheric polar vortex 
and ozone hole relative to the pole (Waugh and Randel, 1999; Grytsai et al., 
2007; Hassler et al., 2011a). Th is was illustrated above in Figs. 1.18, 1.20, 1.21, 
3.1a, 3.2, and 3.15b using the satellite TOC fi elds. Th e QSW1-related vortex 
displacement results in a zonal asymmetry of both the stratospheric ozone and 
temperature fi elds (Wirth, 1993; Salby and Callaghan, 2004; Grytsai et al., 2007; 
Canziani et al., 2008). Zonal asymmetry in ozone can, in turn, infl uence the 
planetary wave propagation and zonal mean circulation in the polar stratosphere 
and troposphere (Crook et al., 2008; McCormack et al., 2011; Albers and 
Nathan, 2012). 

Many indicators are used to forecast the seasonal evolution of the ozone 
hole, and the main of them is a wave forcing from the troposphere (Shindell et al., 
1997; Salby et al., 2012). Th e results of (Shindell et al., 1997) have demonstrated 
that mid-winter tropospheric wave energy may be the best predictor of the ozone 
hole severity in the following spring. By Salby et al. (2012), if the planetary wave 
structure at tropospheric levels and upward wave fl ux into the stratosphere 
are known during late winter, then the observed dependence determines the 
subsequent depletion of ozone during spring.

More attention to the timing of the winter PW intensifi cation and its 
possible signifi cance for the spring ozone hole was given by Kravchenko et al. 
(2012). Authors argue that the ozone hole in the spring months (September-
November) is especially sensitive to dynamical activity in the late-winter 
month (August). As an indicator of dynamical activity, the QSW amplitude 
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in the zonal distribution of stratospheric temperature was used. As shown 
earlier by Grytsai et al. (2008), a large increase of the QSW amplitude in August 
preceded anomalously diminished ozone holes in 1988 and 2002, whereas no 
preconditioning eff ects were observed from the QSW variability in July (mid-
winter). Th is indicates that the QSW activity in August may play a specifi c role 
in the infl uence on both the early stage and further evolution of the ozone hole 
in spring. 

Th e lagged correlation analysis has shown the statistically signifi cant 
preconditioning eff ect for the spring ozone hole (with a correlation coeffi  cient 
up to r  0.8) caused by the August QSW variations (Kravchenko et al., 2012). 
Th e QSW amplitude at stratospheric temperature may serve as one of the key 
predictors of ozone loss in the spring Antarctic stratosphere. Based mainly on 
this indicator, fairly reliable forecasts of an anomalously weak ozone hole in 
2017 and 2019 were made (Evtushevsky et al., 2019; Milinevsky et al., 2020). 
Th e method used for analysis and the results of its application are described 
below.

6.2. Data and method

Based on (Grytsai et al., 2008; Kravchenko et al., 2012), zonal distributions of the 
monthly mean temperature in the Antarctic stratosphere in August have been 
considered. Th e data of the National Centers for Environmental Prediction — 
National Center for Atmospheric Research (NCEP—NCAR) Reanalysis 
(NNR) (Kalnay et al., 1996; http://www.esrl.noaa.gov/psd/data/reanalysis) 
were used. Th e QSW amplitude, AQSW, is defi ned as half the diff erence between 
the maximum and minimum temperature along an individual latitude circle 
(arrows in Fig. 6.2 for 2002). 

Th e dominant QSW1 contribution is clearly seen from the single zonal 
maximum and minimum in Fig. 6.2. Th e curves display the extreme conditions 
in the winter SH stratosphere of the last decades: weak (1988, 2002, 2017, and 
2019) and strong (2000 and 2006) stratospheric polar vortices with small and 
large OHA, respectively (Fig. 6.1 and Fig. 3.2 as well). Th ese events represent 
a range of dynamical variability in wave–ozone coupling in the Antarctic 
stratosphere (Weber et al., 2011; their Fig. 4). Fig. 6.2 shows that the AQSW 
variability is mainly provided by more signifi cant temperature changes at the 
zonal maximum than at the zonal minimum.

Th e AQSW time series for seven latitude circles with 5-degree steps between 
50°S and 80°S and at fi ve pressure levels 150, 100, 50, 30, and 10 hPa (13—32 km) 
have been created. Fig. 6.3a shows time series for 60°S, 50 hPa, and Fig. 6.3b 
gives latitudinal profi les of AQSW for anomalous years against the 1979—2019 
climatology. Fig. 6.3 demonstrates signifi cant excess of the QSW amplitudes in 
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four anomalous years over the typical level of interannual variability. Th e largest 
QSW amplitude in August (Figs. 6.2 and 6.3) corresponds to the lowest ozone 
hole area in September (Fig. 6.1).

To establish statistically signifi cant relationships with AQSW, the ozone hole 
was characterized by monthly mean parameters of three types:

(1) OHA: the overall size of the ozone hole characterized by the monthly 
mean ozone hole area for September, October, and November using data of 
(NOAA, 2009, Fig. 8; https://origin.cpc.ncep.noaa.gov/products/stratosphere/
winter_bulletins/sh_08/) for 1985—2008 and data from https://origin.cpc.ncep.
noaa.gov/products/stratosphere/polar/polar.shtml for 2009 and 2010.

Fig. 6.2. Zonal temperature dist ri-
bution along the 60°S latitude circle 
at 50 hPa in August for strong (2000 
and 2006) and weak (1988, 2002, 
2017, and 2019) polar vortices, the 
corresponding ozone distributions 
were displayed in Fig. 3.2. The QSW 
amplitude, AQSW, in 2002 is shown 
with arrows

Fig. 6.3. Time series 1979—2019 of the QSW amplitude in temperature at 50 hPa, 60°S 
in August (a) and latitudinal profiles (50—80°S) (b) of the QSW amplitude at 50 hPa 
(21 km) in August; the anomalous years 1988, 2002, 2017, and 2019 versus the 1979—
2019 climatology (gray curve with the standard deviation shown by vertical bars). 
Modified from (Milinevsky et al., 2020)
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(2) TOCzm: the zonal mean total ozone column at the latitudes 60°S, 70°S, 
and 80°S used to represent TOC variations at the edge of and inside the ozone 
hole. Th ese values were collected from gridded satellite data obtained by 
Nimbus-7 Total Ozone Mapping Spectrometer (TOMS, 1979—1992; McPeters 
et al., 1996), Earth Probe TOMS (1996—2005; McPeters et al., 1998), and Aura 
Ozone Monitoring Instrument (2006—2010; Dobber et al., 2008) at https://
ozoneaq.gsfc.nasa.gov/. Note that there is a data gap in TOCzm at 80°S in 
September, when, on average, 18 days of measurements are available. Multi-
Sensor Reanalysis (MSR) data based on the TM3DAM assimilation scheme 
(van der A et al., 2010) were used for the 1993–1995 period (http://www.temis.
nl/protocols/O3global.html).

(3) TOCSP: the Amundsen-Scott total ozone column derived from ground-
based measurements at the South Pole (ft p://aft p.cmdl.noaa.gov/data/ozwv/
Dobson/) and used as an independent time series showing the TOC variability in 
the vortex core. Ozone measurements here do not provide complete datasets of 
TOCSP for October and November. Th e number of days when the measurements 
were made was on average 14 and 25 in October and November, respectively, 
during 1985—2008. In September, ozone spectrophotometer observations are 
impossible at the South Pole due to polar night, and we fi lled the data gap for 
this month using stratospheric temperature data as a proxy. It is known that the 
lower stratosphere temperatures are highly correlated with total ozone (Wirth, 
1993; Randel and Cobb, 1994; Solomon et al., 2005), and the temperature time 
series can therefore be used to infer the interannual TOC variability. Th e time 
series of the stratospheric temperature over the South Pole for September, TSP, 
was created by averaging the NCEP—NCAR reanalysis temperatures at 90°S 
over the seven standard pressure levels 150, 100, 70, 50, 30, 20, and 10 hPa (13—
32 km). Th us, this data set characterizes interannual temperature variability 
over the South Pole in the partial column of the atmosphere between the lower 
and middle stratosphere, in the layer containing the maximum ozone amount 
(e.g., Solomon et al., 2005).

Similarly, because the TOC observations did not provide complete time 
series in late winter at the latitudes 60—90°S, the vertically averaged temperatures 
were used to create time series of the zonal mean temperatures, Tzm, for August. 
Th is enabled us to indirectly estimate a preconditioned state of the coupling 
between AQSW and ozone in the Antarctic stratosphere. 

Th e linear (Pearson) correlation coeffi  cient, r, between the AQSW time series 
and ozone hole parameters (OHA, TOCzm, Tzm, TOCSP, and TSP) was calculated. 
Linear (non-linear with polynomial 3 fi tting) trends were subtracted from the 
AQSW, Tzm, and TSP (OHA, TOCzm, and TOCSP) time series. Nonlinearity in the 
long-term changes of the Antarctic total ozone in spring, as noted in Section 
1.1, is due to the transition from relatively monotonic TOC decrease during the 
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1980s — the fi rst half of the 1990s to the leveling off  aft er the mid-1990s and 
some increase in the 2010s; corresponding (but oppositely directed) changes in 
the ozone hole area (dashed curve in Fig. 6.1) and ozone mass defi cit occurred 
(Newman et al., 2004; Huck et al., 2005; Salby et al., 2011; Dhomse et al., 2019).

We use the linear correlation method in our analysis considering previous 
studies of the relationships between planetary wave activity and polar total 
ozone (e.g., Salby and Callaghan, 2004; Huck et al., 2005; Weber et al., 2011). 
Weber et al. (2011) investigated the BDC impact on ozone build-up in the Arctic 
and Antarctic regions and showed that there is a compact linear relationship 
between the winter eddy heat fl ux (a measure of the vertical propagation of 
planetary waves from the troposphere used to describe variations in the BDC 
driving) and the spring-to-fall ozone ratio (their Fig. 4). Th is result demonstrates 
a broad range of dynamical disturbances in winter, which are linearly coupled 
with the polar TOC changes in spring: from low wave activity and large Antarctic 
ozone hole in 2006 to high wave activity and diminished ozone hole in 2002 and 
further increase of the TOC levels between the cold and warm Arctic winters 
because of generally higher wave activity in the NH compared to the SH.

Th e correlation signifi cance was estimated with a Student’s t-test and 
without accounting for the lag-1 autocorrelation of the correlated time series, 
as is usually done in climate-related studies (e.g., Ciasto and Th ompson, 2008). 
Th e ozone anomalies established by the BDC in the spring are insignifi cantly 
correlated with the anomalies in the following spring in both hemispheres 
(Fioletov and Shepherd, 2003). Besides, autocorrelation in the AQSW time series 
is too low (r < 0.1 in most cases under consideration) to account for eff ective 
sample size reduction in signifi cance testing. Th en, the time series length of 
26 years (1985—2010) means that the values |r| = 0.47 (0.33) are statistically 
signifi cant at the 1% (5%) level (or, with the 99% (95%) confi dence interval). 
Note that the main results for the 26-year period (Kravchenko et al., 2012) are 
confi rmed using the 37-year time series of 1979—2015 (see Section 6.3).

Table 6.1. Correlation coefficients (r) of the QSW amplitude at 65°S (10 hPa and 
100 hPa) in July and August with the monthly mean ozone hole area in September, 
October, and November (1985—2010). The r-values that are significant at the 1% 
level (5% level) are in bold (in italics). From (Kravchenko et al., 2012)

QSW 
amplitude: 

month, 
pressure 

Ozone hole area: month
QSW 

amplitude:
month, pressure

Ozone hole area: month

Septem-
ber

Octo-
ber

Novem-
ber

Septem-
ber

Octo-
ber

Novem-
ber

July, 10 hPa –0.28 –0.43 –0.35 August, 10 hPa –0.51 –0.76 –0.61

July, 100 hPa –0.07 –0.15 –0.26 August, 100 hPa –0.59 –0.65 –0.32
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Basing on the QSW climatology at 100 hPa, Grytsai et al. (2008) noted that the 
QSW amplitudes in July and August have a similar meridional distribution between 
50°S and 80°S (their Fig. 5). Nevertheless, the strong QSW activity in August 
provided the only preconditioning eff ect for the occurrences of small ozone holes 
in 1988 and 2002 (see the area variations in Fig. 6.1). Th e preconditioning potential 
of AQSW in July and August could be compared statistically using time series 1985—
2010 for 65°S, 10 hPa, and 100 hPa. An obvious diff erence in the delayed OHA 
responses to the QSW amplitudes in July and August is seen in Table 6.1. 

In contrast to July, variations of the QSW amplitude in August and OHA in 
the spring months are closely coupled (r < –0.5 in fi ve cases, all signifi cant at the 
1% level; in bold). At 100 hPa (10 hPa), the correlation reaches a negative value 
of r = –0.65 (r = –0.76) for the correlated pair AQSW (August) vs OHA (October). 
For July, a single value of r = –0.43 for the pair ‘AQSW (July, 10 hPa) vs OHA 
(October)’ is statistically signifi cant at the 5% level (in italics).

Th e comparison shows that stratospheric disturbances associated with the 
QSW anomalies in August result in a noticeably stronger response in the spring 
ozone hole than those in July and, therefore, they deserve careful analysis. 
First, consider the climatological characteristics of the QSW amplitude in the 
Antarctic stratosphere temperature in August.

6.3. Climatologies

Th e latitude-altitude cross-sections (50—80S, 150—10 hPa) of the climato lo gi-
cal QSW amplitude, AQSW, and zonal wind U for August are shown in Fig. 6.4a, 
b, respectively. Th e amplitude maximizes nearly 60S (vertical line in Fig. 6.4), 
increases vertically, and decreases poleward and equatorward of 60S. As seen 
from Fig. 6.4a, peak AQSW values are: maximum at 8.1 K (60S, 10 hPa) and 
minimum at 1.6 K (80S, 50—100 hPa).

Th e maximum AQSW at the upper altitude (32 km, Fig. 6.4a) appears due to 
the general amplifi cation of large-scale planetary waves between the lower and 
middle stratosphere (Matsuno, 1970; Randel, 1988). Th e peak values near 60°S 
correspond to the mean climatological latitudes of the polar night jet, which 
encircles the polar vortex area in the winter Antarctic stratosphere (Waugh 
and Randel, 1999; Karpetchko et al., 2005; Hardiman et al., 2010). Th e location 
of the polar night jet axis is demonstrated in Fig. 6.4b using the zonal wind 
climatology created from the NCEP—NCAR reanalysis data. At 10 hPa, the jet 
axis approaches 60°S (dashed curve in Fig. 6.4b).

Around the night jet axis, or, at the edge region of the polar vortex, there is 
a strong temperature gradient in the meridional direction. As planetary waves 
disturb the shape and position of the vortex edge, meridional displacements of 
the temperature gradient result in the temperature redistribution in the zonal 
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direction. Th is is refl ected in the stratospheric temperature deviations along the 
latitude circles of the polar zone (Fig. 6.2). Th e temperature deviations maximize 
around the mean position (60°S) of the deformed and displaced vortex edge, 
which is confi rmed by the AQSW maximum latitudinal position in Fig. 6.4a.

Th e AQSW climatology (Fig. 6.4a) is similar to the zonal wind U climatology 
(Fig. 6.4b) not only in the peak location (60S, 10 hPa) but also in the general 
distribution in the latitude-altitude cross-section. Th e zonal wind maximum, 
Umax, deviates slightly toward the pole with altitude (dashed curve in Fig. 6.4b), 
and this feature is less evident in Fig. 6.4a because of lower latitudinal resolution 
(2.5 and 5, respectively) as provided by the NCEP—NCAR reanalysis (Kalnay et 
al., 1996) and analysis method (Section 6.2), respectively. Th e contours in Fig. 6.4 
are fl atter to the north and rise steeply to the south in both cases. Th is important 
tendency, which forms a diagonal structure in the shape of the contours poleward 
the maximum (60S), is typical for the stratospheric polar vortex structure in 
the meridional plane (e.g., Hardiman et al., 2010). We note this feature as such 
climatological patterns (Fig. 6.4) are reproduced in the correlation distributions 
presented below. On the other hand, the anomalous events, which represent 
the range of dynamical variability in the Antarctic stratosphere against the 
background of climatology (small AQSW/large OHA in 2000 and 2006 to large 
AQSW/small OHA in 2002 and 2019; Figs. 6.1—6.3), serve as reference points in 
explaining the stratospheric processes underlying the preconditioning eff ect.

Fig. 6.4. Climatologies for August: a — 
QSW amplitudes, AQSW, stratospheric 
temperature (1985—2010) and b — zonal 
mean zonal wind U, m s–1 (1979—2011), 
between the latitudes 50°S and 80°S at 
the pressure levels 150—10 hPa (13—
32  km). Modified from (Kravchenko et 
al., 2012)
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6.4. Correlative relationships

Fig. 6.5 shows the seasonal tendency in the spring ozone hole response to the 
late-winter QSW anomalies. Generally, the representation of the correlative 
relationships in Fig. 6.5 is four-dimensional. Two axes on each plot represent 
the latitude-altitude ranges (50—80S, 150—10 hPa) of the preconditioned 
AQSW anomalies in August, used as an independent variable. Th e correlation 
peak coordinates on the individual plot (red and dark-red in Fig. 6.5; correlation 
peaks are indicated with the two decimal places) show where variations in AQSW 
have the greatest impact on the analyzed variables.

Th e horizontal and vertical arrangement of the plots (panels and columns) 
displays the two other dimensions in the correlation dependence.

Th e vertical sequence of panels (AUG, SEP, OCT, and NOV) demonstrates 
the seasonal changes (during August, September, October, and November, 
respectively) in the response of the ozone hole parameters to AQSW in August. 
Note that panel AUG shows concurrent coupling AQSW—Tzm/TSP under pre con-
di tioned (late-winter) state of the Antarctic stratosphere in August. Th e panels 
SEP–NOV display the delayed response of the ozone hole parameters with a 
time lag of 1—3 months.

Th e columns (a), (b), (c), and (d) show the poleward change in the TOC/
temperature response over the latitude sequence 60, 70, 80, and 90S, res pec-
tively. Column (e) shows the correlation AQSW—OHA. To simplify the com-
parison of the correlation distributions, negative correlations for OHA (Fig. 6.5e) 
are shown in the same color scale as positive correlations on the rest of the plots.

In sum, Fig. 6.5 shows the latitude-altitude cross-sections of the impact 
of the August AQSW on the lagged changes in polar ozone and temperature 
depending on the month (August to November) and latitude (60 to 90S).

Fig. 6.5 shows that the contours of r = 0.5—0.8 (for simplicity, we give the 
modulus of the correlation coeffi  cients hereaft er) cover most of the individual 
plots except for the only case of TOCzm(60S) on panel NOV in Fig. 6.5a. 
Th is is evidence that the high sensitivity of the ozone hole parameters to 
the late-winter QSW variability persists over four months, from August to 
November.

Th e overall positive (negative) coupling in Fig. 6.5a—d (6.5e) means that 
the stronger AQSW anomalies in August cause the warmer Antarctic stratosphere 
and the higher TOC levels (lower ozone hole area) during August–November 
(September-November). Remind that the QSW1 prevails in the temperature 
fi eld disturbances and their zonal asymmetry was estimated by AQSW (Sections 
6.1—6.2). Th is suggests that variability in the late-winter zonal asymmetry of the 
Antarctic polar vortex relative to the pole contributes largely to the correlation 
distribution in Fig. 6.5.
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6.5. Seasonal changes in the lagged correlation distribution

One of the noticeable features of the correlation distribution is a diagonal 
pattern: the contours are inclined toward the pole with altitude. A similar 
pattern was noted from the August climatologies for AQSW and zonal wind U in 
Section 6.3 (Fig. 6.4). However, unlike the monotonic latitude-altitude change 
in the climatological distributions, the lagged correlation patterns demonstrate 
a more complex behavior. Seasonal modifi cation of the correlation patterns 
in response to the AQSW preconditioning (Fig. 6.5) and its possible causes are 
discussed below.

6.5. Seasonal changes 
in the lagged correlation distribution
6.5.1. Ozone hole season

As noted in Section 6.1, the dependence of spring ozone on the wintertime 
planetary wave activity is generally explained by the cumulative eff ect of the 
BDC and anomalous warming of the polar vortex due to anomalous tropo-
spheric wave activity (Shindell et al., 1997; Salby and Callaghan, 2004; Newman 
and Nash, 2005; Weber et al., 2011). Th e PW activity driving BDC is usually 
described by the vertical component of the Eliassen-Palm (EP) fl ux (Salby, 
1996), which is proportional to the eddy heat fl ux and is a measure of the 
vertical PW propagation from the troposphere (when averaged over mid-
latitudes or on the hemispheric scale). Th e EP fl ux into the upper stratosphere 
and mesosphere transmits the momentum that drives a residual poleward 
circulation. Th e accompanying adiabatic warming in the downwelling air 
causes polar temperatures to be warmer than under conditions of radiative 
equilibrium.

Th e seasonal climatology of the QSW amplitude in the SH stratosphere 
diff ers from that of the EP fl ux from the troposphere. Th e EP fl ux into the SH 
lower stratosphere increases almost monotonically during winter and spring 
and reaches a maximum level in October (e.g., Randel et al., 2002). Unlike that, 
the seasonal tendency for the QSW amplitude is not monotonic and has the fi rst 
(weak) maximum in June and the second one (strong) in October (Randel, 1988; 
Hardiman et al., 2010) with evident asymmetry in Antarctic ozone (Fig. 3.1). 
Th e QSW activity in the SH stratosphere is suppressed in the midwinter (July) 
during the period of strongest zonal winds (70—80 m · s–1 at 10 hPa; Hardiman 
et al., 2010) by the Charney–Drazin criterion (Charney and Drazin, 1961). 
Th us, climatologically, the QSW amplitude increases usually from August to 
October and it remains at a high level in November (Randel, 1988; Hardiman 
et al., 2010). Consistent with this climatology, the poleward fl uxes of heat and 
momentum in the SH stratosphere from the prevailing QSW1 component 
are weak in the midwinter (July) and dominate the seasonal maxima during 
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September-November (Randel, 1988). Note that in the Arctic stratosphere, 
where the weaker zonal winds are more favorable for vertical wave propagation, 
a midwinter (January) maximum in the QSW amplitude exists (Hardiman et 
al., 2010).

Based on the correlations shown in Fig. 6.5, our hypothesis is that variability 
in the late winter QSW amplitude can infl uence to some degree the seasonal 
PW amplifi cation and, thus, the seasonal evolution of the ozone hole. In the 
late winter (August), at the beginning of rapid ozone losses (Lee et al., 2001; 
Solomon et al., 2005; Hassler et al., 2011b), the QSW amplitude is suffi  ciently 
large at the middle stratosphere altitudes (Fig. 6.4a). Variability in the easterly 
momentum deposition by the QSW could infl uence the zonal wind fi eld setting 
up conditions that ultimately aff ect the propagation of wave energy in the 
spring (e.g., Shindell et al., 1997). For example, enlarged momentum deposition 
in August weakens the strong polar night jet, and the PW are more able to 
penetrate into the stratosphere by the Charney-Drazin criterion (Charney and 
Drazin, 1961). Weaker winds suggest also a more poleward heat transport. Th is 
preconditioning related mainly to the QSW1 could contribute to the seasonal 
increase of the total PW activity including the higher quasi-stationary wave 
numbers (QSW2 and QSW3) and traveling planetary waves. In such a way, the 
preconditioned AQSW variability in August plays, to some extent, a preparatory 
role in further vortex evolution and could be traced in the ozone hole response 
up to November (Fig. 6.5). Because of the PW activity minimum in July, this 
month is not associated with a similar preconditioning role as noted in Section 
6.2 (Table 6.1) and earlier works (Grytsai et al., 2008; Kravchenko et al., 2012). 
Th erefore, the timing of the winter-spring extremes in the SH QSW activity 
plays an important role in the ozone hole evolution. Statistical relationships 
in Fig. 6.5 highlight the climatological signifi cance of the late-winter QSW 
component of planetary waves in August for the ozone hole preconditioning. 

Th e seasonal cycle of total ozone in the extratropics is closely related to 
the enhanced meridional ozone transport from the tropical stratosphere in 
winter-spring due to the BDC with corresponding ozone maximum in spring 
in both hemispheres (Salby, 1996; Fioletov and Shepherd, 2003); annual cycle 
in the northern mid-latitudes is presented in Chapter 2. In the analysis of the 
Antarctic ozone preconditioning, the specifi c shape of the winter-spring half 
of the annual ozone cycle in this region should be taken into account. Th e 
natural ozone cycle has been modifi ed at high SH latitudes due to ozone hole 
development since the 1980s (Fig. 6.1; Farman et al., 1985; Solomon, 1999), 
which is shown in Fig. 1.19. Observations at Antarctic stations show that the 
spring ozone maximum no longer appears because of ozone depletion (Solomon 
et al., 2005). Th e stratospheric ozone loss starts as early as July, and the TOC 
levels decrease rapidly in August-September, reach a minimum in October, 
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and increase in November-December (Randel and Wu, 1999; Lee et al., 2001; 
Solomon et al., 2005; Shanklin et al., 2009a, 2009b; Hassler et al., 2011b). Since 
the 1990s, this has formed the ozone hole season, which can last about half a 
year (July-December).

Th e diff erence between the natural and modifi ed annual ozone cycles in the 
pre-ozone hole years and ozone hole years, respectively, increases markedly in 
August and September (Salby, 1996; Randel and Wu, 1999; Solomon et al., 2005). 
Th is agrees with typical changes in the ozone loss rate. Satellite measurements in 
2002–2008 showed that the ozone loss rates inside the Antarctic polar vortex at 
the isentropic level 475 K (about 20 km) are larger in August and September than 
in October when the chemical ozone loss usually stops (Sonkaew et al., 2013).

For the SH polar region, relative percent diff erences between monthly 
mean TOC in 1999—2008 and 1979—1983 have been calculated as TOC = 
(TOC1999—2008 — TOC1979—1983) 100%/TOC1979—1983. Th e MSR zonal mean data 
(Section 6.2) on the area weighted between 70°S and 90°S were used. Th e fi rst 
5-year period 1979—1983 includes the earliest years of the ozone hole, when the 
220-DU values are sometimes only found deep in the vortex core (e.g., Newman 
et al., 2004; see also the minimum OHA values in this period in Fig. 6.1). Th e 
second 10-year period 1999—2008 covers the decade of the largest ozone hole 
area (Fig. 6.1). Fig. 6.6 shows that, indeed, the diff erence in the annual ozone 
cycles grows rapidly in August and reaches the largest negative value of 30% in 
September.

Th e diff erence change in Fig. 6.6 suggests that dynamical impacts in August 
can produce especially strong eff ects on both the ozone loss and general severity 
of the ozone hole. Firstly, this assumption is consistent with the estimation 
in (Grytsai et al., 2008): the AQSW variability in July exhibits a much weaker 
preconditioning eff ect than that in August (see also Table 6.1). Secondly, 
this assumption is supported by the results in Fig. 6.5, where responses in 
stratospheric temperatures and total ozone to the QSW impact in August are 
observed until November (correlation maximum near 10 hPa on panel NOV).

Fig. 6.6. The relative percent difference 
between monthly mean total ozone 
amounts in the periods 1999—2008 and 
1979—1983 averaged over the Southern 
polar region (70—90°S). The zonal 
mean MSR data are used. Modified from 
(Kravchenko et al., 2012)
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Th e most rapid ozone losses occur in the lower stratosphere and are limited 
by August and September (Fig. 6.6). Simultaneously, the seasonal amplifi cation 
of the QSW activity occurs from August, as noted above. Th e correlation 
maxima in August and September at 50—150 hPa (Fig. 6.5b—e, panels AUG 
and SEP) indicate close coupling between the AQSW in the lower stratosphere 
and columnar ozone/temperature inside the ozone hole.

Hence, analysis of the QSW preconditioning in August (Fig. 6.5) reveals new 
information on spatial patterns of the wave–ozone interaction and its delayed 
impact in addition to well-known eff ects of winter wave disturbances in the 
spring Antarctic ozone (Shindell et al., 1997; Salby and Callaghan, 2004; Grassi 
et al., 2008; Weber et al., 2011). Th e late-winter modifi cation of the tendency in 
the spring ozone hole evolution seems to be associated with the combination 
of the climatological seasonal growth of (i) the QSW activity (Randel, 1988; 
Hardiman et al., 2010) and (ii) the stratospheric ozone loss (Fig. 6.6). In August, 
dynamics and chemistry of the polar SH stratosphere are in especially strong 
coupling, having an irreversible impact on the spring total ozone.

6.5.2. The QSW preconditioning 
in the lower and middle stratosphere

In the vertical, the two correlation maxima are noted in Fig. 6.5. In the lower 
stratosphere (150—50 hPa, or 13—21 km), correlation maximum rmax = 0.8 
appears in August (Fig. 6.5b, AUG), remains at the high level rmax = 0.7—0.8 
in September (Fig. 6.5b—d, SEP), and completely disappears in October and 
November (panels OCT and NOV). Correlation maximum in the middle 
stratosphere (near 10 hPa, or 32 km) exists from AUG to NOV (rmax = 0.83 in 
Fig 6.5b, SEP). A clear vertical separation of the two maxima is evidence of the 
two diff erent sources of the preconditioning eff ect of the QSW in the lower and 
middle stratosphere.

As the correlation maximum for the lower-stratospheric amplitudes 
AQSW tends to locate around 70S (Fig. 6.5b—e, AUG and SEP), they cannot 
be attributed to the late-winter QSW climatology, which shows the AQSW 
maximum at 60S, 10 hPa (Fig. 6.4a). Nevertheless, even the climatologically 
low amplitudes AQSW in the lower stratosphere (Fig. 6.4a) are associated with 
strong response in the analyzed variables in August and September (Fig. 6.5, 
panels AUG and SEP). A possible explanation could be given considering the 
two important tendencies in the lower Antarctic stratosphere in transition from 
winter to spring.

First, the largest ozone losses in the Antarctic lower stratosphere occur at the 
altitudes of about 15—20 km, where most of the ozone column normally resides 
and where PSCs provide reactive chlorine species for catalytic destruction 
of ozone (Salby, 1996; Randel and Wu, 1999; Lee et al., 2001; Solomon et al., 
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2005). Second, the rapid ozone losses occur in August and September (Fig. 6.6). 
Th en, the appearance of correlation maxima at pressure levels of 150—50 hPa 
(13—21 km) in August and September (Fig. 6.5, panels AUG and SEP) indicates 
the sensitivity of ozone losses to the QSW variability just in this altitude range 
(almost coinciding with the altitudes of the largest ozone losses 15—20 km).

Note that the lower-stratospheric correlation maximum in TOCzm at 60S 
is absent (Fig. 6.5a, panels AUG and SEP). Th e latitude circle 60S is usually 
outside the ozone hole (see, e.g., mean longitudinal dependences in Fig. 3.3c). 
For a maximum OHA = 25106 km2, the boundary latitude in the case of a 
zonally symmetric ozone hole is 64.4S (e.g., Newman et al., 2004). As shown 
by Lee et al. (2001), the zone 60—65S is the region of weak meridional mixing, 
which acts as a barrier at the vortex edge preventing mixing between ozone 
inside and outside the vortex. Hence, the AQSW variations at 60S in the lower 
stratosphere (150—50 hPa) are substantially uncoupled with the ozone loss to 
be a contributing factor to the TOC/T variability, as distinct from the higher 
latitudes (Fig. 6.5b—e, panels AUG and SEP).

In August, a relatively strong correlation maximum in the lowermost 
stratosphere (100—150 hPa) near the South Pole with rmax = 0.6—0.7 is 
observed (panel AUG; Tzm at 80°S in Fig. 6.5c and TSP at 90°S in Fig. 6.5d). It is 
diffi  cult to interpret its appearance in terms of chemical ozone losses as they 
are negligible in the vortex core in August (Solomon et al., 2005; Roscoe et al., 
2012). Th e observed QSW eff ect is possible to be associated with another source 
of variability associated with the radiative infl uence of Antarctica (Salby and 
Callaghan, 2004, and references therein). Th e radiative impact of the Antarctic 
continent leads to anomalous cooling of the lower stratosphere.

As seen from panel AUG in Fig. 6.5, the correlation maximum at the 
lowest altitudes appears at the latitude 70°S (Fig. 6.5c, d), which may equally be 
considered as located near both the ozone hole edge and the continent boundary. 
It may be assumed that the QSW variability around the continent boundary 
could inhibit the thermal infl uence of the cold continental troposphere on 
the lowermost stratosphere: the larger AQSW above the tropopause, the higher 
Tzm and TSP near the South Pole. Th is assumption needs verifi cation in further 
experimental and model studies.

In October and November, when ozone amount is extremely low in the 
lower polar stratosphere, mid-stratospheric ozone dominates the vertical 
ozone profi le, as well as the TOC variability (Randel and Wu, 1999; Solomon 
et al., 2005; Tully et al., 2008; Sato et al., 2009). Note that the climatological 
AQSW maximize in the middle stratosphere as well (Fig. 6.4a). Th en, prevailing 
mid-stratospheric correlation maxima in October and November (near 10 hPa; 
panels OCT and NOV in Fig. 6.5) could display the prolonged impact of the 
August AQSW variations at these altitudes on the ozone hole parameters in spring.
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In general, the SH wintertime wave activity is known to be positively 
correlated with the spring polar ozone (Shindell et al., 1997; Salby and Callaghan, 
2004; Weber et al., 2011). Th e results presented in Fig. 6.5 accentuate the eff ects 
of the late-winter QSW component of planetary waves in this correlation. Th ey 
indicate that the late-winter QSW amplitudes in two stratospheric layers, mainly 
near 50 hPa and near 10 hPa, have a certain predictive ability for the ozone hole 
parameters in spring. Th e correlation coeffi  cients of r = 0.5—0.8 (negative in the 
case of the ozone hole area) are statistically signifi cant at the <1% level. Larger 
positive QSW anomalies in the lower (middle) stratosphere in August lead to 
a statistically signifi cant increase in the polar TOC/T and decrease in OHA in 
August-September (August-November).

6.5.3. Zonal asymmetry effects

It is known that a climatological east-west asymmetry of the Antarctic polar 
vortex and ozone hole exists, which is described in Subsection 3.3.3. Typical 
vortex displacement off  the South Pole occurs toward the Atlantic sector, about 
0—60°W (Wirth, 1993; Waugh and Randel, 1999; Grytsai et al., 2007, 2017; Lin 
et al., 2009; Agosta and Canziani, 2011; Hassler et al., 2011a; Ialongo et al., 2012).

Th e meridional temperature profi les for August of the two anomalous years 
2002 and 2006 (Fig. 6.2) are compared using NCEP—NCAR reanalysis data 
(Fig. 6.7). Th e two pressure levels 10 hPa and 50 hPa (Fig. 6.7a, b, respectively) 
are considered. Th ese pressure levels correspond to the two strongest correlation 
peaks (rmax = 0.8) in Fig. 6.5. Th e meridional plane 45°W — 135°E passing through 
the South Pole and corresponding to the climatological direction of the zonal 
asymmetry axis (see Fig. 4.3 above and Fig. 6.9 below) was chosen.

In Fig. 6.7, the high (low) temperature asymmetry relative to the South 
Pole (90°S) in August 2002 (2006) is seen from the solid (dashed) curve shape 
in agreement with the climatological TOC asymmetry (Figs. 4.1 and 4.3). Th e 
deviations of the temperature profi les from the zonal symmetry in 2002 are 
mainly due to the temperature increase in the eastern parts of the plots (135°E, 
solid curves on the right half of Fig. 6.7). Th ese changes are accompanied by the 
poleward shift  of the meridional temperature gradients in 2002 relative to those 
in 2006 (solid and dashed curves, respectively, along 135°E). Over the western 
parts of the profi les (45°W, left  half of Fig. 6.7), the temperature profi les are 
very close, in agreement with a less variable temperature at the zonal minimum 
(Fig.  6.2). Th is means that the zonally averaged temperature variations are 
mainly dependent on their variability over the eastern longitudes (the QSW1 
eff ect), specifi cally, in the region of the climatological zonal TOC maximum 
(Fig. 3.5). Such a tight coupling results in a high correlation between AQSW (as a 
zonal asymmetry measure) and zonal means (Tzm) in August (Fig. 6.5a—c, AUG).
Th e increase in temperature asymmetry along 135°E in 2002 is accompanied 
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by noticeable poleward shift s of the meridional temperature gradients (Fig. 6.7, 
solid curves). In the lower stratosphere, the poleward shift  of the temperature 
gradient leads to the PSC area decrease in August 2002 in comparison with 
August 2006 (hatched area below the PSC threshold of –78°C marked by a 
dotted line in Fig. 6.7b). Consequently, the corresponding change in the ozone 
hole area takes place. Note that the largest shift  of the ozone hole edge occurs 
around 70°S (thick line segment in Fig. 6.7b).

Similar asymmetric changes in the ozone/temperature fi elds in August 
occurred always in the weak polar vortex regime (1988, 2002, 2004, 2010, 2012, 
2017, and 2019) relative to the strong polar vortex regime (1998, 2001, 2003, 
2006, 2011, 2015, and 2018); see some of the anomalous years in Fig. 3.2 and 
more images from the MSR data at http://www.temis.nl/protocols/O3global.
html. Since the western parts of the meridional temperature profi les are less 
variable (45°W in Fig. 6.7b), the interannual temperature variability in their 
eastern part (135°E, hatched area between about 65°S and 90°S in Fig. 6.7b) 
gives the largest contribution to the variability in zonally asymmetric and 
temperature-dependent PSC volume. Th e variations in the preconditioned PSC 
volume in August, in turn, result in the net ozone loss variations in spring.

Th e range of possible variations in the preconditioned PSC area in the 
lower Antarctic stratosphere is illustrated in Fig. 6.8. Th e contours of the air 
temperature and overlapped zonal wind 30 ms–1 at 100 hPa (16 km) for August 
2002 and 2006 are shown in Fig. 6.8a, b, respectively. Th e NCEP—NCAR 
reanalysis data sets were used. Th e area where the temperatures are favorable 
for the PSC formation is outlined by the contour –78°C and is shaded on both 
plots. In August 2002, this area is markedly shift ed relative to the pole and is 
much smaller than that in August 2006 (Fig. 6.8a, b, respectively). Th e QSW1 

Fig. 6.7. Stratospheric tem-
pe rature profiles in the meri-
dio nal plane 45°W—135°E at 
the pressure levels of 10 hPa 
(a) and 50 hPa (b) in August 
2002 (large vortex asymmetry, 
solid curves) and August 2006 
(small vortex asymmetry, da-
shed curves). From (Krav-
chen ko et al., 2012)
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dominance in August 2002 is responsible for the large off -pole displacement 
of the low-temperature air masses inside the polar vortex (contour –78°C in 
Fig. 6.8a). Weak QSW1 and QSW2 in August 2006 caused insignifi cant vortex 
displacement and elongation (contour –78°C in Fig. 6.8b; see, e.g., (Waugh and 
Randel, 1999) for the relation between the vortex deformations and the PW 
activity, which is well illustrated in Figs. 1.18, 1.20, 1.21, 3.2, 3.15, and 4.1).

Because of zonal asymmetry, the circumpolar westerly fl ow in August 2002 
provided zonal advection of warmer air from lower latitudes (60—70°S) near 
the 0°E meridian to higher latitudes (70—80°S) at opposite longitudes (eastern 
part of arrowed contour shown in bold line in Fig. 6.8a). Th erefore, due to the 
stable asymmetry of the vortex, systematic heating of this part of the high-
latitude region is maintained, which leads to the PSC area decrease compared 
to August 2006 (Fig. 6.8b). Th e dynamical conditions in August 2006 favor the 
Antarctic polar vortex to be almost concentric relative to the South Pole. Th e 
vortex concentricity results in longer air exposure to temperatures below the 
PSC formation threshold at the inner edge of the vortex (e.g., Maturilli et al., 
2005). Th is is a cause of the larger PSC area in late winter, the larger ozone hole, 
and net ozone loss in spring 2006.

As could be concluded from Figs. 6.7 and 6.8, coupled QSW1-related 
changes in the lower-stratospheric temperature and in the PSC volume in 
August play important role in preconditioning of the ozone hole in spring. 

Th e larger poleward displacement of the vortex edge in the middle 
stratosphere than in the lower stratosphere (as illustrated by the meridional 

Fig. 6.8. Preconditioned stratospheric temperature fields in August 2002 (a) and 2006 
(b). The pressure level of 100 hPa south of 50°S is presented. The shaded area inside the 
thick contour shows where the temperature was below the PSC formation threshold of 
–78°C. The arrowed contour shows the shape of zonal circulation at the polar vortex edge 
for zonal wind U = 30 m s–1. Modified from (Kravchenko and Evtushevsky, 2008)
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temperature profi les in Fig. 6.7) occurs due to the QSW amplitude increase 
with altitude (Fig. 6.4a; see also (Matsuno, 1970; Randel, 1988; Waugh and 
Randel, 1999)). Under this infl uence, the vortex edge in the middle stratosphere 
approaches the pole closer than in the lower stratosphere, mainly at the eastern 
longitudes. By climatology, this occurs typically in the region of the zonal TOC 
maximum at 90—180E, as noted above. So, in this region, the disturbed vortex 
edge becomes not vertically aligned. Due to the relative horizontal shift  between 
the air masses in the lower and middle stratosphere, variability in the vertical 
ozone profi le here aff ects signifi cantly the columnar ozone variability.

At the opposite longitudes (in the region of the zonal TOC minimum), 
the vortex edge does not shift  signifi cantly in both the lower and middle 
stratosphere (Fig. 6.7 and 6.8). Th is suggests a rather steady vertical alignment 
of the polar vortex edge here even in the conditions of high QSW activity that, 
in turn, leads to insignifi cant contribution from this region to variability in both 
the columnar parameters and their zonal means.

Multiple eff ects of the zonal asymmetry variability in the preconditioned 
vortex structure (Figs. 6.3, 6.5, 6.7, and 6.8) can be summarized as follows.

(1) Due to the QSW1 dominance, variability in the latitudinal position of 
the vortex edge has a regional character: the most variable part of the vortex 
edge locates in the eastern hemisphere, around climatological maximum in the 
TOC distribution; at the opposite longitudes, in the region of the zonal TOC 
minimum, variability at the vortex edge is minimal (Figs. 6.7 and 6.8).

(2) Increase in the QSW1 amplitude causes a regional poleward shift  of the 
vortex edge in the segment of the zonal TOC maximum and does not change 
notably the edge position in the segment of the zonal TOC minimum; the ozone 
distribution has been considered in Chapter 3. 

(3) Th e larger poleward shift  of the vortex edge in the lower stratosphere 
under the higher QSW1 amplitude leads to the lower PSC area.

(4)  Regional variability and poleward shift  in the vortex structure in-
crea se between the lower and middle stratosphere consisting with the QSW 
climatology. Th is leads to the diff erence in vertical vortex structure in the region 
of zonal TOC minimum and zonal TOC maximum under the prevailing QSW1 
infl uence: vortex edge is about vertically aligned and is increasingly inclined 
with altitude towards the pole, respectively. Th e latter tendency contributes to 
the diagonal pattern appearance in the correlative relationships (Fig. 6.5).

(5)  Increased poleward shift  of the vortex edge between the lower and 
middle stratosphere leads to a dominant contribution of the mid-stratospheric 
ozone to variability in the columnar characteristics of the ozone hole since the 
lower-stratospheric ozone is extremely depleted.

(6) Because of low vortex variability in the region of zonal TOC minimum, 
regional vortex variability around the zonal TOC maximum contributes notably 
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to variability in the zonal means. As a result, a close positive coupling between 
AQSW (as a measure of preconditioning vortex asymmetry) and the zonal mean 
temperature Tzm is observed from concurrent correlations in August (r = 0.7—
0.8; Fig. 6.5a—c, panel AUG).

Th e strong positive coupling AQSW—Tzm in August in eff ect (6) seems to be 
a late-winter climatological tendency in the Antarctic stratosphere variability. 
It determines the preconditioned infl uence (positive or negative, depending on 
the metrics) of the vortex asymmetry on the ozone hole in spring, in both zonal 
mean and area-averaged characteristics, as can be seen from the generally high 
correlations in Fig. 6.5.

Eff ects (1)–(5) have been noted in other studies from analysis of individual 
events in the SH stratosphere dynamics. In the case of the ozone hole in 2002, 
the off set between the vortices in the middle stratosphere and lower stratosphere 
masked the ozone depletion in the lower stratosphere and resulted in higher 
total ozone and a smaller ozone hole size estimate (Kondragunta et al., 2005). By 
Tully et al. (2008), a progressive poleward shift  with increasing altitude was seen 
in the Eastern Hemisphere ozone maximum in September 2007 (their Fig. 33). 
Observations at the Antarctic stations Davis and Syowa located in the Eastern 
Hemisphere near 70°S (40°E and 78°E, respectively) show similar variability in 
vertical ozone profi les (Tully et al., 2008; Sato et al., 2009). 

Th e ozone maximum at 20—25 km in the vertical ozone profi le in the 
spring can exceed that at 15—20 km in the undisturbed winter profi le (Tully et 
al., 2008, their Figs. 20—22; Sato et al., 2009, their Fig. 2). Because the typical 
ozone maximum at these stations (15—20 km) disappears almost completely in 
the spring ozone hole, the upper-level ozone becomes the main contributor to 
the TOC variability due to the regional changes in the vertical alignment of the 
polar vortex.

In consistency with Fig. 6.5, the relative seasonal changes in the correlation 
coeffi  cients in Table 6.1 demonstrate that increasing preconditioned vortex 
asymmetry in August (larger AQSW) results in smaller ozone hole size in 
September-November. Vortex asymmetry in the lower stratosphere at 100 hPa 
(in the middle stratosphere, at 10 hPa) is more important for OHA in September 
(October and November). Overall statistics in Table 6.1 and Fig. 6.5 suggests 
a combined relationship between the zonal vortex asymmetry, vertical vortex 
alignment, and ozone hole metrics.

Th e QSW-related infl uences on the seasonal evolution of the Antarctic 
polar vortex and ozone hole described above are in general agreement with the 
eff ects of the zonally asymmetric ozone in model studies (McCormack et al., 
2011; Albers and Nathan, 2012). Signifi cant diff erences in winter extratropical 
stratospheric temperatures depending on the presence or absence of zonally 
asymmetric ozone (ZAO) heating were found. By Albers and Nathan (2012), 
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ZAO contributes to the zonal wind via planetary wave drag and via zonal mean 
ozone heating. Th is is confi rmed by the zonal asymmetry analysis above. Recall 
that variability of the higher temperature at zonal maximum (at the QSW ridge) 
in the eastern hemisphere (Figs. 6.7 and 6.8) gives the main contribution to 
variability in the zonal mean temperature. According to McCormack et al. 
(2011), a signifi cantly warmer and weaker stratospheric polar vortex in winter 
is possible in the simulations including zonally asymmetric ozone heating. Th is 
is consistent with the conclusion made from Fig. 6.8.

6.5.4. Ozone loss and mixing effects

In the late winter, meridional transport and eddy mixing in the Antarctic 
stratosphere are negligible because of the mixing barrier at the polar vortex edge 
(Holton et al., 1995; Lee et al., 2001; Miyazaki et al., 2005). Nevertheless, the 
late-winter QSW activity can infl uence the polar vortex strength, contributing 
to the forthcoming seasonal amplifi cation of wave activity and intensifi cation 
of the related mixing processes in spring. In terms of time, the horizontal 
diff usion coeffi  cient for ozone mixing in the Antarctic stratosphere increases 
from October and maximizes in November-December (from analysis at 20 hPa, 
60—90S, made by Miyazaki et al. (2005), their Fig. 7). In terms of height, the 
erosion of the polar vortex due to PW breaking starts earlier in the middle 
stratosphere than in the lower stratosphere (Waugh and Randel, 1999). 

Th e QSW amplitude variability induces a change with time of fi nal ozone 
mixing, which can be seen from the total ozone maps. As an example, the TOC 
fi elds in August and November for two events are compared in Fig. 6.9. Th e 
diff erence in wave activity is seen from the smaller and larger areas of low TOC 
levels in August 2002 and 2006, respectively (compare contours 250 DU in 
Fig. 6.9a, b; see also Fig. 6.2, solid and dash-dotted curves, respectively). 

Aft er the early breakdown of the polar vortex due to high wave activity in 
2002 (Allen et al., 2003; Newman et al., 2005; Zhang et al., 2017), the ozone 
hole totally disappeared, and nearly uniform TOC distribution south of 40S 
was observed in November 2002 (350 DU; Fig. 6.9c). Th is took place because 
the ozone-rich and ozone-poor air masses concentrated in August outside 
and inside the vortex, respectively (Fig. 6.9a), were mixed in November 
(Fig. 6.9c). 

Th e QSW1 manifestation in August 2002 is clearly seen as an off -pole 
displacement of the low TOC levels toward the sector 0—90°W (contour 350 DU 
in Fig. 6.9a, see also the ozone hole in September 2002, Fig. 3.2c). Besides, the 
notable change is seen in the sector 90—180°E in the mid-latitudinal zone 40—
60°S (dashed contour 380 DU in Fig. 6.9a). Th e increased ozone accumulation 
here in August 2002 was due to the regional enhancement of the BDC, which 
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tends to be zonally asymmetric (by type of the QSW1) in the SH stratosphere 
(Salby and Callaghan, 2004; Sato et al., 2009; Gabriel et al., 2011). Th e high 
TOC level in this region (outside the polar vortex), together with the low 
TOC level displaced off  the pole (inside the polar vortex), form a zonal TOC 
asymmetry described in Chapter 3. Th e asymmetric TOC pattern in August 
2002 corresponds approximately to the long-term mean vortex asymmetry. Th e 
climatological mean axis of zonal asymmetry is shown in Fig. 6.9a, b with a 
dashed line.

A strong polar vortex existed in 2006 due to low QSW activity (dash-
dotted curve in Fig. 6.2; see also (Cracknell and Varotsos, 2007; Kuttippurath 
et al., 2015)), which resulted in the fairly symmetrical contour of 250 DU 
(Fig. 6.9b) centered over the South Pole. Th e ozone distribution in September 
2006 is shown in Fig. 3.2j. Under these conditions, a mixing barrier formed at 
the vortex edge, which maintained both low TOC levels inside the vortex and 
the long existence of the large ozone hole until November (contour 220 DU 
in Fig. 6.9d). 

In August 2006, the mid-latitude TOC fi eld is also nearly symmetric relative 
to the pole with a mean level of about 330 DU in the zone 40—60°S (Fig. 6.9b). 
In the polar zone (south of 60°S), about the same low TOC levels were observed 
in August 2002 and 2006 (230—250 DU, inside the black contours in Figs. 6.9a, 
b, respectively) with a much smaller area in the fi rst case. 

Fig. 6.9. The TOC fields poleward of 30°S in August 
(a, b) and November (c, d) in 2002 (a, c) and 2006 (b, 
d). The MSR-2 data were used (http://www.temis.nl/
protocols/O3global.html). Modified from (Kravchenko 
et al., 2012)
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It should be noted that, at the lower stratosphere altitude levels, the mixing 
barrier at the vortex edge existed until the end of November 2002 without either 
further chemical ozone loss or any signifi cant dilution by transport across the 
vortex edge (e.g., Konopka et al., 2005). Hence, during the ozone hole season, 
strong horizontal diff erentiation in the stratospheric ozone amount due to the 
mixing barrier can be combined with its vertical redistribution due to ozone 
depletion in the lower stratosphere.

As could be inferred from Fig. 6.7, the utmost asymmetry variations in 
August in both the lower and middle stratosphere contribute insignifi cantly 
to the temperature changes near the South Pole. Th is agrees with the AQSW 
climatology with a signifi cant poleward decrease in the asymmetry (Fig. 6.4a). 
Nevertheless, the QSW preconditioning becomes clearly seen at the South Pole 
in September, when a sharp increase in the TSP response (up to rmax = 0.7) to 
the August AQSW occurs (Fig. 6.5d, panel SEP). Th e same abrupt increases in 
the September r-values are observed also in TOCzm at 70S and 80S (Fig. 6.5b, 
c, panel SEP). Note that the correlation patterns in September over the polar 
region 70—90S (Fig. 6.5b—e, panel SEP) are similar to the correlation pattern 
in August at 70S (Fig. 6.5b, panel AUG). Th is is evidence that preconditioned 
AQSW eff ect at the inner vortex edge (70S) in August expanded over the polar 
region 70—90S in September.

Asymmetric temperature variations near 70S determine largely the pre con-
ditioned PSC area variations (Fig 6.7b, thick line segment, and Fig. 6.8, contours 
–78C). Close coupling AQSW—Tzm (70S) with rmax = 0.8 in August (Fig. 6.5b, panel 
AUG) is possible due to the infl uence of the vortex asymmetry variability on the 
sunlit condition at the vortex edge. At the sunlit vortex edge, ozone depletion starts 
in July-August (Lee et al., 2001), whereas it begins in September at the South Pole, 
when the sun rises in the vortex core (Roscoe et al., 2012).

On the other hand, as shown by Lee et al. (2001), the ozone loss at the 
equivalent latitudes 60—65S remains largely confi ned to this region of weak 
mixing during the ozone hole season. Unlike this, the ozone loss at 70—75S 
starts in August and reaches the vortex core in September, when ozone loss 
becomes rather uniform inside the vortex (70—90S) due to the strong ozone 
mixing. Because seasonal tendency in the sunlit conditions over the polar 
region is unchanged from year to year, the strong ozone mixing inside the 
isolated vortex (Lee et al., 2001) could couple the zonal asymmetry eff ects in 
ozone loss at the vortex edge in August with the ozone amount inside the vortex 
in September. Th is coupling may be one of the most likely causes of consistency 
in the correlation patterns at 70S in August (Fig. 6.5b, panel AUG) and over the 
polar zone 70—90S in September (Fig. 6.5b—d, panel SEP).

Th rough the ozone mixing mechanism, the lower-stratospheric QSW 
variability in August near the vortex edge may serve as a good indicator of the 
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ozone hole behavior in September. Preconditioning could be described, for 
example, by the AQSW time series at 70S, 50 hPa (21 km) on the basis of the 
corresponding correlation peak in Fig. 6.5b (panel AUG). Th e AQSW variations 
here are indicative of the strong responses in the analyzed variables inside the 
polar vortex (rmax = 0.7—0.8; Fig. 6.5b—d, panel SEP), as well as in the ozone 
hole area as a whole (rmax = 0.6; Fig. 6.5e, panel SEP) with a one-month time 
lag, in September. At the same time, those AQSW variations do not show a 
preconditioning eff ect for October and November, when the lower-stratospheric 
correlation maximum disappears, most likely, because of the cease of lower-
stratospheric ozone loss aft er September as noted above.

In the middle stratosphere, ozone mixing depends not only on the wave-
breaking activity but also on the meridional ozone gradient and it is strongly 
related to the evolution of the polar night jet (Miyazaki et al., 2005). It is seen 
in Fig. 6.5 (panel NOV) that the mid-stratospheric correlation maximum in 
November is shift ed equatorward to 60S relative to that in August-October 
(70—75S, panels AUG-OCT). At 60S, 10 hPa, the climatological maximum 
of the QSW amplitude is located (Fig. 6.4a) as an indicator of the strongest 
meridional gradients in ozone and temperature.

Th e late-winter variability in the meridional temperature profi les at 10 hPa 
(Fig. 6.7) suggests its possible preconditioning role in ozone mixing variability: 
the infl uence exerted on the meridional gradients by the stronger QSW in August 
is accompanied by the polar vortex weakening and more intense wave breaking 
under seasonal wave amplifi cation. Th is could contribute to a stronger eddy 
mixing as spring progresses taking into account that mixing reaches a maximum 
in November-December (Miyazaki et al., 2005). Th e prolonged existence of 
the correlation maximum near 10 hPa in Fig. 6.5 (panels OCT and NOV) can 
demonstrate the delayed impact of August QSW on the horizontal mixing in 
the middle stratosphere. Th is is clear, considering that (i) mid-stratospheric 
ozone dominates the vertical ozone profi le in October and November due to 
extreme ozone depletion in the lower stratosphere (Tully at al., 2008; Sato et al., 
2009); (ii) the vortex edge is not vertically aligned under the QSW infl uence 
(Kondragunta et al., 2005; Tully et al., 2008); (iii) the vortex edge undergoes 
the largest variability in the middle stratosphere because of QSW amplitude 
maximum here (Figs. 6.4a and 6.7a), and (iv) the zonal ozone maximum in the 
Eastern Hemisphere is likely a signifi cant component of the mid-stratospheric 
ozone mixing which contributes to the TOC variability (Figs. 6.9a, c).

How the predictive potentials of the QSW amplitude in August (Evtushevsky 
et al., 2015) and the tropical Pacifi c thermal anomalies in June (Kravchenko et 
al., 2012, see also Chapter 5) are justifi ed in predicting ozone hole anomalies 
(Evtushevsky et al., 2019; Milinevsky et al., 2020) is described in Section 6.6.
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6.6. Anomalous ozone holes 
in 2017 and 2019

On a synoptic timescale (5—10 days), the development of stratospheric processes 
in austral winter-spring is predicted quite reliably. Th is is confi rmed by the ozone 
hole parameters forecasted in recent years, for example, by the Tropospheric 
Emission Monitoring Internet Service (TEMIS, http://www.temis.nl/protocols/
O3forecast.html), National Oceanic and Atmospheric Administration (NOAA, 
https://www.cpc.ncep.noaa.gov/products/stratosphere/strat_a_f/#emcoz), 
the NASA Modern-Era Retrospective analysis for Research and Applications 
(MERRA2, https://acd-ext.gsfc.nasa.gov/Data_services/met/ann_data.html), 
and Co per ni cus At mo sphe re Monitoring Service (CAMS, https://atmosphere.
co per nicus.eu/monitoring-ozone-layer). Th e combined action of the quasi-bien-
nial oscil la tion (QBO) and the sea surface temperature (SST) anomalies in the 
Paci fi c and Indian Oceans were analyzed by (Rao et al., 2020) to forecast the sud-
den stratospheric warming (SSW) 2019 with the predictive limit around 18 days.

Th e ability to predict the climate accurately at seasonal to interannual 
timescales stems from knowledge of “sources of predictability” and depends 
on errors or uncertainties, which grow with increases in forecasting lead times. 
Among the sources of climate predictability that have a slow seasonal evolution, 
the El Niño—Southern Oscillation (ENSO), the Madden—Julian Oscillation, the 
Southern Annular Mode (SAM), and the QBO have been studied (Assessment, 
2010; Robertson et al., 2020; Rao et al., 2020). To fi ll the gap between daily 
weather forecasts and seasonal climate predictions (from two weeks to a season 
ahead outlooks), the Subseasonal to Seasonal (S2S) Prediction Project has been 
developed (Robertson et al., 2020), which includes the impacts of multiple 
sources of predictability and prediction systems based on an ensemble over 
multiple models. 

A favorable factor for the seasonal predictability of stratospheric ozone is 
the seasonal persistence of the ozone anomalies established in the wintertime 
due to the BDC (Fioletov and Shepherd, 2003; Kawa et al., 2005; Weber et al., 
2011). In the Space Physics Laboratory (SPL) of the Taras Shevchenko National 
University of Kyiv, in collaboration with the Australian Antarctic Division 
(AAD), two indices of variability, derived from data for the austral winter 
months, are used to predict the seasonal evolution of the ozone hole. Th ey are 
based on the QSW amplitude (AQSW) anomalies in the Antarctic stratosphere 
(Section 6.4) and the SST anomalies in the central tropical Pacifi c (CTPI, 
Chapter 5). Both winter indices show statistically signifi cant couplings with the 
ozone hole characteristics in spring (Kravchenko et al., 2012; Evtushevsky et al., 
2015, 2019; Milinevsky et al., 2020).
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6.6.1. Ozone hole in 2017

It is seen in Fig. 6.1 that the ozone hole in September 2017 has been one of the 
smallest since the 1990s (see Figs. 3.2 and 3.5). Th e 2017 ozone hole was ranked 
in the smallest 25% of the observed ozone holes in terms of size, and the severity 
of stratospheric ozone loss was comparable with that occurred in 2002 and 
most years prior to 1989, when the ozone hole was just emerging (Klekociuk 
et al., 2019).

Figs. 6.2 and 6.3 demonstrate preconditioned QSW amplitude in August 
2017, which was one of the largest in the last four decades. Based on the predictive 
potential for the AQSW time series in August (Section 6.4, Fig. 6.5, and Table 6.1), 
the forecast of the ozone hole 2017 was made (Evtushevsky et al., 2019). Th e ozone 
hole area (OHA) predicted from the linear regression was close to the observed one 
in October and September-November 2017 (Fig. 6.10a, b, respectively), but it was 
smaller by about 15%. Th e key factor which contributed to the preconditioning 
of the Antarctic stratosphere in the spring of 2017 was the development of large-
amplitude stratospheric planetary waves in August.

Th e upper vortex levels became most noticeably disturbed by planetary 
waves from June, and the disturbances penetrated into the lower stratosphere 
from August (Klekociuk et al., 2019). Th e waves promoted the formation of the 
strong Australian anticyclone in the lower stratosphere, which was involved in 
the appearance of a large-amplitude QSW1 pattern (Evtushevsky et al., 2019). 
Th e growth of stratospheric anticyclone contributed to the off -pole displacement 

Fig. 6.10. Regression of the AQSW anomalies at 70°S, 50 hPa, in August to the ozone hole 
area anomalies in October; solid (dashed) open circles indicate observed (predicted by 
the regression) OHA anomaly in October 2017 (a); b and r are regression and correlation 
coefficients, respectively. Time series of OHA averaged over September-November 1979—
2017 (b); solid (dashed) open circle as in (a), but for OHA in September-November 2017; 
note the gap in the OHA data in 1995. Adapted from (Evtushevsky et al., 2019)
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of the polar vortex and favored planetary wave breaking at the polar vortex 
edge, which eroded the vortex and decreased its area. Warming of the vortex 
and mixing of air across the vortex barrier were pronounced during August and 
September, which signifi cantly impeded the normal development of the ozone 
hole (Klekociuk et al., 2019).

Th e large-amplitude traveling planetary waves of zonal wave numbers 1 
and 2, tropospheric wave trains propagating from the tropics, as well as the 
QBO were also contributing factors to the preconditioning of the ozone hole 
2017 (Evtushevsky et al., 2019; Klekociuk et al., 2019). Klekociuk et al. (2019) 
concluded that the overall severity of Antarctic ozone loss in 2017 was largely 
dictated by the timing of the disturbances to the polar vortex (particularly, by 
enhanced QSW1 activity in August) rather than interannual variability in the 
level of inorganic chlorine.

6.6.2. Ozone hole in 2019

Th e anomalously small ozone hole of 2019 was comparable in size to the record 
breaking of 2002, and the responsible mechanisms were similar in the two 
cases (an unusual geometry and small size of the polar vortex, i.e., a signifi cant 
dynamical disturbance with an exceptionally strong wave 1, rather than the 
chemistry); however, while the 2019 sudden stratospheric warming is classifi ed 
as minor, its impact on ozone was very signifi cant (Kozubek et al., 2020; Rao et 
al., 2020; Wargan et al., 2020).

Both predictive indices proposed as a result of joint work by the SPL and 
AAD showed unusual winter preconditions indicating a much smaller ozone hole 
in spring 2019 than in spring 2017. In combination with the descending easterly 
phase of the QBO, the extremely small ozone hole with its early disruption in 2019 
was expected. By this preconditioning, the sudden stratospheric warming in spring 
2019 had the potential to become a major SSW resembling the unprecedented 
major Antarctic SSW in 2002. Th is forecast made by the SPL in cooperation with 
AAD and the International Center of Future Science of Jilin University, China, 
was published in mid-September 2019, at the very beginning of the ozone hole 
development (Milinevsky et al., 2019; posted on arXiv.org on September 17, 2019).

Further observations showed that the SSW in September 2019 did not 
reach the major SSW level similar to 2002, as the 10-hPa zonal wind at 60S 
did not reverse until late October (Milinevsky et al., 2020, their Fig. 4b). Th is 
could be due to diff erent preconditions: the QSW activity in August 2019 
was slightly lower than in August 2002 (by 15% from peak AQSW at 60S in 
Fig.  6.3). Nevertheless, the ozone hole size in spring 2019 decreased to the 
levels of 2002 (the year of the historically lowest ozone loss in the ozone hole 
era). By Milinevsky et al. (2020), the ozone hole areas in 2019 and 2002 were 
about equal in October (7.9 106 vs 7.7 106 km2, respectively) and November 
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(0.5 106 km2 in both cases); in September, the ozone hole area in 2019 was 
even smaller than in 2002 (10.4 106 vs 14.3 106 km2; see also Figs. 3.2 and 
6.1) Estimations were made from the NASA Ozone Watch data at https://
ozonewatch.gsfc.nasa.gov/meteorology/SH.html.

It should be emphasized that the main winter indications of the anomalous 
ozone hole in spring 2019 were seen from the monthly means of the SST 
anomalies in the tropics as early as June (Fig. 6.11) and from the AQSW anomalies 
in the Antarctic stratosphere temperature in August (Fig. 6.3). 

Th e manifestations of tropical preconditions can be seen in Fig. 6.12. 
Large SST anomalies are associated with enhanced tropical convection and 
anomalous wave activity propagated poleward (Chapter 5). Th is eff ect is 
clearly observed in the poleward migration of negative anomalies in zonal 
mean wind at the middle stratosphere (10 hPa, Fig. 6.12a). Th e variability of 
negative wind anomalies means changing wind deceleration under the wave 
activity infl uence. Th ese anomalies propagated from the tropical latitudes 
from June, reached the polar southern latitudes in August, and were strongly 
amplifi ed in September (green and blue in Fig. 6.12a) with signifi cant zonal 
wind weakening along with the SSW occurrence.

Th e poleward anomaly migration was mainly contributed by the strong 
negative anomalies originated in the tropics in the western Indian Ocean and 
central Pacifi c (Fig. 6.12b, c, respectively), not in the Atlantic Ocean (Fig. 
6.12d) or other tropical regions (not shown). Th e negative anomaly in the 
Pacifi c sector (Fig. 6.12c) starts propagating poleward from the subtropics in 
mid-August. Th is time lag compared to the Indian Ocean sector (Fig. 6.12b) 

Fig. 6.11. The monthly mean sea surface temperature in the tropics for June in the central 
Pacific Ocean (20°N–20°S, 160—220°E) (a) and the western Indian Ocean (15°N—15°S, 
50—90°E) (b) from NCEP—NCAR reanalysis. In June 2019, the temperatures in these 
regions were between the highest ones over 40 years of observations: +28.5°C (central 
Pacific Ocean) and +29.1°C (western Indian Ocean). Modified from (Milinevsky et al., 
2020)
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could be due to the upper-stratospheric poleward and downward anomaly 
propagation in June–July in such a way that anomaly reaches the middle 
stratosphere in August as assumed by (Evtushevsky et al., 2015, 2019). Th e 
upper stratospheric pathway of atmospheric circulation within the Pacifi c 
sector requires additional analysis.

Th e simultaneous poleward wave driving (Milinevsky et al., 2020, their 
Fig. 4) and negative zonal wind anomaly migration from both the Pacifi c and 
Indian Ocean regions (Fig. 6.12) may be the unique aspect of the SSW 2019.

A favorable factor for an unstable polar vortex over Antarctica in spring 2019 
was also the evolution of QBO in winter, which was in the easterly descending 
phase: at 10 hPa, easterly appeared from May 2019 (Milinevsky et al., 2020, their 
Fig. 5b). As known, the polar vortex and ozone hole disappear earlier in the 
easterly QBO phase during winter and spring (Holton and Tan, 1980; Anstey et 
al., 2010; Watson and Gray, 2014).

Th us, the QBO in winter 2019 acted in the same direction (to the earlier SSW 
occurrence) as the stratospheric QSW in August and tropical SST anomalies 
from June. As a total eff ect, the ozone hole in the spring of 2019 had a record 
small size from the 1980s (Fig. 6.1), in general agreement with the ranks of 
the preconditioning indices based on the QSW amplitude and SST anomalies 
(Figs. 6.3 and 6.11).

Fig. 6.12. Time-latitude section of the 10-hPa zonal wind anomaly (with respect to the 
climatology 1981—2010) in the SH from June to October by the NCEP—NCAR reanalysis 
data for (a) zonal means and longitudinal sectors of (b) the Indian Ocean, 50—90°E, (c) 
the central Pacific Ocean, 160—220°E, and (d) the Atlantic Ocean, 40°W—10°E. From 
(Milinevsky et al., 2020)
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6.7. Summary

Chapter 6 shows the potential for seasonal prediction of the ozone hole based on 
late winter QSW amplitude variations. It has been demonstrated that the time 
series for the QSW amplitude, AQSW, in the stratospheric temperature in August 
allows one to quantify the prolonged eff ects of the QSW preconditioning on the 
ozone hole parameters. Generally, the lower-stratospheric (mid-stratospheric) 
AQSW in August shows a stronger preconditioning eff ect for the ozone hole in 
September (until November). Particularly, the lagged correlations in Fig. 6.5 
indicate that AQSW in August at 50 hPa (10 hPa) and 70S, i.e. near the ozone 
hole edge, is a good indicator of the ozone hole parameters over the polar 
latitudes 70—90S in September (over 60—90S until November). Th ese 
statistical relations convince one that the late-winter dynamics in the Antarctic 
stratosphere contributes largely to the delayed response (rmax = 0.7—0.8) of the 
ozone hole in spring.

Another August peculiarity consists in a combination of dynamic and 
chemical factors aff ecting the ozone hole development. Preconditioning AQSW 
impact is associated mainly with (i) dependence of the late-winter PSC volume 
on the zonal asymmetry of the polar vortex produced by QSW1 and (ii) seasonal 
increase in the QSW amplitude, which amplifi es the vortex weakening and 
warming induced by the initial (late-winter) wave disturbances.

Th e contributing factor (i) includes regional variability (mainly in the eastern 
hemisphere) in total ozone and stratospheric temperature and the altitudinal 
dependence of the zonal vortex asymmetry with vertical misalignment of the 
lower- and mid-stratosphere vortices. Th e QSW1-induced regional variability 
not only aff ects the PSC area but also contributes to the zonal mean parameters. 
Th e latter feature provides a strong positive correlation between zonal anomalies 
(AQSW) and zonal means (TOCzm and Tzm), as demonstrated in Section 6.4. A 
positive coupling between preconditioned zonal anomalies and zonal means, 
as well as zonally asymmetric ozone heating in model studies (McCormack et 
al., 2011; Albers and Nathan, 2012) underlie the preconditioning mechanism 
for the ozone hole. An increase in AQSW (increase in vortex asymmetry) in 
late winter leads to irreversible changes in ozone chemistry and ozone loss. 
Th en, in spring, seasonal persistence of the ozone anomalies established in the 
wintertime (Fioletov and Shepherd, 2003; Kawa et al., 2005; Weber et al., 2011) 
plays a noticeable role.

With respect to factor (ii), it is known that the cumulative eff ect of the winter 
wave activity plays an important role in preconditioning the spring ozone hole 
(Section 6.1). Climatologically, the QSW penetration into the SH stratosphere 
is damped in the midwinter (July) and it is growing in the late winter and spring 
(August-October) (Randel, 1988; Hardiman et al., 2010). Th e results presented 
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in Chapter 6 highlight the role of the late-winter QSW component of the 
planetary waves in preconditioning. Th e start of seasonal growth of wave energy 
deposition into the stratosphere largely determines the following evolution 
of the stratospheric polar vortex. For example, the QSW activity increase in 
August weakens the stratospheric polar vortex and slows down strong zonal 
wind, which prevented the upward wave propagation in winter according to 
the Charney–Drazin criterion (Charney and Drazin, 1961). In a weaker wind, 
planetary waves are more able to propagate into the stratosphere. Th is leads to 
an even greater increase in wave activity, which acts on a seasonal time scale 
and ultimately leads to a decrease in the ozone hole area in spring.

Th e reasonably accurate predictions of the ozone hole in 2017 and 2019 
(Section 6.6) show a signifi cant predictive power of the index based on the QSW 
amplitude (AQSW) in August. Also, note that the tropical preconditioning and 
the descending easterly QBO phase were favorable factors for an anomalously 
small ozone hole in both cases (Section 6.6; Klekociuk et al., 2019; Evtushevsky 
et al., 2019; Milinevsky et al., 2020).
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7.1. Introduction

Th e concentration of ozone in the Earth’s atmosphere depends on several factors, 
which can be attributed to chemical, dynamic, or radiative processes (Solomon 
et al., 2005; Bekki and Lefevre, 2009; Fabian and Dameris, 2014; see Chapters 
2—4, 6). Although they all interact in complex ways, it is possible to distinguish 
between the eff ects of solar radiation on both chemical (Brasseur and Simon, 
1981; Isaksen et al., 2008; Dhomse et al., 2016) and dynamical (Hood, 1997; 
Kodera and Kuroda, 2002; Bednarz et al., 2019) processes. Solar UV radiation 
exhibits changes associated with the 11-year solar activity cycle (Lean et al., 
1997), with a variability of about 1% in the 250—300-nm wavelength range 
relevant to ozone photochemistry in the upper stratosphere (Rottman et al., 
2001; Lean and DeLand, 2012). Th e longest series of solar activity observations 
is related to sunspots (Hathaway, 2015), which are the most noticeable elements 
of the solar photosphere. Hitherto, sunspot numbers are among the main indices 
of solar activity, with clear advantages in the simplicity of calculation and the 
large duration of their series. Th e solar radio emission at the 10.7-cm wavelength 
(F10.7), which has been measured since the 1940s (Covington, 1969; Tapping, 
1987), is well correlated with the sunspot numbers and UV variations and is 
used as a reliable proxy for solar activity in atmospheric models (Maycock et 
al., 2018).

Studies of the dependence of total ozone on solar activity have had a long 
history (Khrgian et al., 1969; Zerefos and Crutzen, 1975; Keating, 1981; Zerefos 
et al., 1997; Bisht et al., 2014; González-Navarrete et al., 2018). Th e solar activity 
component in the tropical total ozone column is confi rmed to have a relatively 
small amplitude (1—2% of the 1964—1994 mean) with an increase in the total 
ozone column toward the solar cycle maximum (González-Navarrete et al., 2018). 
According to the Solar Backscatter Ultra-Violet (SBUV) and SBUV/2 radiometer 
data in the period 1979—1993, most (about 85%) of the 1.5—2% solar cycle 
variation of the global mean total ozone column occurs in the lower stratosphere 
at altitudes <28 km (Hood, 1997). Herewith, a partial contribution from the upper 
stratosphere was noted, with no contribution from the middle stratosphere.

ALTITUDE-DEPENDENT OZONE RESPONSE 
TO THE 11-year SOLAR CYCLE
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CHAPTER 7. Altitude-dependent ozone response to the 11-year solar cycle

Change in the rate of ozone dynamical transport (in the rate of photochemical 
production of ozone) between the solar minimum and maximum may contribute 
to ozone change in the lower (upper) stratosphere (Hood, 1997). In the mid-
latitudes, ozone anomalies established in the wintertime buildup due to ozone 
transport persist through summer until the end of the following autumn, when 
transport decreases and photochemical loss dominates, and then are rapidly 
erased once the following winter’s buildup begins (Fioletov and Shepherd, 
2003; Tegtmeier et al., 2008, 2010). Th is means that each year can be considered 
independent of the annual mean ozone content (Fioletov and Shepherd, 2003), 
which simplifi es the diagnostics of possible eff ects of the 11-year solar cycle. 
However, each season may have a diff erent sensitivity to ozone photochemistry 
associated with solar radiation.

Greater changes are expected at the lowest latitudes where the mean fl ux 
of solar radiation is the largest (Th iéblemont et al., 2017). Due to the dominant 
photochemical infl uence on ozone in the upper stratosphere, the changes 
in solar radiation are most apparent in this stratospheric layer (Zerefos et 
al., 2005). As described by Isaksen et al. (2008), peak ozone changes due 
to the solar cycle are attributed to heights near 40 km. An average middle 
atmospheric ozone increase of the order of 2% from the solar minimum to 
solar maximum was noted by Calisesi and Matthes (2006). Recent studies 
suggest a decrease in the magnitude of the solar activity-ozone response in the 
tropical upper stratosphere to ~1% relative to an earlier estimate (Maycock et 
al., 2016; Dhomse et al., 2016).

In addition to the upper stratosphere response, a tropical lower-stratospheric 
response exists, which is produced mainly by a solar-induced modulation of 
the BDC (Hood and Soukharev, 2012). Such modulation implies a reduction 
of Rossby wave forcing, a weakening of the BDC, and an increase in tropical 
lower-stratospheric ozone and temperature near the solar maximum (Hood and 
Soukharev, 2012). Th e 11-year ozone response in the tropical lower stratosphere 
at about 30—50 hPa was also found by Bordi et al. (2015) using ERA-Interim 
reanalysis data.

Th ere is a pronounced interhemispheric asymmetry in the solar activity 
response of stratospheric ozone. By Hood (1997), the largest response occurred 
at 65°S in the Southern Hemisphere (SH) and at about 30°N in the NH. Th e 
asymmetry toward the summer hemisphere for both December-February 
(DJF) in the SH and June-August (JJA) in NH suggests an origin involving 
a solar modulation of the BDC (Hood and Soukharev, 2012) because the 
upwelling branch of the BDC is limited to low and subtropical latitudes and 
is also shift ed somewhat toward the summer hemisphere. Th e magnitude of 
the interhemispheric asymmetry also varies with the season as was noted by 
Soukharev and Hood (2006) and Tourpali et al. (2007).
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Other factors are also involved in the 
dependence of ozone on solar forcing. It 
has been established that polar ozone in 
the middle and upper stratosphere varies 
from year to year due to energetic particle 
precipitation related to solar variability, 
and such events are particularly frequent 
around the maximum of the solar cycle 
(Langematz et al., 2018). Additionally, 
the 11-year solar cycle eff ects on the long-term recovery of ozone depletion 
have been noted (Dameris et al., 2006; Arsenovic et al., 2018). Th rough the 
absorption of UV radiation by ozone, the solar activity-ozone response impacts 
the stratospheric temperature distribution and, consequently, circulation and 
climate (Haigh, 2007; Gray et al., 2010). Th e uncertainties regarding solar-
induced variability in observed ozone related to the type of data and/or analysis, 
the length of data records, and the time periods under investigation have been 
discussed (Braesicke et al., 2018; Ball et al., 2019).

Among the weather stations in the SH polar region, the Antarctic station 
Vernadsky (Ukraine) located on the Antarctic Peninsula (AP) takes a unique 
position relative to the spring ozone anomalies. Vernadsky is the former British 
Antarctic Survey station Faraday (hereaft er Faraday/Vernadsky, regarding the 
joint data set). Th e station location is in the region of zonal ozone minimum (Gry-
tsai et al., 2007), and the ozone hole edge oft en appears over the station (Fig. 7.1).

Th e total ozone measurements with a Dobson spectrophotometer at 
Faraday/Vernadsky have been carried out since the 1950s, spanning almost 
70 years. Being among the longest data series in the high southern latitudes, 
they are useful to analyze the local variability of the total ozone on diff erent time 
scales, including long-term tendencies. Th e data are typical for the Antarctic 
region in terms of decadal changes, in particular exhibiting a sharp decrease in 
the spring ozone values during the 1980s—1990s with subsequent stabilization 
(Solomon et al., 2016; Chipperfi eld et al., 2017; Kuttippurath and Nair, 2017). 
At the same time, decadal-scale ozone changes here are contributed by the 
longitudinal shift  of the zonal ozone minimum in the Atlantic sector (Hassler et 
al., 2011; Grytsai et al., 2017).

Fig. 7.1. Monthly mean total ozone column in 
October 2018 over the southern polar region. 
White contour outlines the ozone hole edge at 
the 220-DU total ozone level. The Antarctic 
station Faraday/Vernadsky is shown by the 
white circle. Modified from the OMI field 
available at http://www.temis.nl/protocols/
o3field/o3field_omi.php
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Less studied in the AP region is the eff ect of periodic changes in ozone 
associated with the 11-year cycle of solar activity. In view of the existing research 
gap, the long record of total column measurements from Faraday/Vernadsky 
was used together with the total column and height-resolved measurements 
from the SBUV data set to study the role of solar activity in the local ozone 
variability over the site (Grytsai et al., 2020).

7.2. Data and methods

Th e vertical distribution of ozone is studied with data from the SBUV series of 
satellite instruments, which have provided measurements since 1970 (Frith et 
al., 2014). Th ese data are separated by altitude into 21 layers (each layer being 
~3 km thick) covering the troposphere, stratosphere, and lower mesosphere. 
A sequence of the SBUV layers is determined as  0.2 11013.25 10 k

kp
   , 

where pk corresponds to the layer k bottom pressure in hPa. Layers 1—16 
(L1—L16) between the surface and the stratopause (0 to ~50 km) are considered 
at the bottom pressure levels 1013, 639, 403…1 hPa. Layer 21 is referred to as 
the top of the atmosphere in zonal means and as the 0.1 hPa pressure level 
(64 km) in overpass data. 

Th e SBUV Version 8.6 Merged Total and Profi le Ozone Data Sets (MOD) 
available at https://acd-ext.gsfc.nasa.gov/anonft p/toms/sbuv/AGGREGATED/ 
were used. Th e data from BUV, SBUV, SBUV/2 onboard Nimbus-4, Nimbus-7, 
NOAA-9, NOAA-11, NOAA-14, NOAA-16, NOAA-17, NOAA-18, NOAA-19, 
and measurements of Suomi NPP-OMPS are collected to create the data sets. 
Despite some uncertainties in solar activity-ozone response, particularly in the 
upper stratosphere, the SBUV MOD (for simplicity, hereaft er referred to as 
SBUV) data is favorable for diagnosing the solar cycle eff ects (Maycock et al., 
2016). It has minimal gaps from 1979, and therefore this part of the time series 
until 2018 was predominantly considered.

Because information on the ozone distribution from the SBUV instrument 
is obtained by solar backscattered ultraviolet radiation, data for the polar 
night regions are absent. Th is provides a restriction on the analysis of seasonal 
changes at high latitudes. Moreover, for technical reasons, while the satellites 
are on Sun-synchronous orbits with an inclination near 98°, data are only 
available equatorward of 80° latitude. Th e SBUV database consists of ozone 
overpass data for individual ground-based stations (McPeters et al., 2013). Th e 
overpasses over Faraday/Vernadsky (65.25°S, 64.27°W; Antarctic Peninsula 
in western Antarctica) are used here. Since the merged overpass data include 
only the sum of layers 1—8, the version of the aggregated overpasses, which 
contains data for all 21 layers (https://acd-ext.gsfc.nasa.gov/anonft p/toms/
sbuv/AGGREGATED/) was preferred.
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Th e 40-year climatology (1979—2018) of the vertical ozone distribution 
over Faraday/Vernadsky from the SBUV layer ozone column is shown in 
Fig. 7.2. Here, the units shown are Dobson Units, where 1 DU corresponds to 
a gas layer with a thickness of 0.01 mm at standard temperature and pressure 
(0°C, 1013 hPa) or 2.687 × 1020 molecules m−2 (Komhyr and Evans, 2008). Th e 
layer sequence L1 to L16 (0—50 km) is presented. For the full thickness of the 
multiple layers, the range between the bottom (lower layer) and top (upper 
layer) pressure and height is indicated hereinaft er. Maximums of 45 and 41 DU 
in partial column ozone are observed in layers L7 and L8, respectively. Th e 
corresponding heights of 19—25 km are typical for the maximum in the vertical 
ozone profi le observed at the Antarctic stations (Solomon et al., 2005). Th e 
ozone maximum in the sum of L7 and L8 (86 DU, Fig. 7.2) contributes ~30% 
to the total ozone column. Ozone minima are in the lowermost troposphere 
(6—7 DU in L1 and L2, 0—7 km) and the upper stratosphere (1—2 DU in L15 
and L16, 43—50 km).

Th e total ozone time series from the Faraday/Vernadsky Dobson 
spectrophotometer and other data sources were compared in the work (Grytsai 
et al., 2020). It was shown that the data sets from SBUV overpasses, the European 
Centre for Medium-Range Weather Forecasts 5th reanalysis (ERA5), and the 
Modern-Era Retrospective analysis for Research and Applications Version 2 
reanalysis (MERRA2) are all highly correlated with the Dobson spectrophotometer 
data with r = 0.8–0.9. Th e Dobson and SBUV data correlate with r = 0.92. Lower, 
but signifi cant at the 95% confi dence level, is the correlation between Dobson 
and the Coupled Model Intercomparison Project Phase 6 (CMIP6) ozone forcing 
data (r = 0.5—0.7) and CMIP6 overestimates the other data sets by 30—40 DU 
(11—14%). Th e Dobson spectrophotometer and SBUV have identical cli ma-

Fig. 7.2. The 40-year an-
nual mean climatology 
(1979—2018) of the SBUV 
layer ozone column over 
Faraday/Vernadsky. SBUV 
layer numbers 1—16 be-
tween the pressure levels 
1013 and 1 hPa (0—50 km) 
are indicated. Standard 
deviations are shown by 
horizontal bars. From 
(Grytsai et al., 2020)



232

CHAPTER 7. Altitude-dependent ozone response to the 11-year solar cycle

tological means for the 1979—2018 period: 276.9±14.2 DU and 276.7±15.2 DU 
(with ±1 standard deviation), respectively (Grytsai et al., 2020). 

Ball et al. (2019) propose new artifact-corrected ozone composites 
(BASICv2), which best represent the historical upper stratospheric solar varia-
bility, and note that those based on SBUV alone should not be used. Upper 
stratospheric ozone in this analysis makes up only a small part of the ozone 
profi le (Fig. 7.2), and the main conclusions presented here are based on the 
SBUV data in the lower and middle stratospheres.

To characterize solar activity, the information on sunspot numbers from 
SILSO (Sunspot Index and Long-term Solar Observations data, http://www.
sidc.be/silso/) and for F10.7 Solar radio fl ux from Natural Resources Canada, 
Space Weather Canada (https://spaceweather.gc.ca/solarfl ux/sx-5-en.php) was 
used. In both cases, the monthly mean data were analyzed.

Periodicity in both solar indices and layer ozone content is studied using 
the Morlet wavelet transform (Torrence and Compo, 1998). Th is approach 
allows analysis of the non-stationary signal with variable frequencies. Th is is 
signifi cant for both solar cycles of changing duration and less evident variations 
of the ozone content at diff erent altitudes. Th e wavelet transform is realized as:

   1, ,tF s f t
ss
 





   
                                      (7.1)

where τ is the time shift  and s is the scale parameter. Th e Morlet function is used 
as:

   iatt eet   22
 ,                                                (7.2)

where a is equal to 5 or 6, with time t in years in this study. A wavelet transform 
with the real part of this function was also considered. Th e scale parameter is 
connected with period T by the relation (Torrence and Compo, 1998):
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where approximately 
a
sT 2

 . From Equation (7.3), T/s is 1.03 for a = 6 
or 1.23 for a = 5.

To estimate a possible altitudinal, latitudinal, and seasonal dependence of 
periods close to 11 years, the ratio of the wavelet transform intensity in the 
range of 10—12 years (observed historically in the solar cycle (Hathaway, 2015)) 
to its total intensity in the range of periods of 2—33 years was calculated. Th e 
wavelet power spectrum was retrieved using the annual mean data, and time 
scales starting from 2 years were analyzed. Th e geometric progression with the 
common ratio 21/4 was used. As a result, time scales for the periods of 2 years, 
2 × 21/4 years, … were considered. Th e period sequence obtained from Equation 
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(7.3) is approximately 2.1, 2.5, 2.9, 3.5, 4.1, 4.9, 5.8, 6.9, 8.3, 9.8, 11.7, 13.9, 16.5, 
19.7, 23.4, 27.8, and 33.1 years. In the calculation of the wavelet intensity ratio, 
periods of 9.8 and 11.7 years were compared with all the periods listed.

7.3. Results
7.3.1. Solar cycles in sunspot numbers 
and 10.7 cm solar radio flux

As noted in Section 7.1, the main solar activity cycle is characterized by a period 
of nearly 11 years. Th is is established from data on sunspot numbers or solar 
fl ux at the 10.7-cm wavelength (Fig. 7.3). In the minimum of the solar cycle, 
sunspots may be totally absent. Solar cycles have consecutive numbers starting 
at the cycle maximum close to the year 1750 (Hathaway, 2015). Th e maximum of 
the last cycle 24 was weaker than that for a majority of the previously identifi ed 
cycles, and its minimum was reached in 2019—2020 (Fig.  7.3). Specifi cally, 
the cycle 24 maximum was lower than the cycle 20 maximum (the late 1960s), 
which was characterized by the minimal sunspot numbers and 10.7 cm solar 
fl ux from the middle of the 20th century. At the maxima of cycles 18, 19, and 
21—23, sunspot numbers exceeded 200 with the historical peak values above 
300 in the cycle 19 (maximum in 1957, Fig. 7.3).

Th e Morlet wavelet transform clearly identifi es the 11-year solar cycle in 
the data of sunspot numbers (Fig. 7.4), which is almost identical for F10.7 (not 
shown). Th e cycle length varies from 10 to 12 years relative to the 11-year period 
(dashed and solid lines in Fig. 7.4a and dashed horizontal lines in Fig. 7.4c). 

Fig. 7.3. The sunspot numbers (red curve) and the 10.7-cm solar flux (F10.7, blue curve) 
from http://www.sidc.be/silso/ and https://spaceweather.gc.ca/solarflux/sx-5-en.php, 
respectively. The F10.7-index scale (right axis) is in solar flux units (sfu), 1 sfu is equal to 
the spectral flux density of 10–22 W m–2·Hz–1. Modified from (Grytsai et al., 2020)
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Th e lower intensity of cycle 24 seen from Fig. 7.3 is also represented in the 
wavelet transform in Fig. 7.4a, b.

Th e solar cycle signal is statistically signifi cant at the 95% confi dence level 
and covers the period range of 8—16 years in a wavelet power spectrum (inside 
dashed contour in Fig. 7.4b) and has a peak at 10—12 years in the global wavelet 
spectrum (to the right of the dashed curve in Fig. 7.4c).

7.3.2. The 11-year periodicity in ozone variations

First, the solar cycle response in total ozone over Faraday/Vernadsky was 
examined (Fig. 7.5). Th e most intense signal in wavelet amplitude is the 18—22-
year periodicity in both the Dobson spectrophotometer and SBUV data (solid 

Fig. 7.4. The wavelet transform with the 
real part of the Morlet function for the 
sunspot number time series in 1947—2018; 
red (blue) shows the location of the maxima 
(minima) of the solar cycle signal in the 
coordinates ‘year–period’; solid line marks 
a period of 11 years, and a dashed curve is 
drawn through the peak intensities of the 
wavelet transform (a). The power spectrum 
of the wavelet transform shown in (a); the 
cone of influence enclosed by a solid curve 
(with the outer area shown in a lighter 
shade) indicates where the boundary effects 
do not significantly affect the spectrum (b). 
c — Global wavelet spectrum for (b); dashed 
horizontal lines mark the peak power in the 
spectrum between the periods of 10 and 
12 years. The contour in (b) and dashed 
curve in (c) show the 95% confidence level 
with the red-noise background spectrum 
calculated for a lag-1 autocorrelation of 
r = 0.7. Wavelet transform with the mother 
wavelet   tit eet   is used. Note the 
difference in scale for periods in (b) and 
(c) from (a). Modified from (Grytsai et al., 
2020)
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lines in Fig. 7.5a, d, respectively). A very weak signal is near the 11-year period 
(dotted curves), but it is in a range of 10—11 years that closely corresponds 
to the solar cycle. Th ere is a close similarity of the decadal oscillations in the 
Dobson and SBUV total ozone along with a general correspondence between 
the maxima and minima in the 11-year solar cycle (red curve at the bottom of 
Fig. 7.5a, d) and in total ozone (red and blue circles, respectively). Th e total 
ozone diff erence is about 8 DU between the solar maximum and minimum 
during the 21st–23rd solar cycles (sunspot maxima near 1980, 1990, and 2000, 

Fig. 7.5. As in Fig. 7.4, but for total ozone over Faraday/Vernadsky in 1979—2018 from 
(a—c) Dobson spectrophotometer measurements and (d—f) SBUV data. The red curve 
at the bottom in (a) and (d) is the smoothed time series of the sunspot number from 
Fig. 7.3 (red curve). b, e are plots of a logarithm of the power with base 2. a, d deviations 
from mean. Modified from (Grytsai et al., 2020)
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Fig. 7.3). Th is change is about 2.9% of the long-term mean level of 277 DU 
(Section 7.2). At the 20—22-year periods, the phase of total ozone oscillation 
lags the 21st and 23rd solar cycles (near 1980 and 2000, see Fig. 7.3) by a few 
years. However, wavelet power spectra do not reveal signifi cant signals at either 
11-year or quasi-22-year periods (Fig. 7.5b, e). An episodic appearance of quasi-
biennial periods signifi cant at the 95% confi dence level is seen around 1990. 
Th e global wavelet for the entire time series 1979—2018 in Fig. 7.5c, f does not 
show any signifi cant periods.

Second, the results of the wavelet amplitude analysis in the SBUV layer 
ozone over Faraday/Vernadsky are presented. As seen in Fig. 7.6, the large-
amplitude periodicity close to 11 years (dotted curves) is only observed in the 
lower (L8, 22—25 km; Fig. 7.6c) and middle (L9 and L10, 25–31 km; Fig. 7.6d, 

Fig. 7.6. As in Fig. 7.5a, d, but for SBUV layer ozone over Faraday/Vernadsky at (a) 
0—3 km altitudes (L1) and (b—f) 19—34 km (L7—L11; see Fig. 7.2 for the layer altitudes 
in the vertical ozone profile). Modified from (Grytsai et al., 2020).
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e) stratosphere. Th ese layers correspond to the upper part of the vertical ozone 
profi le above its maximum (Fig. 7.2) and contain 33% of the total ozone 
column. Note that the wavelet peaks in Fig. 7.6c—e (red and blue circles) show 
somewhat shorter periods of 8—10 years than in the real solar cycles (red curve 
at the bottom of each plot). Because of the diff erence in periodicity, the ozone 
response shift s in phase with respect to the solar cycle (compare time shift  of 
red–blue circles at the peak wavelet amplitude in ozone relative to the maxima 
and minima of solar cycle on red curves). Because of this phase shift , the ozone 
cycle lags (leads) the solar cycle in the fi rst half (at the end) of the time series 
(Fig. 7.6c—e). Th e most coincident in time are the maxima in the ozone and 
sunspot number of the 23rd solar cycle (near 2000).

Fig. 7.7. Periodicity in ozone variations over Faraday/Vernadsky from wavelet power 
spectra for the same layers L1 and L7—L11 as in Fig. 7.6. From SBUV layer ozone data 
over Faraday/Vernadsky at (a) 0—3 km altitudes (L1) and (b—f) 19—34 km (L7—L11; 
see Fig. 7.2). Dashed contours show a 95% confidence level with lag-1 autocorrelation of 
r–1 = 0.7. Modified from (Grytsai et al., 2020)
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Th ere is a fairly strong signal in the 18–22-year periods in the troposphere 
(~0—3 km, L1) and in the lower stratosphere (19—25 km, L7 and L8), marked 
by solid lines in Fig. 7.6a—c. Th is signal appears to be associated with the 22-
year Hale (magnetic) cycle (Lean and Rind, 1998; Hathaway, 2015). Wavelet 
transforms for the intermediate L2—L6 in the troposphere-lowermost 
stratosphere at altitudes of ~3—19 km demonstrate behavior similar to that for 
L1 in Fig. 7.6a (not shown). Th e quasi-22-year solar cycle signal rapidly weakens 
with height and disappears above 25 km (at L9 and higher, Fig. 7.6d—f).

Th ird, Fig. 7.7 demonstrates periodicity in the wavelet power spectra for the 
ozone over Faraday/Vernadsky in the same layers L1 (0—3 km) and L7—L11 
(19—34 km), as in Fig. 7.6. Th e 95% signifi cance level calculated supposing lag-1 
autocorrelation as r–1 = 0.7 is shown by dashed contours. Th e cone of in fl uence 
is enclosed by a solid curve and the outer area is shown in a lighter shade.

In correspondence with Fig. 7.6c—e, the most intense periods close to 
11 years are in the lower and middle stratosphere in the layers 8—10 (22—31 km), 
and they are statistically signifi cant at the 95% confi dence level (Fig. 7.7c—e). 
Considering the results of Fig. 7.6, ozone at 22—31 km over Faraday/Vernadsky 
increases near the solar cycle maximum, although with some phase shift  noted 
above. Detrended time series for L8 and L9 (Fig. 7.6c, d) with a bandpass fi lter 
in the period range of 10—12 years give about a 5% increase in layer ozone 
between solar minimum and maximum.

Th e large-amplitude periods of 20—22 years do not reach statistical 
signifi cance in the wavelet power spectra not only at the 95% level (Fig. 7.7a, b) 
but also at the 90% level (not shown). Note that the statistically signifi cant periods 
of 2—4 years appear occasionally in the wavelet power spectra in diff erent layers.

In the troposphere (Figs. 7.6a and 7.7a) and upper stratosphere at 34—50 km 
(L12—L16, not shown), the 11-year signal is not detected. In general, the presence 
of the 11-year solar cycle in ozone over Faraday/Vernadsky is reliably established 
in the lower and middle stratosphere at 22—31 km (L8—L10, Fig. 7.7c—e).

7.3.3. Zonal mean response

Th e dependence of the solar cycle–ozone response on the altitude, latitude, and 
month is examined (Fig. 7.8). Th is part of the analysis was carried out using the 
5-degree zonal means of the SBUV ozone profi le. Th e presence of periods close 
to 11 years was estimated as a relative part of the wavelet transform intensity 
contributed by the periods of 10—12 years into the intensity of the entire range of 
periods of 2—33 years (see Sections 7.2 and 7.3.1). Namely, the discrete wavelet 
transform was carried out by taking the ratio of the intensity sum for periods of 
9.8 and 11.7 years to the sum of all periods from 2.1 to 33.1 years (see their list in 
Section 7.2). Th e statistical signifi cance was calculated separately for every period 
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value from the global wavelet analogously to Fig. 7.4c. Th is calculation does not 
show a one-to-one correspondence between the signifi cance and magnitude 
of the ratio. Th erefore, parts of the plots with a low ratio can sometimes be 
signifi cant, such as, for example, for L10 near 10°N in August (Fig. 7.8c).

Note that the zonal mean SBUV data have latitudinal limitations in the lower 
layers: L9 (25—28 km) and the sum of the L1—L8 (0—25 km) layers are defi ned 
poleward of 20° only and the sum of L1—L9 (0—28 km) is defi ned equatorward 
of 20° only (https://acd-ext.gsfc.nasa.gov/Data_services/merged/). Fig. 7.8a 
combines the data of the 0—25 km layer poleward of 20° and the 0—28 km 
layer, equatorward of 20°, as indicated by the signed arrows. Besides, the high 
SH latitudes in austral winter are not presented in the SBUV data.

Fig. 7.8. The ratio of the intensity of the wavelet transform with periods of 10—12 years 
to the intensity of periods of 2—33 years in (a) L1—L8 poleward of 20° latitude and 
L1—L9 equatorward of 20° latitude marked by dashed lines and signed arrows, (b) L9 
poleward of 20° latitude, (c) L10, (d) L11—L12, (e) L13–L15, and (f) L16–L21. Contours 
show a 95% confidence level. Note the different color scale in Fig. 7.8f due to lower ratios. 
Modified from (Grytsai et al., 2020)



240

CHAPTER 7. Altitude-dependent ozone response to the 11-year solar cycle

It is seen from Fig. 7.8a that (i) the maximum contribution of solar cycle 
in L1—L9 is concentrated in the tropical latitudes 20°S–20°N and (ii) seasonal 
change shows an insignifi cant contribution in January–March. No noticeable 
manifestations of the solar cycle in Fig. 7.8a are visible poleward of 20°S and 
20°N, where L1—L8 (0—25 km) layers are presented. Th is indicates that at 
the altitudes 0—25 km, which cover the troposphere and include the lower-
stratospheric ozone maximum at 16—25 km (L6–L8, Fig. 7.2), the solar activity-
ozone response is limited to the tropics.

Th e layers L9 and L10 (25—31 km) are the lowest in which solar cycle signal 
appears in the extratropics, but it prevails in the SH (Fig. 7.8b, c). At the same 
time, the 11-year solar cycle signal in the tropics almost disappears at L10 (28—
31 km, Fig. 7.8c) and intensifi es again above (Fig. 7.8d—f). Th is weakening of 
the solar signal in the tropical L10 is consistent with the known double-peak 
structure of the 11-year solar cycle response in the tropical stratosphere ozone 
discussed in Section 7.4.

In addition to vertical irregularity, there is a latitudinal inhomogeneity in 
the appearance of solar cycle in the ozone data. Hemispheric asymmetry of the 
solar activity-ozone response in the middle and upper stratosphere is apparent 
(Fig. 7.8b—f). It is also seen that the seasonal maximum of the response varies 
in latitude. Th is includes the extended austral autumn-winter maximum (April-
August) in the SH subtropics around 30°S and two maximums (austral autumn, 
March-April, and spring, September-October) shift ed to the middle—high SH 
latitudes (Figs. 7.8b, c).

Hemispheric asymmetry also exists in the relative intensity of the solar cycle 
at 31—37 km (L11—12) altitudes (Fig. 7.8d). Th e 11-year period appears mainly 
in the equatorial stratosphere from June to October and in the SH extratropics 
in April–July. Th e intensity ratio in the NH poleward 20°N does not show a 
notable signal in the solar cycle periods. Th e layers L13—L15 (37—47 km) and 
L16—L21 (above 47 km), which are adjacent to the stratopause from below and 
above (Fig. 7.6e, f, respectively), show a relatively weak and rather strong solar 
activity signal, respectively. In L16—L21 (Fig. 7.8f), the solar cycle is seen in the 
tropics and extratropics and covers the polar regions in the summer months in 
both Arctic and Antarctica. It is only in these layers that the solar cycle becomes 
noticeable in the summer months. However, these layers have a relatively weak 
eff ect on the total ozone variations compared to the lower layers.

7.4. Discussion

Global ozone increases w  ith solar activity due to the greater incoming UV 
radiation (Khrgian et al., 1969; Angell, 1989; Efstathiou and Varotsos, 2013; 
Arsenovic et al., 2018; Braesicke et al., 2018). Local observations at Faraday/
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Vernadsky show that total ozone increases by about 8 DU between the solar 
minimum and maximum, or about 2.9% of the long-term mean (Subsection 
7.3.2), which is close to the global estimate of about 3% (Angell, 1989; 
Efstathiou and Varotsos, 2013). Despite the qualitative consistency of the phase 
of the 11-year periodicity in solar activity and local total ozone as well as close 
correspondence of the quantitative amplitude estimate to the global data, the 
wavelet power spectra do not indicate a statistical signifi cance of the 11-year 
period in total ozone over Faraday/Vernadsky (Figs. 7.5b and 7.7e).

Th e results show that this local response is signifi cant only in the lower 
and middle stratosphere (L8—L10, 22—31 km; Fig. 7.7c—e). Th e strongest 
response appears to be in the lower stratosphere at L8 and L9 (22—28 km; 
Fig. 7.7c, d), just above the climatological maximum in the vertical ozone profi le 
at L7 (19—22 km, Fig. 7.2). A weak solar signal in total ozone over Faraday/
Vernadsky (Figs. 7.5a, d) is, thus, contributed by ozone changes in the lower-
middle stratosphere. We also emphasize additionally that the shorter periods 
in stratospheric ozone relative to the sunspot cycle and its related phase shift  
(Fig. 7.6b—e) were also noted by Angell (1989) from Umkehr ozone profi les 
observed at the Arosa station. 

Although the solar cycle ozone response in L8 and L9 maximizes at 
somewhat shorter periods, 10—12-year solar periods contribute about a 5% 
increase in ozone during the solar cycle (Subsection 7.3.2, Fig. 7.6c,  d). Th is 
is several times higher than 1—2% for the tropical stratosphere (Calisesi and 
Matthes, 2006; Maycock et al., 2016; Dhomse et al., 2016).

Th e maximum response in the lower stratosphere over Vernadsky is evidence 
of dynamical factors contributing to the ozone variations in response to solar 
activity change. A solar-induced weakening of the Brewer-Dobson circulation 
near the solar cycle maximum is more signifi cant for the tropical stratosphere 
with related ozone increase (Kodera and Kuroda, 2002; Hood and Soukharev, 
2012; Bednarz et al., 2019). Th e wave-mean fl ow interaction modulated by solar 
activity leads to (i) an increase in the zonal wind in the subtropical stratopause 
in autumn, (ii) a gradual shift  of the westerly jet toward the pole in winter, 
(iii) a stronger polar vortex, and (iv) a weakened high-latitude downwelling 
from the upper stratosphere into the lower stratosphere in winter (Kodera 
and Kuroda, 2002). Th is means that the weakening of the Brewer-Dobson 
circulation near the solar cycle maximum is accompanied by an increase in 
ozone over the tropics (positive response) due to a weaker ozone outfl ow and 
a decrease in ozone in the extratropics (negative response) due to a weaker 
transport and, as a consequence, a weaker ozone accumulation in the lower 
stratosphere. It should be emphasized that this chain of processes was described 
by Kodera and Kuroda (2002) as occurring between autumn (tropics) and 
winter (high latitudes).
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However, the maximum response in the lower-middle stratosphere of the 
high SH latitudes, fi rstly, is opposite (positive) with an increase in ozone, when 
solar activity increases (Figs. 7.6 and 7.7) and, secondly, is achieved in autumn 
(March-April; L9 and L10 in Fig. 7.8b, c). In this case, dynamically induced 
anomaly propagation may play a role (Grytsai et al., 2020), but the mechanism 
requires further study regarding spatial and seasonal evolution proposed in 
(Kodera and Kuroda, 2002).

As distinct from the previous studies, an alternative technique in the 
estimates of the solar activity-ozone response on the global scale was used in 
this work. Th e ratio of the quasi-11-year period intensity in the wavelet power 
spectra to the intensity in the period range of 2—33 years was calculated. Using 
monthly gridded and layered SBUV data, altitude-latitude-month variations 
in solar signal were diff erentiated (Fig. 7.8). Generally, four spatiotemporal 
anomalies in the solar cycle appearance in ozone were found. Th e strongest 
solar activity-ozone responses are in:

(i) Lower SBUV layers L1—L9 in the tropics (0—28 km, Fig. 7.8a);
(ii) Lower-middle stratosphere in the SH extratropics, L9—L10 (25–31 km, 

Fig. 7.8b, c);
(iii) Middle-upper stratosphere in the tropics, L11—L15 (31—47 km, 

Fig. 7.8d, e), and
(iv) Stratopause-lower mesosphere region, mostly in the SH, L16—L21, 

(47—64 km, Fig. 7.8f).
Th e strong solar signal concentrated in the tropics in L1—L9 (0—28 km; 

Fig. 7.8a) is obviously related to the lower stratosphere since the tropospheric 
ozone amount (below the tropical tropopause, ~16 km) is small compared 
with the ozone amount at and around the stratospheric ozone maximum. As 
noted above, the tropical lower-stratospheric response is produced mainly by a 
solar-induced weakening of the Brewer-Dobson circulation near the solar cycle 
maximum (Kodera and Kuroda, 2002; Hood and Soukharev, 2012; Bednarz et 
al., 2019).

Th e tropical ozone response forms the second maximum in the middle 
stratosphere in L11—L12 (31—37 km, Fig. 7.8d). It is separated from the lower-
stratospheric response maximum by the response minimum in L10 (28—
31 km, Fig. 7.8c). Th e altitudes of both the minimum and the two maxima in the 
tropical stratospheric ozone response to the solar cycle are generally consistent 
with the recent studies that used the CMIP6 ozone database (Maycock et al., 
2018) and artifact-corrected ozone composites (Ball et al., 2019).

Outside the tropics, the most notable feature takes place in the lower and 
middle stratosphere with the displacement of the solar cycle signal to the SH 
extratropics leading to the clear hemispheric asymmetry in L9—L10 (25—31 km, 
Figs. 7.8b, c). Hemispheric asymmetry in the solar activity-ozone response was 
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noted earlier (Hood, 1997; Soukharev and Hood, 2006; Tourpali et al., 2007). In 
Fig. 7.8b, c, the maximum solar signal in high SH latitudes appears in autumn 
and (weaker and statistically insignifi cant) spring. Similar asymmetry toward 
the SH stratosphere during austral autumn, winter, and spring also exists in the 
CMIP6 ozone database (Maycock et al., 2018). 

Th e hemispheric asymmetry in the solar activity-ozone response is also 
observed in the mesosphere (Fig. 7.8f). In the Polar Regions, the maximum 
responses are observed in the austral summer, which indicates a radiative 
mechanism of the enhanced impact of the 11-year periodicity on the 
mesospheric ozone. Th e solar signal also dominates in the SH tropics and 
subtropics (Fig.  7.8f); however, it maximizes in the cold seasons (austral 
autumn and winter, April-August). Th is implies possible solar modulation of 
an upwelling branch of the BDC and its hemispheric asymmetry. Th ere are 
indications of a similar hemispheric asymmetry in the mesospheric ozone 
response to the solar cycle seen from the satellite data (Beig et al., 2012; 
Tang et al., 2018; Lee and Wu, 2020), and they are reviewed in more detail in 
(Grytsai et al., 2020).

Th e most noticeable appearance of the quasi-11-year periodicity noted 
from Fig. 7.8 is illustrated in Fig. 7.9 using a wavelet amplitude representation 
in the year–period coordinates. Similar to the wavelets for Faraday/Vernadsky 
(Fig. 7.5a, d), the periodicity in zonal mean ozone is not as stable as in the 

Fig. 7.9. The most prominent quasi-11-year periods in the zonal mean SBUV data at 
latitudes (a) 5—10°S, L1—9 and (b) 35—40°S, L10, in September; (c) 40—45° S, L10 in 
April and (d) 75—80°S, L16—21 in January. Modified from (Grytsai et al., 2020)
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11-year solar cycle. Th e periods closest to 11 years (10—12 years) were revealed 
in the lowest layers L1—L9 in September (0—28 km, Fig. 7.9a) and in the highest 
layers L16—L21 in January (47—64 km, Fig. 7.9d) in the southern tropics and 
high latitudes, respectively. Th e amplitude of the solar cycle-ozone response 
sharply decreases with altitude (compare the color scale ranges in Fig. 7.9a—d).

In the middle stratosphere of the middle southern latitudes, the periods 
are systematically shorter (9—10 years, Fig. 7.9b, c). As noted above in the case 
of Faraday/Vernadsky in the Antarctic Peninsula region (Fig. 7.5), the shorter 
mean periods lead to a phase shift  of the ozone response relative to solar acti-
vity change.

As shown in (Grytsai et al., 2020), the CMIP6 model data do not display a 
statistically signifi cant signal near the 11-year period in the layers L8, L9, and 
L10 over Faraday/Vernadsky, in which the SBUV data show a solar activity-
ozone response at the 95% confi dence level (Fig. 7.7). Possibly, this is due to the 
weaker solar signal in the model, since the wavelet amplitude in the CMIP6 layer 
ozone is a few times lower (Grytsai et al., 2020) than that in SBUV (Fig. 7.6).

7.5. Summary

Th e ozone content in the terrestrial atmosphere is dependent on the inter-
actions among radiation, chemistry, and dynamics, including ozone molecule 
production under solar ultraviolet radiation, ozone catalytic destruction un-
der the infl uence of chlorine and bromine, and variability due to large-scale 
atmospheric wave propagation and Brewer-Dobson circulation. Dependence 
on solar ultraviolet radiation means that solar activity change can result in an 
ozone amount change. As described above, manifestations of the 11-year solar 
cycle were earlier identifi ed in global ozone, in the lower and upper tropical 
stratosphere as well as in the mesosphere.

Th is chapter describes the analysis of the solar signal in the vertical ozone 
distribution with an emphasis on the high latitudes of the SH. Th e analysis was 
based on the satellite SBUV instrument observations. In total ozone, the satellite 
and ground-based data for the Faraday/Vernadsky station (Great Britain/
Ukraine before/aft er 1996) located in the Antarctic Peninsula region are very 
close. Th e SBUV (V8.6) MOD overpass data and Dobson spectrophotometer 
data in 1979—2018 agree well, as can be seen from (i) the same climatological 
annual TOC means (276.7  ±  15.2 and 276.9  ±  14.2 DU, respectively; ±1), 
(ii) high correlation with r = 0.92, and (iii) close long-term trends (Grytsai et 
al., 2020). Th is gave reason to consider the vertical profi les of ozone also reliably 
represented in the SBUV data.

Th e analysis shows that the solar cycle in total ozone over Faraday/Vernads-
ky is statistically insignifi cant in the wavelet power spectrum (Fig. 7.5b,  e). 
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Nevertheless, as seen from the wavelet amplitude analysis, the quasi-11-year 
periodicity in total ozone shows qualitative consistency in phase with the solar 
cycle and is in close correspondence with the mean relative amplitude (2.9%) 
to the global data. In the SBUV layer ozone, local response to the solar cycle 
is statistically signifi cant in the lower and middle stratosphere only (L8—L10, 
22—31 km; Fig. 7.7c—e). Th e strongest positive solar activity-ozone response is 
observed in the lower stratosphere at L8 and L9 (22—28 km; 5% of layer ozone 
means), just above the climatological maximum in the vertical ozone profi le 
(Fig. 7.2). Th e latitude–month distributions show that this altitude-limited 
ozone response to the solar cycle maximizes in autumn (Fig. 7.8b, c).

Ozone in L8—L10 over Faraday/Vernadsky varies nearly in phase with the 
solar cycle (Fig. 7.6c—e) and dynamically induced anomaly propagation may 
play a role (Grytsai et al., 2020), but the mechanism proposed in (Kodera and 
Kuroda, 2002) requires further study regarding spatial and seasonal evolution 
of the solar ozone response. Th e altitudinal, latitudinal, regional, and seasonal 
dependences in dynamical, chemical, and radiative eff ects in the solar cycle–
ozone response should be clarifi ed using experimental data and simulations.

In the zonal means, the SBUV ozone profi les show that the solar activity-
ozone response signifi cantly depends on the latitude, altitude, and season 
(Fig. 7.8), in agreement with many previous studies. Th e estimates of the solar 
signal in this work were made by calculating the ratio of the wavelet spectral 
power in the 10—12-year period range to the power in the studied period 
range of 2—33 years. Th is analysis method diff ers from those used in other 
studies, where the relative change in the atmospheric parameters between the 
solar minimum and maximum was estimated. Th e results indicate signifi cant 
spatiotemporal anomalies in the manifestations of the solar cycle.

Th e strong solar activity-ozone response exists in the tropics in the lower 
SBUV layers L1—L9 (0—28 km, Fig. 7.8a). It relates mainly to the lower tropical 
stratosphere, where there is a maximum in the vertical distribution of ozone. 
Th e second maximum in the solar signal locates in the middle-upper tropical 
stratosphere in L11—L15 (31—47 km, Fig. 7.8d, e). Th ese altitudinal locations 
of the two maximum ozone responses in the tropical stratosphere agree with 
the artifact-corrected ozone composites of Ball et al. (2019) and recent analyses 
using the CMIP6 ozone database (Maycock et al., 2018), although a signifi cant 
solar cycle response in the CMIP6 ozone data over Faraday/Vernadsky is 
absent (Grytsai et al., 2020). It is assumed that the mechanism of solar-induced 
weakening of the Brewer-Dobson circulation near the solar cycle maximum is 
important for the tropical stratosphere ozone (Kodera and Kuroda, 2002; Hood 
and Soukharev, 2012; Bednarz et al., 2019).

Th e stronger infl uence of the 11-year solar cycle on the atmosphere in the 
SH relative to the NH exists. Th e lower-middle stratosphere at L9 and L10 
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(25—31 km, Fig. 7.8b,  c) is characterized by strong hemispheric asymmetry 
with maximum (minimum) solar signal in the SH extratropics (in the tropics 
and the NH extratropics). On the whole, similar asymmetry toward the SH 
stratosphere during austral autumn, winter, and spring also exists in the CMIP6 
ozone database (Maycock et al., 2018).

Th e third maximum in the solar activity-ozone response in the tropics is 
in the stratopause-lower mesosphere region, L16—L21 (47—64 km, Fig. 7.8f), 
and it extends latitudinally mostly to the SH. Hemispheric asymmetry in the 
mesospheric ozone and its response to the solar cycle was noted in other works 
(Beig et al., 2012; Tang et al., 2018; Lee and Wu, 2020), although possible 
mechanisms need further clarifi cation.
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Узагальнено результати проведених за останні 25 років досліджень динаміки озоно-
вого шару під впливом планетарних хвиль. Описано наземні і супутникові озономе-
тричні інструменти і результати зіставлення спостережень загального вмісту озону в 
Україні та в Антарктиці; характеристики планетарних хвиль і їхній вплив на озоновий 
шар, зокрема, на зональну асиметрію озону над Антарктикою та її довготривалі зміни; 
віддалений вплив тропічних температурних аномалій на антарктичну стратосферу; 
методику сезонного прогнозування аномального зменшення площі озонової діри на-
весні за індикаторами зимових передумов; висотну залежність відгуку озону на 11-річ-
ний цикл сонячної активності.

Для широкого кола фахівців з фізики атмосфери та астрономії, викладачів, сту-
дентів і аспірантів.
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